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1.1 General introduction 

Groundwater is among the vital human resources constituting a major part of the planet's freshwa-

ter (Nriagu, 2019). Opposite to the surface water present in the rivers, lakes, and oceans, the groundwater 

(as the name also indicates) is present in the void spaces in the rocks beneath the ground. The aquifer is an 

underground geological structure storing groundwater and allowing its transmission through void spaces or 

fractures of the rocks constituting the aquifers. The aquifer may be bounded by impervious or semi-imper-

meable layers called aquitards, which have less or no ability to transmit water. The aquifers generally fall into 

three categories: (i) unconfined, (ii) semi-confined, and (iii) confined aquifers. In unconfined aquifers, no aq-

uitard is present to isolate or protect the aquifer from above, and it is bounded (upper boundary) by water 

level. Recharge is easier in the unconfined aquifers, which are nevertheless less protected from pollution. 

Confined aquifers are in general bounded between two aquitards with water pressure being greater than 

atmospheric pressure in all places so that water level is higher than the roof of the aquifer. Drilling a borehole 

in a confined aquifer may result in naturally flowing water (artesian flow) if the groundwater pressure is high 

enough to reach the surface. Semi-confined aquifers (leaky aquifers) are overlain or underlain by a semi-

pervious layer, through which flow into or out of the aquifer can take place. 

 

Figure 1-1: A schematic of a confined and unconfined aquifer. 

The aquifers are characterized by specific properties that define the aquifer's ability to store 

groundwater (porosity) and transmit (permeability) it through the rocks' voids and fractures. The porosity is 

an intrinsic property of the rock, which describes the amount of empty space between grains to host water. 

The permeability defines how easily water can flow through the rocks in the aquifer (porous media). How-

ever, it is not the only parameter controlling the flow, and other parameters such as density, viscosity also 

play a role in the flow. All of these parameters are lumped into one parameter called hydraulic conductivity. 

In fact, permeability is only the porous media's property, while hydraulic conductivity also accounts for other 

parameters related to the fluid (viscosity and density of water) contributing to the flow. Darcy law explains 

the groundwater flow in the steady-state condition: 
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q= -K
dh

dl
, 

Equation 1:1 – Darcy equation 

where, K is the hydraulic conductivity (L/T), 
dh

dl
 is the hydraulic head gradient, and q is specific discharge (L/T). 

The permeability and hydraulic conductivity terms are related to each by Equation 1:2 given as following: 

K= -k
ρg

μ
, 

Equation 1:2 – Relationship between intrinsic permeability and hydraulic conductivity 

where k (L2) is the intrinsic permeability, ρ (ML-3) and μ (ML-1T-1) are water density and viscosity, respectively. 

g (L2/T) also stands for gravitational acceleration. It is also worth pointing out that porosity plays no role 

during the steady-state flow as we do not find the porosity in the Darcy equation. However, during the tran-

sient state, not only the hydraulic conductivity but also storativity, which depends on porosity, aquifer thick-

ness, and compressibility of fluids and solids, influence the flow. Storativity is a dimensionless measure of 

the volume of water that would be discharged from an aquifer per unit area of the aquifer and per unit 

reduction in hydraulic head. 

1.1.1 Subsurface heterogeneity  

Knowledge of aquifer hydraulic properties is of great importance for the management, optimiza-

tion, and protection of groundwater resources. Due to the complex natural and geological processes that 

lead to forming the reservoirs and aquifers, the values and distribution of the hydraulic properties are mostly 

not the same and constant across the aquifer, i.e., the aquifers in general are not homogenous and are said 

to be heterogeneous. The aquifer heterogeneities firmly control the flow pattern (Freeze and Witherspoon, 

1967), contaminant, solute transport (Bellin et al., 1992; Dagan, 1984; Fiori and Jankovic, 2012; Gelhar and 

Axness, 1983), mixing, and reactions (Dagan, 1987; Dentz et al., 2011; Gelhar and Gelhar, 1993; De Vriendt 

et al., 2020) as well as heat transport and storage (Sommer et al., 2013). The heterogeneity effect is particu-

larly well pronounced in fractured media as the flow is localized in more or less connected fractures (Davy et 

al.,2006). It is worth noting that, in addition to heterogeneity, hydraulic properties might also be different in 

various directions, which is called anisotropy. As an example, hydraulic conductivity in the horizontal and 

vertical directions might be of different values. Figure 1-2 shows a heterogeneous distribution of the perme-

ability in the SPE 10 comparative model (SPE 10 is a standard model provided by the Society of Petroleum 

Engineers (SPE) to assess and compare the different up gridding and upscaling approaches through a million-

cell geological model). 

 

Figure 1-2: Heterogeneous permeability distribution in SPE 10 comparative model. The red color represents the high permeability 
region while the blue colors show the low permeability region 
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Even though the heterogeneity and its role are appreciated, seldom sufficient data are available to explicitly 

represent the geological heterogeneity data in groundwater models (De Marsily et al., 2005; Koltermann and 

Gorelick, 1996). Since long ago, there have been many approaches for dealing with heterogeneity. The earli-

est work would be attributed to the Dupuit (1857), who consciously or unconsciously applied the Darcy law 

to a natural medium by intuitively considering the media as a homogenous media (De Marsily et al., 2005). 

However, the most pronounced and pioneer work allowing accounting and estimation of the heterogeneity 

belongs to Theis (1935). He introduced a new well testing approach and the solution to the transient flow of 

the water in non-leaky confined aquifers that averages the hydraulic properties over the radius of investiga-

tion. In this approach, the heterogeneity is taken into account by an equivalent homogenous model. These 

equivalent homogenous models would help hydrogeologists develop well fields, adapt the exploitation to 

the resource, and solve local engineering problems (De Marsily et al., 2005). 

The introduction of the numerical models empowered the hydrogeologist to move one step for-

ward toward heterogeneity characterization. It led to considering the aquifer properties variable in the space 

and adapting to the model to the aquifers' geometry and boundary conditions. Considering several pumping 

tests, the initial approach was to allocate the average permeability obtained by the well-test to the grid where 

the borehole was located. The grids between boreholes were then interpolated from the adjacent wells, 

done through zoning, polynomial trending fit, and hand countering (De Marsily et al., 2005). This approach 

was one step forward to represent the heterogeneity compared to equivalent homogenous models but still 

insufficient for some applications such as enhanced oil recovery (water cut prediction) in oil and gas reser-

voirs and groundwater contamination transport models in the aquifers. The reason is simply that the water 

movement in the reservoirs during the enhanced oil recovery operation and the movement of contaminants 

are susceptible to the high permeability and low permeability regions and their distribution as they control 

the flow pattern. These flow patterns cannot be well explained by the averaged values obtained using the 

methods mentioned earlier. These limitations provoked more advanced studies following the introduction 

of sequential stratigraphy comprising advanced geological analysis of depositional environments, combined 

geophysics, and well logging to learn how to describe and represent them. It was a basis for developing other 

advanced approaches such as geostatistics (De Marsily et al., 2005). The geostatistics was developed for min-

ing estimations by Matheron (1965) and was applied in hydrogeology by Delhomme (1979). The geostatistics 

and the spatial covariance definition imply that heterogeneity follows a structure obtained through the geo-

statistical analysis (experimental variogram). The variogram is a model that defines the spatial dependence 

of the variables and consists of two main elements, the range, which is the average size of heterogeneous 

bodies, and the sill that is the measure of the magnitude of the change in values of the property form one 

heterogeneous body to another. Geostatistical tools such as Kriging, provide an optimal method to estimate 

the properties compared to previously mentioned approaches (zoning, arbitrary interpolation, etc.) and not 

necessarily the best (De Marsily et al., 2005). Geostatistics has revolutionized dealing with heterogeneity and 

make better use of the data. However, geostatistics traditionally provides a continuous representation of the 

properties field, and it could not represent the abrupt changes in the properties such as facies and disconti-

nuities. Novel geostatistical methods such as multiple statistics (MPS) provide an opportunity to capture and 

present such complex heterogeneity. The other approach would be based on the inversion tomographies in 

which the aquifer system's response and prior knowledge of the aquifer (could be the geostatistical infor-

mation) are used to map the heterogeneity of the subsurface media. This approach, which is used in this 

thesis, is more detailed in the following subsection. 
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Although the real heterogeneity is more complicated to be presented by any model, generated heterogene-

ous models are closer to unattainable reality. It should be noted that heterogeneity should be dealt (De Mar-

sily et al., 2005) and not to be ignored. Before dealing with heterogeneity, one would ask whether the het-

erogeneity matters and if it has a considerable impact on the application of the interest. For instance, it may 

be possible to use equivalent homogenous models of the aquifer for flow-related applications such as re-

gional aquifer management, optimization of borehole discharges, and a large scale view of the heterogeneity 

would be sufficient. In contrast, the transport problems need to deal with heterogeneity in an appropriate 

scale as it dictates flow pattern and transport of contaminant, etc. 

1.1.2 Tools and techniques for the subsurface characterization 

There have been years-long efforts characterizing the aquifer using two main techniques, geophys-

ical and hydraulic methods. Geophysical methods consist of non-invasive or minimally invasive approaches 

such as Seismic, Electrical Resistivity, Electro Magnetic, which measure wave velocity, and wave attenuation 

sent to the ground, electrical properties, and electromagnetic properties of the aquifer. The self-potential 

(SP) which is based on the measurement of natural occurrence of electrical field on the Earth’s surface is also 

a passive geophysical approach. Traditionally, geophysical methods were applied to identify the subsurface 

structures, delineate aquifer boundaries, mapping fault zone, and water-saturated zones (Vanderborght et 

al., 2005). However, in recent years, much effort has been devoted to deriving the aquifer hydraulic proper-

ties (hydraulic conductivity, porosity, dispersivity) using the continuous measurement of geophysical prop-

erties. This area of research is called hydro-geophysics. Geophysical methods can measure spatially distrib-

uted of properties in the region where conventional hydrological wellbore methods fail to do sampling (Linde, 

2005). In fact, hydro-geophysical methods can be utilized for three purposes: (i) hydrological mapping of 

subsurface architecture, (ii) estimation of subsurface properties, and (iii) monitoring of subsurface processes. 

The seismic methods are based on analyzing the velocity and attenuation of propagating elastic 

waves generated by a seismic source (weight drops, hammer, explosive, air gun, thumper truck, electromag-

netic pulse energy source, piezoelectric transducers, etc.). Seismic velocities depend on the subsurface prop-

erties such as porosity, grain texture, and their state variable (water saturation, etc.). The two main types of 

waves considered are primary (P-waves) and shear waves (S-waves). The P-waves are the fast compressional 

waves that pull or push the material in their moving direction. They are the first waves that arrive at seismic 

stations and can move through solids and fluids. The propagation velocity is dependent on bulk and shear 

moduli of a medium: 

v𝑝=
√

B +
4
3G

ρb
 , 

Equation 1:3 – Relationship P-wave, bulk, shear moduli and bulk density 

where B(MT−2L−1), G (MT−2L−1) and ρb (ML-3) are bulk, shear moduli, and bulk density, respectively. The 

bulk moduli is a measure of how resistant the substance is to compression. The shear moduli define the 

deformation due to a force applied parallel to the solid surface. On the other hand, S-waves do not depend 

on bulk moduli but the shear moduli. 

vs=√
G

ρb
 , 
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Equation 1:4 – Relationship S-wave, shear moduli, and bulk density 

Seismic cross-hole tomography provides detailed information about the wave velocity structure in the area 

between two boreholes, which can be further used to estimate the inter-borehole hydraulic properties. The 

above-mentioned elastic moduli distribution, coupled with related petrophysical models, can be used to es-

timate the aquifer's hydraulic properties. For instance, Hyndman et al. (2000) developed an approach to es-

tablish the relationship between cross-hole seismic slowness and hydraulic conductivity. They applied their 

approach to an alluvial aquifer in California in which they combined the slowness from cross-hole seismic and 

hydraulic properties information obtained from cores, pumping and tracer tests. They found that slowness 

and hydraulic conductivity are positively correlated for that aquifer. They concluded that seismic slowness 

provides high-resolution information about the aquifer properties consistent with the local measurement of 

the hydraulic conductivity. However, this approach was limited by a variety of data requirements. 

Electrical resistivity is one of the most used and oldest geophysical methods in aquifer characteri-

zation (Loke et al.,2011). Electrical resistivity tools are based on injecting electric current into the subsurface 

and measuring the media's bulk electrical property, which shows how strongly it opposes the electrical cur-

rent flow. A low resistivity value would indicate that an electrical current would easily flow in the media. 

Most resistivity surveys use four electrodes arrangement, two electrodes (transmitter) to create an electrical 

circuit and two electrodes at some distance away from the current injection point, to measure the electrical 

potential difference (voltage). This allows the determination of apparent resistivity (resistivity of an equiva-

lent uniform media).  The measurement of electrical resistivity could be done by moving the whole setting 

laterally along the ground surface (called profiling) or by obtaining the electrical properties variation with 

depth at a single location using vertical electrical sounding (VES). In VES, four-electrode measurements could 

be made with progressively larger spacing, centered at the same position. The other survey approach is a 

cross borehole survey in which two current and measurement electrodes could be placed in the same well 

or one in each borehole to image the area between two boreholes. The electrical survey's ultimate purpose 

is to find the electrical resistivity or conductivity distribution in the subsurface. Once the distribution is de-

termined, one would use the appropriate petro-physical relationship to convert distribution of electrical re-

sistivity to water saturation by Archie’s law (Archie, 1942) and also hydraulic conductivity (Heigold et al., 

1979) or permeability (Börner et al., 1996; De Lima and Niwas, 2000; Purvance and Andricevic, 2000; Slater 

and Lesmes, 2002) by many proposed empirical relationship in the literature. 

𝑙𝑜𝑔 K  ≈-1.28+0.93 log𝜎𝑒 , 

Equation 1:5 – Relationship between electrical conductivity and hydraulic conductivity proposed by Heigold et al. (1979) 

here, K is the hydraulic conductivity and 𝜎𝑒 (L-3M-1T3I2) is the electrical conductivity. 

In electromagnetic methods, electromagnetic fields generated by a source (controlled transmitter 

coils, radio transmitters, telluric currents) are utilized to measure the electromagnetic properties of the sub-

surface media. Depending on the source employed, one may measure the time-domain or the frequency-

domain. The measurement can be whether low frequency (1–100 kHz) including frequency-domain and time-

domain or high frequency (10–1000 MHz) ground-penetrating radar (GPR). GPR data can also be collected in 

the time and frequency-domain. Low-frequency EM methods primarily characterize the subsurface in terms 

of electrical conductivity, while the GPR method measure analyzes dielectric permittivity. Low-frequency 

electromagnetic methods are best suited for detecting shallow conductive units (clay layers or saline water-

saturated sediments) (Linde, 2005). Unlike electrical resistivity tools, electromagnetic tools do not require 
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contact with the ground. Estimation of water content in the unsaturated zone is one of the principal applica-

tion of GPR (Alumbaugh et al., 2002; Binley et al., 2002, 2001; Huisman et al., 2003, 2002; Schmalholz et al., 

2004; Schmalz and Lennartz, 2002) using proven petro-physical relationships. Variation of grain size, porosity, 

or in general, properties relevant to texture and hydraulic parameters leads to electromagnetic velocity at-

tenuation in GPR, which means that GPR methods could be used to infer these properties. Furthermore, the 

lithology would be inferred as the high-velocity zones correspond to sand and gravel layers, while low-veloc-

ity regions correspond to clay and silt layers (Vanderborght et al., 2005). Groundwater table can also be un-

derstood by GPR as there would be a large contrast between saturated and unsaturated zones. Some works 

have reported GPR use for monitoring the contamination transport as the contaminants lead to weakness or 

absence of radar or where additional reflection may occur (Brewster and Annan, 1994; Davis and Annan, 

1989; Francisca and Rinaldi, 2001). 

Self-potential (SP) method is based on measuring the natural electrical potentials developed in the 

earth due to electrochemical interaction between minerals and subsurface fluids, electrokinetic processes 

from the flow of ionic fluids or thermoelectric mechanism from temperature gradient in the subsurface 

(Sharma, p.V., 1997). The exciting aspect of the SP method is that it is the only geophysical measurement 

directly sensitive to the groundwater flow (Jardani et al., 2007). The SP surveys are especially useful for lo-

calizing and quantifying the groundwater flow, pollutant plume spreading and estimating of the pertinent 

hydraulic properties of the aquifer (hydraulic conductivity, water table) (Jouniaux et al., 2009). Jardani et al. 

(2007), used SP measurement to map the Darcy velocity distribution of the groundwater. Their approach 

relies on the relation between streaming current density and Darcy velocity. They tested their approach to 

two synthetic model cases and they found reconstructed Darcy velocity distribution is in agreement with the 

reference one. Finally, they applied their approach to an infiltration test data and concluded that distribution 

of the Darcy velocities agrees reasonably well with the result inverted from the SP data. In another work, 

Jardani and Revil (2009) used SP and temperature data in geothermal field to invert the piecewise constant 

hydraulic conductivity distribution using a stochastic method and known facies. They applied their inversion 

scheme to a 2D synthetic case and found out joint inversion of temperature and SP data can be complemen-

tary since one is being measured in surface and one being measured in the borehole. They also successfully 

applied their approach to a geothermal field in Baja California and found the estimated permeabilities con-

sistent with previous hydrogeological studies. Soueid Ahmed et al. (2014) performed a joint tomography of 

the head and SP data to reconstruct the hydraulic conductivity. They studied several synthetic case studies 

and found that adding SP data in case of limited number of head data can improve the estimation of hydraulic 

conductivity field. However, the successful addition of SP data requires precise estimation of electrical con-

ductivity distribution. 

Even though the geophysical measurement provides the continuous measurement of the subsurface prop-

erties and are less costly and time-consuming compared to hydraulic methods, the response of geophysical 

approaches must be accompanied by a petro-physical relationship to convert the geophysical responses to 

aquifer properties, highlighting their most significant drawback in characterizing aquifers' hydraulic proper-

ties. It is hard to define a petro-physical relationship, especially in complex media such as fractured rocks. 

Furthermore, the discrepancy in scale and resolution between geophysical and hydrogeological measure-

ments makes it difficult to develop a petro-physical relationship linking geophysical parameters to hydraulic 

parameters (Chen et al., 2003). 

On the other hand, in hydraulic methods, a hydraulic disturbance is created into the aquifer system, 

and the response of the aquifer is analyzed to quantify and map the hydraulic properties. The disturbance 
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can be made by a hydraulic head change, introducing solute or heat into the aquifer. The hydraulic head 

change may be attained by producing or injecting a fluid through boreholes in the aquifer or the tidal effect. 

Well-testing is a common approach for the creation of the hydraulic changes by subjecting the aquifer to 

one/series of pumping. The well-tests have three main objectives, (i) to observe the response of the aquifer 

to the hydraulic head change and further use it to characterize and determine the subsurface properties, (ii) 

evaluation of the hydraulic properties of the production well itself in order to design the exploitation scheme, 

and (iii) investigating the type of boundary conditions acting on the aquifer. The well-tests can be performed 

in different modes based on the desired perturbation: 

(i) single well-test: the perturbation and monitoring are done in the same borehole. 

(ii) interference test: the perturbation and monitoring are performed in different boreholes. 

(iii) pumping test: the aquifer is disturbed by pumping whether using a single or interference well test. The 

injection test is the same as the pumping test, but the fluid is injected instead of being pumped. The pumping 

tests are typically conducted with a constant flow rate. However, tests with variable flow rates can also be 

interpreted. 

(iv) step-drawdown test: a single well test with a series of successive constant pumping rates. This type of 

test is particularly performed to evaluate the properties of the groundwater production depending on the 

equipment of the well. 

(v) Build up or recovery test: it follows the stop of the pumping test by observing the head's recovery at the 

pumping test or other monitoring points to the initial state. 

(vi) constant head test: the head is maintained at the constant level, and water discharge is measured in the 

perturbation borehole. The head can also be measured in other observation boreholes. 

(vii) slug test: the perturbation is a sudden change of the head in the perturbation borehole, and the response 

of the test in the borehole itself or other monitoring points are measured. 

(viii) packer test: if any of the above tests are performed using packers to isolate the perturbation interval or 

monitoring interval. 

Performing a series of pumping tests in an aquifer and recording the head change across the aquifer, one 

would use classical analytical solutions such as Thiem methods (1906), Theis non-equilibrium equation 

(1935), Hantush-Walton method (1962), and many others to estimate average hydraulic properties of the 

aquifer. However, this traditional pumping test analysis relies on the aquifer's homogeneity assumption and 

estimates the average value for hydraulic properties. Even though the analytical solutions do not provide 

information about the hydraulic properties distribution, they are still powerful tools to understand the gen-

eral aquifers' characteristics and performance. On the other hand, the pumping test data could be used by 

hydraulic tomography inversion technique to map the values and hydraulic properties distribution. Hydraulic 

tomography is explained in detail in the following subsection. 

The other hydraulic method that is conventionally used is based on injecting a distinguishable 

chemical compound called tracers into the aquifer. Tracers such as saline water, fluorescent dies, or noble 

gasses, etc., are injected into the aquifer by a defined pattern (pulse injection, etc.), and then the arrival time 

and concentration are observed in other points (Curtis et al., 1986; Freyberg, 1986; Jawitz et al., 2003; Ptak 
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and Schmid, 1996; Sudicky, 1986; Sutton et al., 2000). Tracers can be classified based on their interaction 

with media: 

(i) conservative tracers which do not interact with media and thus they are carried passively with the water 

carrying them,  

(ii) reactive tracers, which undergo a reaction or a biological process as the aquifer's moving water, is carrying 

them. 

The combination of conservative and reacting tracer can provide insightful information about the aquifer's 

physical, chemical, and biological characteristics (Cao et al., 2020). The conservative tracers can be informa-

tive about the hydraulic properties, groundwater velocity, determination of recharge and discharge, and es-

timation of hydro-mechanical dispersivity. Some examples of conservative tracers are anions and bromide, 

dye tracers, stable isotope 18O, 2H, and rhodamine (Cao et al., 2020). Implementation of reactive tracer tests 

can provide useful information such as physicochemical aquifer properties (e.g., sorption capacity), water 

chemistry, and biological activity of the aquifer. Examples of reactive tracers are alcohols of varying chain 

length, such as 1-hexanol (Imhoff et al., 2003), fluorotelomer alcohols (Dwarakanath et al., 2016), sulfur hex-

afluoride (SF6) (Reid and Jaffé, 2013), and many others available in the literature. 

Despite the valuable information provided by solute tracers, the implementation is expensive, and 

recovery of injected tracers as well as their detection is not simple and requires special instruments. Instead, 

heat can be an appropriate substitution for chemical tracers, and it also reveals some other thermal related 

aspects of the aquifer properties. Heat tracer is implemented by injection of heated or cold water and mon-

itoring the temperature change in the injection borehole and other locations in the aquifer. Measurement of 

the aquifer temperature is much cheaper and easier due to commercially available thermometers and novel 

distributed temperature sensing tools compared to the chemical tracer detection tools. It has proven ad-

vantages over solute tracers for being environmentally friendly, available, easily measurable, and relatively 

inexpensive (Anderson, 2005). It also should be noted that each tracer reveals one aspect of the aquifer 

properties. For instance, Irvine et al. (2015), showed that solute tracer provides more understanding about 

the variance in velocity caused by aquifer heterogeneity while heat tracer provides a better approximation 

of the mean velocity. This is due to the fact that heat is not a conservative tracer, and the diffusivity of heat 

is much greater than the diffusivity of the solute tracers. Heat interacts more with the media by diffusing 

through the solid grains, which leads to more attenuated signals in monitoring points rather than the solute 

tracers. 

In brief, geophysical methods provide continuous measurement and are less time consuming compared to 

hydraulic methods. Pressure-based methods require less time than tracer-based methods and provide infor-

mation about the subsurface media's hydraulic properties while the data may not be as sensitive as chemical 

and heat tracer data to the heterogeneity. The pressure-based methods are easier to interpret and imple-

ment compared to the tracer-based methods. 

In the following subsections, firstly, the inverse problems and one of the most favorable methods 

for hydraulic properties characterization, hydraulic tomography, is explained. Next, we review the heat-

based methods for quantifying subsurface flow and characterization of subsurface media. We then introduce 

the Fiber Optic Distributed Temperature Sensor (FO-DTS), a novel tool that allows us to measure the temper-

ature all along the fiber optic cable and used in our study. The final subsections are devoted to explaining the 

research objectives and thesis outlines. 
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1.2 Inverse problem and hydraulic tomography 

The subsurface hydraulic properties are not readily accessible for measurement unless the core 

samples are taken from the ground by drilling boreholes or cone penetrating tests. In addition, core-based 

and laboratory measurement methods are time-consuming, expensive, and invasive to the aquifer. Further-

more, the information inferred from core-scale experiments would not represent the whole system (De Mar-

sily et al., 2005). Thus, the hydraulic properties characterization methods rely on the estimation of the values 

and distribution using a limited number of data (Emsellem and De Marsily, 1971; Gavalas et al., 1976; Neu-

man, 1973). One way would be interpolating the measured hydraulic properties using geostatistical or sto-

chastic methods. The common assumption is that hydraulic properties are stationary and log-normally dis-

tributed. A variogram model that describes the property's spatial continuity is created based on the available 

measured properties. Then, estimation methods such as ordinary kriging are employed to find the property's 

values and distribution.  

Due to the scarcity of the hydraulic properties data, the inversion methods such as Hydraulic tomography 

are developed to estimate the hydraulic properties by the sparse number of data. Hydraulic tomography 

relies on the analysis of the aquifer response to a hydraulic change. The response is a function of hydraulic 

property values and distribution. Hydraulic tomography tries to find a solution for an inverse problem in 

which a set of model responses are used to estimate the model parameters. In a forward problem, the model 

parameters (m) and a mathematical model (f(-)), which is an approximation of real physic by mathematical 

terms, are used to predict the observable response data (d). While, in inverse problems, a set of observable 

response data (d) along with the mathematical model (f (-)) are used to estimate model parameters (m). For 

instance, in the hydraulic tomography problem, the observed hydraulic head changes in the aquifer (d) ac-

companied by a mathematical model (f(-)) describing the hydraulic changes as a function of hydraulic con-

ductivity go through an inversion process to estimate the hydraulic property (m) values and distribution 

across the aquifer. The mathematical model used in hydraulic tomography is mostly based on the numerical 

models describing groundwater flow in the porous media. The numerical simulation predicts the aquifer re-

sponse to a hydraulic change as a function of the hydraulic conductivity field, fluid properties, and boundary 

conditions imposed on the model. 

 

Figure 1-3: Representation of a hydraulic tomography inverse problem.  
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The inverse problem contained in hydraulic tomography can be formulated as follow. The terms 

used in the equation 1:6 are previously defined except η, which is the error associate with measurements.  

d = 𝑓(m) + η  

Equation 1:6 – Inverse problem formulation 

From a mathematical point of view, the problem is ill-posed, and the solution is non-unique as limited num-

ber of observations are used to estimate a much larger number of the model parameters. Thus, additional 

information (prior model) is required for regularization and having physically meaningful results. From the 

probabilistic point of view, the solution of inverse problems is obtained by maximizing a posterior probability 

density function (maximizing the term in brackets), which is expressed using Bayes’s theorem as follow 

πpost(𝐦|𝐝) ∝ ~exp [
−1

2
(𝑓(𝐦) − d)𝐂d

−1(𝑓(𝐦) − 𝐝) +
−1

2
(𝐦 − 𝐦prior)𝐂m

−1(𝐦 − 𝐦prior)]. 

Equation 1:7 – posterior probability density function by Bayes theorem  

where 𝐂d and 𝐂m are model properties and data covariance matrix, respectively. The prior model is denoted 

by 𝐦prior. The first term in equation 1:7 is the likelihood and the second term is the regularization. The 

inverse problem solution corresponds to best-fitting model properties, resulting in reproducing the observed 

data by the mathematical model while constraining the solution to some prior information to avoid unlikely 

and unrealistic solutions. 

There are various techniques to solve hydraulic tomography problems. The two of the most im-

portant methods are the stochastic inverse method and geostatistical inverse methods. The stochastic inver-

sion methods rely on the Sequential Successive Linear Estimator (SSLE) to map the hydraulic conductivity 

field (Yeh and Liu, 2000; Yeh and Zhang, 1996). The SSLE approach is similar to the co-kriging, which seeks 

mean parameter fields using point data and geological/hydrogeological structures (i.e., the spatial covariance 

and cross-variance of parameters and hydraulic heads) to condition the estimates (Berg et al., 2010). Co-

kriging relies on the classical linear predictor theory that considers spatial correlation structures of flow pro-

cesses (such as hydraulic head and velocity), subsurface hydraulic property, and cross-correlation between 

the flow processes and the hydraulic properties (Berg et al., 2010). SSLE is different from co-kriging because 

it uses a linear estimator based on differences between observed and simulated hydraulic heads successively 

to update both conditional means and covariance of the estimates.  

Geostatistical inversion methods produce the first and second statistical moments of hydraulic var-

iables, representing their most likely estimates and their uncertainty, respectively, conditioned on the avail-

able observations. Quasi-linear inversion approach has been developed and proposed by Kitanidis (1995). 

The geostatistical approach has been applied to many engineering disciplines such as contaminant source 

identification (Snodgrass and Kitanidis, 1997), tracer data inversion (Fienen et al., 2009; Nowak and Cirpka, 

2006), hydraulic tomography (Cardiff et al., 2009; Cardiff and Barrash, 2011; Li et al., 2007, 2008). For the 

purposes of the studies presented in this thesis, the geostatistical inversion formulation and procedure are 

briefly explained. Geostatistical methods have been widely used to solve the hydrogeological inverse prob-

lems in which geostatistical information is used for regularization. This approach assumes that the model 

parameter field is random, auto-correlated with a certain correlation structure. The model parameter con-

stitutes from a deterministic mean and a random fluctuation (Y′) about the mean and has the following 

properties 
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𝐦 = 𝐗𝛃 + Y′ , 
 

(a) 

𝛦(𝐦) = 𝐗𝛃 , 
 

(b) 

𝛦[(𝐦 − 𝐗𝛃)(𝐦 − 𝐗𝛃)𝑇] = 𝐂m(θ) , 
 

(c) 

Equation 1:8 – Assumption of geostatistical inversion 

where 𝐦 is a vector of model properties, Y′ is its random fluctuation, 𝐗 is a matrix of trend function, 𝛃  is the 

vector of trend coefficient.   𝐂m represent the model covariance matrix, characterized by geostatistical infor-

mation (θ) about the field through a variogram. An iterative optimization process obtains the model param-

eters. The solution at (i+1)th iteration is obtained as: 

𝐦i+1 = 𝐗𝛃i + 𝐂m𝐉i𝛆i,  

Equation 1:9 – model parameter in each iteration by geostatistical inversion  

where 𝛃 and 𝛆 are obtained by solving the following system of equations. 

[
𝐉i𝐂m𝐉i

𝑇 + 𝐂d

(𝐉i𝐗)𝑇
𝐉iX
0

] [
𝛆j

𝛃j
] = [

𝐝 − 𝑓(𝐦i) + 𝐉i𝐦i

0
] 

Equation 1:10 – System of the equation solved to obtain the trend function coefficient 

here, 𝐉 represents the Jacobian matrix sensitivity matrix of the measurements with respect to the model 

parameters. Calculation of Jacobian matrix for high dimensional problem requires great computational ef-

fort. 

Hydraulic tomography is performed for two different aquifer states in which data are acquired, the 

steady-state (Cardiff et al., 2009; Huang et al., 2011; Li et al., 2008) and transient hydraulic tomography (Berg 

and Illman, 2011; Illman et al., 2009; Straface et al., 2007). In steady-state hydraulic tomography, the head 

or drawdown values when aquifer reaches steady-state condition are used for the inversion. In the transient 

hydraulic tomography, the head or drawdown values recorded during the transient period are used as the 

observation. Steady-state hydraulic tomography allows estimation of the hydraulic conductivity while using 

transient hydraulic tomography, estimation of storativity of the aquifer is possible in addition to the hydraulic 

conductivity. Transient or steady-state hydraulic tomography is accounted by the mathematical model in the 

inversion process. Furthermore, some authors have proposed oscillatory hydraulic tomography (Cardiff et 

al., 2013, 2009; Fischer et al., 2018) in which periodic pumping tests are used as a source for aquifer hydraulic 

state disturbance and pressure sensors are located in different places to record amplitude and change of the 

oscillating pressure signals. The recorded data accompanied by a proper model are used to find the hydraulic 

conductivity field. 

Hydraulic tomography has been the subject of research for many years. Hydraulic tomography was first pro-

posed as an equivalent to geophysical tomography by Neuman (1978) and further developed by Gottlieb and 

Dietrich (Gottlieb and Dietrich, 1995). The applicability of the hydraulic tomography was first tested by syn-

thetic numerical studies (Yeh and Liu, 2000; Zhu and Yeh, 2005, 2006) followed by many laboratory works 

reported in the literature (Illman et al., 2010, 2008, 2007; Liu et al., 2002). Illman et al. (2010) used a sandbox 

aquifer to evaluate the performance of the hydraulic tomography. They estimated a hydraulic conductivity 

field using steady-state hydraulic tomography and then compared the drawdown observed and predicted by 
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the estimated hydraulic conductivity field for 16 independent pumping tests (these pumpings were not in-

cluded in the hydraulic tomography). They also used kriging using 16 pumping points to estimate the hydrau-

lic conductivity field. They found out that the hydraulic conductivity field obtained from kriging cannot accu-

rately predict the drawdown for 16 independent pumping tests, while the hydraulic conductivity field ob-

tained from hydraulic tomography provided an excellent prediction of the drawdowns. In another work, Liu 

et al. (Liu et al., 2007) tried to validate the transient hydraulic conductivity on a heterogeneous sandbox 

aquifer. They compared the hydraulic conductivity estimates from hydraulic tomography and estimates ob-

tained from core samples, slug tests, single‐hole analyses, cross‐hole analyses, and unidirectional flow‐

through tests. They found that the sandbox's heterogeneity pattern can be delineated by core and the slug 

test, while hydraulic tomography provides considerably more details. The storage values determined by hy-

draulic tomography are close to those from single hole analysis and within the plausible range. The average 

of the hydraulic conductivity estimates from the cross‐hole tests and analyses yields an averaged value close 

to the effective value determined from the uniform flow experiment or the mean value of the estimates from 

hydraulic tomography. Finally, they claimed that transient hydraulic tomography could yield the same quality 

hydraulic conductivity estimate with fewer pumping data than steady-state hydraulic tomography. In another 

important lab experiment, Illman et al. (2012) concluded that hydraulic conductivity estimated by Hydraulic 

tomography could remarkably improve the predictions of solute transport.  

There have also been many field applications of hydraulic tomography applied to characterize fractured and 

alluvial aquifers (e.g., (Berg and Illman, 2012; Bohling et al., 2007; Bohling and Butler Jr, 2010; Cardiff et al., 

2012; Cardiff and Barrash, 2011; Fischer et al., 2018, 2017; Huang et al., 2011; Liu et al., 2002, 2007; Michael 

Tso et al., 2016; Ni et al., 2009; Straface et al., 2007; Yeh and Liu, 2000; Yin and Illman, 2009; Zha et al., 2015; 

Zhu and Yeh, 2005). The promising results obtained from hydraulic tomography validate this approach's ef-

fectiveness for the subsurface media characterization compared to traditional aquifer characterization meth-

ods (Berg and Illman, 2015, 2011). 

Despite the effectiveness of hydraulic tomography, it is still a costly and time consuming operation. 

Illman et al. (2012) compared the costs and benefits associated with heterogeneity characterization by hy-

draulic tomography and analysis of the core data through geostatistical analysis. They found that hydraulic 

tomography is costlier compared to the geostatistical analysis of high resolution hydraulic conductivity data. 

This higher cost is due to the capital cost of the equipment used for the hydraulic tomography. However, it 

should be noted that the equipment may be bought or reused in other sites, which compensate the cost paid 

over the equipment's life span. Despite the associated cost, hydraulic tomography better captures the im-

portant features of aquifer and aquitard and better predicts the aquifer's response to the pumping tests. This 

suggests that information from hydraulic tomography would be more trustable to design robust remediation 

operations in the aquifers. For this purpose, adding more measurements, in particular about the groundwa-

ter flows distribution, may be particularly useful and complementary for hydraulic tomography. This will be 

one of the main motivations of the work presented in this thesis.    
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1.3 The use of heat for monitoring and characterization of subsurface me-

dia 

1.3.1 Introduction 

From a thermodynamic point of view, heat is defined as a form of energy transferred (due to tem-

perature difference) from/to an object by mechanisms other than thermodynamic work or transfer of mat-

ter. The concept of heat has been extensively used in hydrogeology. One of the oldest applications was the 

analogy used to derive Darcy flow law from Fourier’s Law and the analogy that Theis (1935) used to solve the 

transient flow equation using the transient heat's analytical solution equation. The heat has also been recog-

nized as a natural groundwater tracer, and its application is comprehensively reviewed by Anderson (2005), 

Saar (2011). Much attention is given to the use of natural temperature variation as a tool to characterize 

surface water/groundwater exchange (Conant Jr, 2004; Constantz et al., 2008; Doussan et al., 1994; Keery et 

al., 2007; Molina-Giraldo et al., 2011; Schmidt et al., 2006; Vogt et al., 2010) and groundwater recharge and 

discharge (Conant Jr, 2004; Ferguson et al., 2003). Groundwater flux in the fracture or faults can disturb the 

geothermal temperature distribution locally or regionally due to the advection of the heat by flow of water 

(Anderson, 2005; Deming and Investigators, 1993; Saar, 2011) and so the temperature can be indicative of a 

such a process. Temperature-depth profile is also used to estimate the aquifers' vertical heat flux, vertical 

groundwater flux, and thermal properties of the aquifers (Bredehoeft and Papaopulos, 1965; Frei et al., 2009; 

Lowry et al., 2007; Taniguchi et al., 2003; Vandenbohede et al., 2009). Some works indeed reported using the 

variation of the temperature for model calibration (hydraulic conductivity values) along with the head data 

(Bravo et al., 2002). The temperature data has also been used to determine spatial and temporal infiltration 

dynamics (Tabbagh et al., 2017) during the managed aquifer recharge (Herckenrath et al., 2012; Mawer et 

al., 2016; Racz et al., 2012), groundwater recharge (Cheviron et al., 2005) and monitoring of the soil water 

content (Bechkit et al., 2014). Considering the vast domain of temperature utilization in hydrogeology, the 

temperature is still underused (Anderson, 2005) and overlooked (Kurylyk and Irvine, 2019) tool in hydroge-

ology.  

Heat transfer mechanism in porous media can be classified into two main categories: 

(i) Conduction: transfer of energy inside or from a matter to adjacent matter in direct contact, which is ex-

plained by Fourier’s law. 

(ii) Convection: transfer of energy through the movement of a fluid (in our case, water). It should be noted 

that mostly advection and convection are interchangeably used. The convection can be present in porous 

media, provided a minimum permeability within the range of 5×10-17 to 10-15 m2 (Saar, 2011). Rojstaczer et 

al. (2008) and Ferguson et al. (2006) have determined a minimum permeability value of 10-16 m2 so that 

convection could have an effect on the temperature distribution. 

Heat is transported in the porous media through conduction and convection. The movement of water con-

trols the convective heat transfer, while conductive heat transfer is the only process occurring when water 

does not move. Conduction is controlled by the thermal conductivity and heat capacity of the rock and water. 

Thermal conductivity refers to the ability of a material to transfer heat through conduction. Heat capacity 

refers to the amount of heat required to be given to a substance to increase its temperature by a unit. This 

property in the unit mass or unit volume of the substance is called specific heat capacity and volumetric heat 

capacity, respectively. Thermal diffusivity is the ability of a substance to conduct thermal energy relative to 
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its ability to store energy and is calculated by dividing the value of thermal conductivity by the value of volu-

metric heat capacity. It provides information about the competition of heat transfer due to conduction and 

heat storage. The three-dimensional heat transport in the aquifer is given as follow (Domenico and Schwartz, 

1998):  

λ𝑒

ρc
∇2T −

ρwcw

ρc
∇. (Tq) =

∂T

∂t
, 

Equation 1:11 – Three-dimensional heat transport equation in the aquifer (Domenico and Schwartz, 1998) 

where, T, λ𝑒, c, ρ, q, and t refer to temperature, effective thermal conductivity (taking into account rock and 

fluid), specific heat capacity, density, specific discharge, and time. The terms ρc and ρwcw are volumetric 

heat capacity of the rock-water matrix and water, respectively. The term 
λ

ρc
 also defines the thermal diffusiv-

ity of the rock-fluid matrix. In equation 1:11, all media properties are assumed to be constant. The first term 

in the above equation represents the transport of heat by conduction. The second term is the advection or 

convection term, which represents heat transport by water flow. Depending on the hydraulic conductivity 

and hydraulic gradient value, which defines the Darcy flux value in porous media, conduction and convection 

can be the dominant heat transfer process. For small Darcy flux values, only conduction occurs, while for 

larger values, both conduction and convection are present, but the role of convection might be more signifi-

cant. Figure 1-4 shows the heat transport mechanism for a combination of hydraulic conductivity and hy-

draulic gradient (Ferguson et al., 2006) in different ranges. Note that, hydraulic gradient in the field ranges 

in general from 10-4 up to 10-1. 

 

Figure 1- 4: Heat transfer mechanism based on the values of hydraulic gradient and hydraulic conductivity. The dark yellow number 
represents the log of Darcy flux (m/s) (Modified after Ferguson et al., 2006) 
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Measurement of the temperature is quite easy and inexpensive which can be carried out by deploying the 

temperature probes in the borehole (to obtain temporal temperature data in a fixed position) or performing 

logging (to obtain spatial temperature data) by lowering the temperature probe into the borehole and per-

forming up and downhole surveys. Fiber optic DTS technology can measure the temperature profile both in 

space (along the fiber optic) and with time so it can be an appropriate substitution to the classical probes. 

Two main types of popular thermal tracer tests are active thermal tracer tests, where temperature anomalies 

are artificially induced, and passive thermal tracer tests, where the natural variability of temperature is tar-

geted.  

Considering the wide range of applications of using heat as a groundwater tracer in hydrogeology, from now 

on, we narrow our focus to using heat for subsurface flow quantification and subsurface media's tomography. 

The heat has been used to quantify flows within boreholes and the flow in aquifers. We first review the use 

of passive and active heat tracer to quantify the vertical borehole flow and the horizontal flow passing by the 

borehole. Next, we review the use of heat for the quantification of flow in the subsurface.   

1.3.2 Fiber Optic Distributed Temperature Sensing (FO-DTS) 

Fiber optic DTS technology can measure the temperature profile both in space (along the fiber op-

tic) and with time so it can be an appropriate substitution to the classical temperature probes. Fiber Optic 

Distributed Temperature Sensing (FO-DTS) is a member of distributed family sensors, a technology allowing 

real-time measurement of the temperature, strain, acoustic, etc., in space and time along the FO-cables. FO-

cables are thin (as thin as a human hair) flexible cables made up of pure glass (silica) consisting of two parts: 

the inner core (central part of FO cable in which majority of lights travel through this section) and outer 

cladding, which is a lower reflective index glass layer helping the light to be maintained within the core. A 

single or multiple layers of polymers are wrapped around the core and cladding for protection. The current 

DTS devices are able to have sampling measurement down to 12.5 cm (e.g., Silixa Ultima S), which is different 

from spatial resolution (Simon et al., 2020), and can measure temperature with a temperature resolution of 

0.05 °C and even 0.01 °C depending on the sampling frequency. The length of the cable and thus temperature 

measurement can range from meters to kilometers. For cable lengths up to 2 or 5 km, one may measure the 

temperature (Silixa Ultima S) with a resolution of 0.05 °C or less, but for longer cables, the sampling meas-

urement becomes every 0.5 m to 1 or 2 m depending on the instruments with the generally coarser temper-

ature resolution. 

The measurement starts by launching a short light pulse (by DTS unit) into the FO-cable, and as the light 

moves forward in the FO-cable, it colloids with the atoms of the fiber, energizing them and leading to the 

emission of lights traveling back to the light source at slightly shifted frequencies called Raman backscattered 

light. The name originates from Chandrasekhara Raman (1928), who was the first to discover the tempera-

ture dependency of these backscattered lights. The Raman backscattered lights, which have two wavelengths 

called Stokes and anti-Stokes, are recorded by the DTS unit. Keeping in mind that the velocity of light is con-

stant (even in fiber optic), the time difference between launching the light into the fiber and return of the 

backscattered light determines the measurement's location in the FO-cable. The temperature value of 

backscattered light is dependent on the ratio of anti-Stoke to Stokes intensities.  

The calibration is a prerequisite for successful and accurate measurement of temperature data. Calibration 

refers to determining the physical quantities that allow inferring temperature from DTS raw signal. Calibra-

tion avoids temperature readings to be affected mainly by offset (constant shift between measured and real 
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absolute temperatures) and slope issues (variation with the distance of DTS readings of a constant tempera-

ture). Commercially available DTS units have built-in calibration routines that use part of the cable in a known 

temperature environment. However, external reference temperature measurement would result in more 

precise temperature determination (Bense et al., 2016). This would be normally achieved by using a temper-

ature probe in a bath of uniform and controlled temperature (cold and hot baths) assumed to have a constant 

temperature on the time scale (Constant bath temperature is not obligatory, and one would use varying 

temperature bath to calibrate for every time steps). The data obtained by external temperature probes are 

used in post-processing to determine the temperatures more accurately.  

The FO-DTS measurement can be performed in different configurations, but the two most frequently used 

configurations are single-ended and double-ended (des Tombe et al., 2020). In the single-ended configura-

tion, the temperature measurement is outward from the DTS unit to the end of the cable as the laser pulse 

only moves in one direction from the DTS unit toward the end of the cable. In the double-ended configura-

tion, both ends of the fiber optic cable (U shape configuration) are connected to the DTS unit, and the tem-

perature measurement is done in both directions. Figure 1-5 shows the single-ended and double-ended con-

figurations. The double-ended configuration requires calibration mainly for offset, while single-ended re-

quires calibration for offset and signal loss and gain.  

 

Figure 1-5 Representation of (a)single-ended and (b)double-ended configurations. The cold bath and hot bath are used to calibrate 
the temperature data acquired by FO-DTS 

FO-DTS are employed in two different modes, namely, passive and active modes. In passive mode, the tem-

perature along fiber optic cable is measured, while in active mode (also known as heat pulse method), heat 

is added to FO-cable by an element deployed inside the FO-cable or by using an additional heating cable. 

Active and passive temperature monitoring has found applications in hydrogeology, hydrology, and environ-

mental sciences as well (Bense et al., 2016).  

1.3.3 Borehole flow measurement 

Some various non-thermal methods and tools allow for a measurement of vertical water velocity in 

the boreholes, such as heat-pulse flowmeter (Hess, 1986), electromagnetic flowmeter (Molz et al., 1994), 

and spinner or impeller flowmeter (Molz et al., 1989). Heat-pulse flowmeters are made up of a cylinder con-

taining a heat source in the middle and two temperature sensors at each end of the cylinder. It is positioned 

stationary in the borehole, and flowing water is diverted to the cylinder. A packet of water is being heated 

and moving with flowing water upward or downward. The sensors monitor the temperature and time of the 

heated peak recorded and used to calculate water velocity. It should be noted that this approach may not be 

                                      



Introduction 

29 
 

classified as a heat-based method since water is just locally heated to have a signature of the travel time 

between the heating source and the sensors. The electromagnetic flowmeters work based on Faraday’s Law 

of Electromagnetic Induction, which states that voltage induced by a conductor moving through a magnetic 

field is directly proportional to the conductor's velocity. This tool contains two coils that generate an electro-

magnetic field perpendicular to the flow, and the voltage that is measured is proportional to the water ve-

locity. It should be noted that the fluid passing through the electromagnetic field must be a conductor (like 

water with salinity), and it cannot be applied for hydrocarbons. The spinner flowmeters use an impeller that 

rotates as it collides with the flowing water. The higher the velocity, the faster the rotation of the spinner. 

The spinner rotation is recorded and then converted to fluid velocity. Note that heat-pulse and electromag-

netic flowmeters can be used to measure ambient flows, while impellers are generally used only when pump-

ing in the observation borehole (Young and Pearson, 1995). 

 

Figure 1-6: (a) Schematic of inner component of heat-pulse flow meter (b) typical response of heat pulse flow meter (modified after 
Lee et al., 2012) 

There are also some methods that are used to estimate horizontal groundwater velocities in bore-

holes. In these methods, the horizontal water velocity is measured inside the borehole and then converted 

to specific water discharge away from the borehole by correcting the borehole effect (Masciopinto and 

Palmiotta, 2014). However, uncertainties arise in the correction of the borehole effect. It requires proper 

modelling of borehole and aquifer, information about the aquifer's hydraulic conductivity, filter pack, screen, 

and radius of annular filter pack, well screen, etc.  Examples of methods used for horizontal groundwater 

velocity measurement in the boreholes are (i) Acoustic Doppler velocimeter (ADV), (ii) scanning colloidal bo-

rescope flowmeter (SCBFM), and (iii) fluid-conductivity logging system (FCLS).  The ADV uses acoustic signals 

emitted at a specific rate per second to track the particle entrained in the flow and calculate the 3D ground-

water velocity vector (Wilson et al., 2001). The SCBFM utilizes a camera, magnifier lens, and illumination 

source to track naturally buoyant colloid inside the water. The visual recordings are then used along with 

computer algorithms to compute groundwater velocity and direction (Bayless et al., 2011). FCLS measures 

the sequential profile of fluid conductivity and uses a computer algorithm to estimate the groundwater ve-

locity. FCLS are not able to measure the groundwater flow direction and can only measure the magnitude. A 

comprehensive comparative study of different methods used for horizontal groundwater velocity in the bore-

holes is provided by Bayless et al. (Bayless et al., 2011). 
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Furthermore, the point dilution test (Drost et al., 1968) is also a common method proposed to estimate hor-

izontal groundwater velocities. It relies on introducing a tracer in the borehole and tracking the tracer's dilu-

tion with time. A very simple analytical solution can explain the tracer's dilution through an exponential de-

cay, relating the dilution rate to the groundwater velocity. Different tracers are used, such as radioisotopes 

or isotopes (Drost et al., 1968; Ronen et al., 1986; Wurzel, 1983), dyes or fluorescent dyes (Gutiérrez et al., 

1997; Lewis et al., 1966; Novakowski et al., 1995; Pitrak et al., 2007; Sale et al., 2007), salts or brines (Hall, 

1993; Hatfield et al., 2004; Moore et al., 1992; Novakowski et al., 2006; Riemann, 2002; West and Odling, 

2007), and deionized water (Paillet and Pedler, 1996; Tsang et al., 1990). There is also an extension of the 

point dilution tests called Finite Volume Point Dilution Method (FVPDM), allowing temporal monitoring of 

the groundwater velocity (Brouyère et al., 2008). The last non-thermal method mentioned here is the Passive 

Flux Meter (PFM), a permeable cylinder sorbing the dissolve organic and inorganic contamination of the wa-

ter inside the borehole. After a specific period, PFM is removed, and contaminant mass absorbed is used to 

calculate the time-averaged contaminant fluxes (Klammler et al., 2006). A groundwater flux profile can be 

obtained by performing the point dilution test in different depths in the borehole with packers to isolate the 

borehole segments and avoid vertical movement of the water (Palmer, 1993). It is worth noting that point 

dilution is applicable to both porous (Piccinini et al., 2016) and fractured (Jamin et al., 2015) aquifer. How-

ever, there are certain limitation associated with this approach as the measurement is quite time consuming, 

the special equipment required to perform the test which may not be cheap and readily available and the 

fact that it provides local (point) measurement or integrated measurement (over a borehole interval) rather 

than discrete points along the borehole.  

The works on the concept of using passive temperature profile in the flowing borehole as a tool for 

quantification of vertical flow dates back to nearly sixty years ago (Edwardson et al., 1962; Lesem et al., 1957; 

Moss and White, 1959). The principal concept in using passive temperature for flow quantification is that the 

temperature profile with depth would follow the geothermal gradient unless there is an advection caused by 

flow, which disturbs the geothermal equilibrium.  

 

Figure 1- 7: Illustration of the concept of deviation of passive temperature profile from the geothermal gradient as a signature of 
flow in the borehole 
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The pioneering work in this area belongs to Ramey et al. (Ramey Jr., 1962). He proposed a simple analytical 

solution to predict the temperature profile of single-phase fluid in an injection well as a function of the me-

dia's thermal properties and fluid velocity in the borehole. Later his model was successfully applied to pro-

duction wells (Horne and Shinohara, 1979). The model considers steady-state heat transfer inside the bore-

hole while heat transfer from the borehole to the surrounding formation is governed by transient radial con-

duction. Ramey considered the borehole as a line source and the surrounding earth as an infinite sink in 

which heat diffusion only occurs in the horizontal plane and vertical heat diffusion is negligible. In Ramey’s 

model, no inflow or outflow of the fluid from formation to the borehole or vice versa is considered, and the 

fluid temperature moving inside the borehole is a function of the depth, thermal properties of the borehole 

and surrounding earth, and also time. A time function is also introduced, which accounts for the temporal 

heat transfer behavior in the formation. Later Satter (1965) and Sagar et al. (1991) extended Ramey’s model 

to two-phase flow by considering the effect of the kinetic energy and Joule Thompson effect caused by pres-

sure change along the borehole. Hagoort (2004) examined Ramey’s model applicability and found out that it 

can provide an excellent approximation except for the early times when the calculated temperature is over-

estimated. Hasan and Kabir (1994) further developed Ramey’s model. They proposed a new approximate 

solution for transient heat transfer in the formation and incorporating both convective and conductive heat 

transport for the borehole/formation system. Hassan and Kabir’s model used an appropriate inner boundary 

condition (finite wellbore) for wellbore/formation heat transfer and demonstrated the importance of includ-

ing the convective heat transfer. Later, Kabir et al. (1996) proposed a model using energy, mass and momen-

tum balance, and different fluid entries to the borehole. In their model, entry fluid temperature is assumed 

to be the geothermal temperature of the entry point inside the wellbore. Afterward, Hasan et al. presented 

many works incorporating hydrodynamic of different flow patterns and well geometry (Hasan et al., 2002; 

Hasan and Kabir, 2005). In one of their most general works, a robust analytical steady-state model is pre-

sented, including wellbore inclination, varying geothermal gradient, and Joule-Thomson effect by dividing 

the borehole into uniform sections thermal properties and inclinations (Hasan et al., 2009). The limitation of 

this approach is that the solution is not applicable in production zones. The majority of the works reporting 

the use of temperature flowing temperature profile for vertical flow profiling belongs to oil and gas wells 

(Hossain and Abu-Khamsin, 2012; Izgec et al., 2010; Kabir et al., 2008; Wang et al., 2008). However, the same 

concept has also been used in hydrogeology as well, as shown by Klepikova et al. (2011) who used a numerical 

model showing the water temperature profile's dependency in the borehole to its velocity. They inverted the 

temperature profile to a flow profile using the numerical simulator, not Ramey’s equation. They validated 

their approach in a fractured borehole with the different entry of water to the borehole. The heat pulse flow 

meter recorded the flow profile, and a thermometer recorded the temperature profile by lowering it into the 

borehole. The temperature profile was inverted to the flow profile using a numerical simulator and was in 

good agreement with the flow profile obtained by the heat pulse flow meter.  

Read et al. (2014) developed a method for quantifying the borehole's vertical flow based on active 

heating and distributed temperature sensing. They used two parallel fiber optic cables kept fixed adjacent to 

each other at a known distance. One cable is heated while the other cable measures the passive temperature. 

The principle is based on the temperature difference between the heating cable and fiber-optic distributed 

temperature sensing, which is a function of the vertical fluid velocity. They proposed an analytical solution 

relating the temperature difference to vertical flow velocity, which was used to invert the temperature dif-

ference profile to the borehole's flow profile. They applied their approach to a fractured borehole in Brittany, 

France. They found a good agreement between flow estimated by their approach and flow measured by the 
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heat pulse flow meter. Maldaner et al. (2019) used active fiber-optic distributed sensors in the sealed frac-

tured borehole to quantify the fractured media's natural flow. They sealed the borehole with a flexible in-

flatable liner and placed an active fiber optic DTS between the liner and the fractured medium. Using a nu-

merical simulator, they found a relationship between thermal conductivity calculated from the temperature 

evolution with time (apparent thermal conductivity) and those obtained by the numerical simulator for dif-

ferent flow values. They found that in no-flow regions, calculated thermal conductivity values agree well with 

laboratory measurement of thermal conductivity. Finally, they quantified the flow along the borehole using 

the established relationship. Recently, Munn et al. (2020) applied the previous approach to monitoring the 

fracture flow change once the borehole is subjected to pumping. They found out that this approach can 

effectively quantify the changes in the fracture flow. 

1.3.4 Groundwater flow measurement 

The quantification of the flow inside the porous media requires deploying the tool directly inside 

the media. There are not many non-thermal methods reported in the literature. Among them, Point Velocity 

Probe (PVP) (Devlin et al., 2009; Labaky et al., 2009, 2007) is introduced, measuring the groundwater flux on 

a centimeter scale. The method is based on mini tracer tests performed around a cylinder's perimeter in close 

contact with the aquifer. With one injection port and two or more tracer detectors on the cylinder's perime-

ter, one can measure the time required for the tracer to travel from the injection port to the detector and 

find the groundwater velocity. PVPs can be made of inexpensive materials and be deployed in multi arrays 

to find the groundwater velocity in space and time (Walter and Devlin, 2017). It is reported that PVPs can 

also find the velocity direction with an uncertainty of ± 8° on the direction angle (Devlin et al., 2009). 

 

Figure 1-8: Schematic and plan views of the PVP. Flow travels around the probe body, picking up tracer at the injection port, i, and 
delivering it to two detectors, d1 and d2. Knowing the angles γ1 and γ2, apparent velocities averaged up to the detectors can be 

converted to the average linear velocity in the aquifer away from the probe, v∞. In addition, the angle from the injection port to the 
average flow direction, α, can be calculated (modified after Labaky et al., 2009). 

In this context, much attention has been given to active and passive thermal methods as the temperature is 

ubiquitous, easy to measure by available and inexpensive temperature probes, which can also be deployed 

directly to the ground. The concept of the geothermal gradient plays an important role in understanding the 

                                      



Introduction 

33 
 

subsurface flow using passive temperature. By definition, the geothermal gradient is the increase in the sub-

surface temperature with respect to the increase in the depth due to the heat produced in the earth and 

coming to the surface. The source of heat is mostly from naturally occurring radioactive elements inside the 

earth. It can be generally said that subsurface temperature deviation from the geothermal gradient can be 

indicative of the subsurface flow (Reiter, 2001). In application to quantify the vertical flow in stream bed 

exchange, passive temperature surface and subsurface temperature fluctuation is acquired to infer the water 

flux using the solution to convective-conductive equations (Constantz et al., 2002; Naranjo and Turcotte, 

2015; Taniguchi et al., 2003; Rau et al., 2010; Stallman, 1965; Vogt et al., 2010). The convection-conduction 

equation (Equation 1:11) is linearized, and 1D steady-state flow is assumed from which the mass flux is re-

lated to the temperature change. Bredehoftand and Papadopulos (1965) presented an analytical solution for 

1D steady-state heat transfer considering vertical flow with top and bottom boundary conditions at a con-

stant temperature. Following this work, there has been some works offering modification for the solution. 

Stallman (1965) used sinusoidal fluctuation at the surface and constant temperature at very deep instead of 

constant temperature. Mansure and Reiter (1979) and Reiteret al. (1989) showed that the estimate of steady-

state vertical flow could be obtained by using the plots of temperature gradient versus temperature in which 

the slope is proportional to multiplication of the vertical flux and media’s thermal properties. Soon it was 

realized that the effect of horizontal flow could not be ignored when using the passive temperature profile 

to estimate the vertical flux. The effect of the horizontal flux on the estimation of vertical flux was taken into 

account by the analytical solution proposed by Lu and Ge (Lu and Ge, 1996). Later, Roshan et al. (Roshan et 

al., 2012) proposed an analytical solution for a 2-D heat transfer model considering the horizontal flow. They 

found out that ignoring the horizontal groundwater flux will result in a -60% to 250% error in estimating the 

vertical groundwater flux.  

 For the quantification of the horizontal flow, Stallman (1963) solved the 1D steady-state heat trans-

fer equation (the steady-state form of Equation 1:11) with only horizontal flow components to find the effect 

of horizontal groundwater flow on the temperature profile with depth. As it is previously explained, the es-

timation of vertical and horizontal flux from passive temperature data may produce a significant error if one 

element of the flux is ignored. As an alternative to the passive temperature data, active heat tracing has been 

proposed and used for estimation of the horizontal groundwater flux. In this approach, a heater and temper-

ature probes are embedded in porous media. The continuously injected heat subjected to groundwater flow 

will lead to temperature time series in temperature probes. The time series and analytical solutions to the 

advection-diffusion problem can infer the magnitude of the flux. Some works suggest using multiple arrange-

ments of temperature probes to understand the flow direction as well. One of the earliest works belongs to 

Campbell et al. (1991), who designed the dual probe heat pulse sensors that comprise one temperature sen-

sor and one heating element kept at a fixed distance. Many works then used this tool and modified the ap-

proach analysis approach (Basinger et al., 2003; Bristow, 1998; Heitman et al., 2003; Welch et al., 1996). 

However, the dual probe heat pulse was not applicable to flow quantification and was used to estimate ther-

mal conductivity, thermal capacity, and volumetric water content of unsaturated soils. Ren et al. (1999) then 

modified the dual probe heat pulse sensors by adding another probe to the opposite side of the first temper-

ature probe (at the same distance), leaving the heating element in the middle. Then he used the modified 

tool in a column with saturated soil imposed on different water fluxes (Ren et al., 2000).  He used a dimen-

sionless parameter called maximum temperature drop to relate the temperature drop between probes and 

flux. He found the approach reasonably accurate even though the errors increased with an increase in flow 

rate. Wang et al. (2002) proposed a relationship between the temperature change between upstream and 

downstream temperature probes and the media's flow and thermal conductivity. Since then, many works 
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have reported modifying the devices and approaches to quantify groundwater fluxes in the subsurface (Hop-

mans et al., 2002; Gresswell. 2009; Lewandowski et al., 2011). To investigate three-dimensional flow, Ballard 

(1996) also invented a tool consisting of a heating cylinder and an array of 30 temperature probes and de-

ployed them permanently in an unconsolidated aquifer to measure groundwater flow velocity and directions. 

He found the fluxes' values and direction and the media's thermal properties using a mathematical model. 

Angermann et al. (2012a, 2012b) used a heating cylinder with 24 temperature sensors to investigate the flow 

magnitude and direction. They also proposed an algorithm to enhance the interpretation of heat pulse sensor 

results. They successfully applied it to a field site in the UK. They found out this approach can provide useful 

insight into the water flow directions and magnitudes. Recently, Banks et al. (2018) proposed a novel instru-

ment with three heat sources and 56 temperature sensors to capture three-dimensional flow direction and 

magnitude. They used the instrument in the field and in a sand tank with numerous controlled hydraulic 

conditions to validate the method. They concluded that this approach could capture all three components of 

the flow field around the observation points. Despite all developments and advances in creating heat pulse 

instruments, their application is still limited to very shallow depths and in most cases for local measurements. 

The introduction of active fiber-optic distributed temperature sensors provides new opportunities 

as a tool to measure groundwater fluxes profile along the cable. Fiber optic cables can be deployed using the 

direct push method to a higher depth (tens of meters) than other instruments reviewed previously. Bakker 

et al. (2015) performed a thermal tracer test by inserting six fiber optic and heating cables with one-meter 

spacing vertically into an unconsolidated aquifer in the Netherland. The active test was performed for four 

days, and temperature data recorded in fiber optic cables were used to estimate the horizontal groundwater 

flux and direction. Using this approach, they estimated the value and direction of the groundwater velocity 

and thermal conductivity and media heat capacity. Des Tombes et al. (2019) proposed an analytical solution 

to estimate the groundwater flux using a heating cable and fiber optic cable buried separately and vertically 

into the ground. They used their analytical solution to the data set obtained at two different sites. At the first 

site, a managed aquifer recharge, the fiber‐optic cables were inserted 15 m deep at various locations. In the 

second site, the fiber optic cables were inserted up to the depth of 45 m. They used their analytical solutions 

with data obtained in these two sites and found the flux profile versus depth. Recently, Simon et al. (2021) 

validated numerically and experimentally using an analytical solution to obtain the groundwater fluxes (spe-

cific discharges). We proposed a graphical approach to obtain the groundwater flux using active fiber-optic 

distributed temperature sensors in which the heating element is embedded inside the fiber optic cable. The 

graphical approach is based on several characteristic times that can be used with other thermal parameters 

to estimate the groundwater flux. It is shown that the temperature evolution recorded by fiber optic cable 

consists of three main stages, heating storage period, conduction-dominant, and advection-dominant. In the 

very first moments of the heating, the heat is stored in the cable, which must be corrected to be further used 

to infer the groundwater flux. In the conduction-dominant period, the heat-transfer from the cable to sur-

rounding media is governed by conduction, while in advection-dominant, the temperature becomes stable 

as the heat transfer is governed by advection.  In the conduction-dominant period, the slope in the plot of 

temperature change versus the natural logarithm of time permits to derive the thermal conductivity of the 

saturated porous media. We finally validated their approach in a laboratory controlled flow aquifer and found 

the excellent agreement between fluxes imposed and fluxes estimated from the temperature data. Being 

validated, the method can now be used to achieve distributed groundwater fluxes measurements in sandy 

aquifers. 
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1.3.5 Thermal tracer tomography 

The most common practice for using heat in subsurface tomography involves stressing the aquifer 

with a heat signal (Dirac pulse signal, Step signal, etc.) by injecting heated water into the aquifer and moni-

toring arrival heat pulses in other locations across the aquifer. One can discern the arrival of heat to a partic-

ular location by measuring the temperature with time and establish a temperature breakthrough curve. 

Breakthrough curves are characterized by their shape (dictated by the heat injection signal), their break-

through time (the time when the peak of the breakthrough curve is observed), and the attenuation due to 

the heat exchanged between heated water and rock's matrix (de La Bernardie et al., 2018). The transport of 

heat is linked to the groundwater movement through the preferential paths and the media's thermal char-

acteristics. The temperature evolution curves obtained at different aquifer locations coupled with a mathe-

matical model describing the conductive-advective heat transport in subsurface media undergo an inversion 

process to estimate the aquifer's hydraulic properties.  

 

Figure 1- 9 Schematic of thermal tracer tomography 

The thermal tracer tomography has been the subject of few studies both in porous and fractured 

media. Doro et al. (Doro et al., 2015) proposed a heat tracer experimental design and its field application to 

sandy gravel, the alluvial aquifer in Lauwisen Hydrogeological Research Site. They used a dipole forced gra-

dient flow and three-level injection system to inject heated water in the middle and ambient water in the 

above and below sections. They claimed that their results agree well with previous works on delineating the 

hydraulic properties of the site. Klepikova et al. (2016) also performed a thermal tracer test tomography at 

an alluvial aquifer in the Hermalle-sous-Argenteau site in Belgium. They also injected a dye tracer simultane-

ously with heat and monitored the evolution of temperature and dye concentration in the injection well and 

closely spaced monitoring wells. They found out that temperature evolution curves were contrary to their 

expectation of a layered aquifer, explained by unequal lateral and vertical heat transport. They also observed 

a complex heat plume that is due to lateral and vertical heterogeneity of the aquifer. A temperature-induced 
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water density effect was also noted due to the high temperature of injected water. They finally performed a 

point-based inversion approach to find the main preferential path by using temperature breakthrough 

curves. They concluded that thermal heat tracer could be a promising approach for the characterization of 

subsurface media. In another work, Somogyvari et al. (2016) developed the travel time-based thermal tracer 

tomography and applied (Somogyvári and Bayer, 2017) this approach to a series of thermal tracer tests per-

formed on a shallow alluvial sandy gravel aquifer in the Widen field site in northeast Switzer-land. They per-

formed repeated thermal tracer tests with distributed temperature monitoring to obtain multi-source, multi-

observation tomographic data. The heated water was injected through a double packer system as a forced 

hydraulic gradient condition was established. The obtained breakthrough curves and travel time-based to-

mography were used to estimate the hydraulic conductivity tomogram. They found that their results agree 

well with previously reconstructed aquifer hydraulic conductivity tomograms. They concluded that thermal 

tracer tomography would be a potential approach for resolving the structures and hydraulic conductivity field 

in heterogeneous aquifers sensitive to the borehole flow. A limitation was nevertheless due to the attenua-

tion of the signal that required short distances between the injection borehole and the monitoring boreholes 

(Somogyvari et al. 2017). 

There are not many works reported on using the thermal tracer for subsurface tomography in frac-

tured media. Klepikova et al. (2011) presented a tomography approach based on using the fractured bore-

holes' passive temperature profile. They showed a close relationship between the borehole flow profile and 

the borehole's passive fluid temperature profile. They used a numerical model to invert the temperature 

profile to the flow profile. They experimentally validated the proposed approach using temperature data and 

flow data measured by a heat pulse flow meter. Next, they proposed a three-step inversion approach 

(Klepikova et al., 2014) to use temperature profiles in the fractured borehole to estimate the transmissivity 

and connectivity of preferential flow paths in fractured boreholes. In the first step, they determined fracture 

zones, and then temperature profiles are inverted to flow profiles, and finally, flow tomography is applied to 

the flow profile obtained in the previous step. They applied the proposed approach to field data obtained in 

a fractured aquifer in Ploemeur in the northwest of France. They found the calculated fractures transmissivity 

and their connections correspond well with previous information about the site obtained by geophysical data 

and other flowmeter tests. 

1.4 Research motivation and thesis outlines 

In the previous section, we show that active FO-DTS is a promising tool that can provide flux meas-

urement with great spatial resolution over depth. Compared to the classical hydraulic tomography practices, 

which rely on a few hydraulic head measurements, A-FO DTS may provide a new interesting source of data 

that can be useful and sensitive to the transport processes. However, using this new source of data requires 

an understanding of the advantage and disadvantages compared to hydraulic head data. Chapter 2 describes 

the advantage of measuring and quantifying the flux data in porous media to reconstruct the aquifer's het-

erogeneity. We use a synthetic numerical model to show that subsurface flux data, which can be measured 

by active fiber-optic distributed temperature sensors, convey important information about the aquifer's het-

erogeneity. The numerical model is used to simulate the hydraulic tomography tests in which head data and 

flux data are measured in different locations. Then obtained head data and flux data undergo the inversion 

process, independently and jointly. The results show that flux data, whether used independently or jointly 

with head data, can better capture the aquifer heterogeneity than the cases that head data is solely used, 

especially for a very limited number of data points. As the number of measurements increases, the final 

inversion result would be independent of the data type. 
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Chapter 3 presents a real field application of the methodology developed in Chapter 2. The first 

objective was to test the feasibility of a field experiment designed for hydraulic tomography, including active 

FO-DTS for measuring fluxes. We thus describe the hydraulic tomography test performed on a shallow sandy 

gravel aquifer at Saint-Lambert site close to Quebec City. This sandy aquifer has been already used for hy-

draulic tomography experiments, and the availabilities of the direct-push methods at INRS makes possible 

the installation of the FO specifically designed for active DTS measurements. In this hydraulic tomography 

test, both head and flux data are measured and used to estimate the values and distribution of the hydraulic 

conductivity. Head data are recorded both in four open boreholes and two boreholes equipped by packers. 

Two active fiber optic cables buried in the aquifer by the direct push method measure the flux data. It is 

worth pointing out that to the best of our knowledge, this hydraulic tomography test is the first of its kind 

and has never been performed. Obtained head and flux data are used within a geostatistical inversion scheme 

to map the heterogeneity. 

It would be interesting to apply the same approach for the fractured media. However, the applica-

tion of the direct-push method to deploy the FO cable is currently limited to the shallow unconsolidated 

aquifer and cannot be used in crystalline rocks. In this case, the only opportunity to measure flux in the 

fractured media would be to access the media through the boreholes. Maldaner et al. (2019) and Munn et 

al. (2020) attempted to measure the groundwater flux by using A-FO DTS between the formation and liner. 

However, the current spatial resolution is too large, for precisely measuring the fracture flow. Furthermore, 

in the fractured media, the flow varies greatly, and local groundwater flux measured at the borehole scale 

may not be an appropriate representation of the media's flow. Thus, in order to counteract these challenges, 

we suggest measuring the vertical borehole flows using the passive temperature data by extending the work 

of Klepikova et al. (2011) and also employing the analytical solutions provided by Ramey (1962) and Hassan& 

Kabir (2002).  

Chapter 4 describes how passive heat can allow monitoring the dynamic of subsurface flow in the 

fractured boreholes. The monitoring process requires real-time measurement of passive temperature data 

along the borehole attained by fiber-optic distributed temperature sensing. Each recorded temperature pro-

file is converted to the flow profile along the borehole, and fracture contributions are determined. This chap-

ter shows the added value of using temperature for real-time flow quantification in fractured boreholes, 

enabling us to capture the dynamic change in the aquifer's hydraulic state and fractures' contribution to the 

total flow. 

Finally, Chapter 5 summarizes this work's key findings and contributions and presents recommen-

dations for future researches and development. This thesis comprises five chapters, with three core chapters 

(Chapters 2, 3, and 4) written as stand-alone manuscripts submitted or in preparation for possible publica-

tions in peer-reviewed journals.  
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2.1 Abstract 

The hydraulic conductivity distribution is a key control on groundwater flows in aquifers. Hydraulic 

tomography is a state of the art method for inferring hydraulic conductivity fields using head data. Here, a 

numerical model is used to simulate a steady-state hydraulic tomography experiment by assuming a Gaussian 

hydraulic conductivity field (also constant storativity) and generating the head and flux data in different ob-

servation points. We employed geostatistical inversion using head and flux data individually and jointly to 

better understand the relative merits of each data type. For the typical case of a small number of observation 

points, we find that flux data provide a better resolved hydraulic conductivity field compared to head data 

when considering data with similar signal-to-noise ratios. In the case of a high number of observation points, 

we find the estimated fields to be of similar quality regardless of the data type. A resolution analysis for a 

small number of observations reveals that head data averages over a broader region than flux data and flux 

data can better resolve the hydraulic conductivity field than head data. The inversions' performance depends 

on borehole boundary conditions, with the best performing setting for flux data and head data are constant 

head and constant rate, respectively. However, the joint inversion results of both data types are insensitive 

to the borehole boundary type. Considering the same number of observations, the joint inversion of head 

and flux data does not offer advantages over individual inversions. By increasing the hydraulic conductivity 

field variance, we find that the resulting increased non-linearity makes it more challenging to recover high-

quality estimates of the reference hydraulic conductivity field. This paper's finding would be useful for future 

planning and design of hydraulic tomography tests comprising the flux and head data. 

KEYWORDS: hydraulic tomography, groundwater flux, geostatistical inversion, principal component geosta-

tistical analysis (PCGA), resolution analysis 

2.2 Introduction 

Knowledge of hydraulic conductivity distributions is of great importance for the management of 

water resources (Liu et al., 2020), solute transport prediction (Yeh, 1992; Jiménez, 2015) and designing re-

mediation of contaminated sites (Fakhreddine et al., 2016). A variety of geophysical (Kowalsky et al., 2004; 

Revil et al., 2012; Slater, 2007) and hydraulic methods (Brauchler et al., 2003; Yeh and Liu, 2000; Zhu and 

Yeh, 2005), including tracer-based measurements (Doro et al., 2015; Jiménez et al., 2016; Somogyvári and 

Bayer, 2017), have been developed and employed for characterizing hydraulic properties (Lochbühler et al., 

2013). In hydraulic flow methods, head data responses to hydraulic perturbations (pumping, tidal fluctuation, 

etc.) are measured at different locations across the aquifer. The recorded head data are then used to esti-

mate the spatial distribution of hydraulic conductivity (K) and storativity. A distinct advantage of hydraulic 

methods for imaging purposes is that the hydraulic response of an aquifer is directly related to its hydraulic 

parameters described by flow equations (Fakhreddine et al., 2016), while in most geophysical methods, the 

hydraulic properties are inferred from other estimated physical properties, thereby, requiring petro-physical 

relationships. For convenience, we define Y=log(K) and use it afterward.  

Hydraulic tomography has received considerable attention and has been the subject of many the-

oretical and numerical (Fienen et al., 2008; Luo et al., 2020; Yeh and Liu, 2000; Zha et al., 2018; Zhu and Yeh, 

2005), laboratory (Illman et al., 2008, 2010; Liu et al., 2002, 2007; Yin and Illman, 2009; Zhao et al., 2016), 

and field studies (Berg and Illman, 2015, 2013, 2011; Bohling et al., 2007; Brauchler et al., 2013, 2011, 2010, 

2003; Cardiff et al., 2009, 2013; Cardiff and Barrash, 2011; Fischer et al., 2017; Gottlieb and Dietrich, 1995; 

Huang et al., 2011; Klepikova et al., 2013; Kuhlman et al., 2008; Paradis et al., 2016, 2015; Sun et al., 2013; 
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Tosaka et al., 1993). However, hydraulic tomography based on pressure data has limitations. One is inherent 

to the underlying potential field physics as measured head data are spatially averaged due to the diffusive 

nature of pressure disturbances created during the test (Bohling and Butler Jr, 2010). This averaging results 

in tomographic estimates displaying a high degree of smoothing compared to the actual underlying aquifer 

properties. This smearing of the reconstructed hydraulic conductivity field may lead to degraded predictions 

for transport problems. Another limitation appears in applying hydraulic tomography in high conductivity 

aquifers as hydraulic tests lead to small drawdown values, implying high relative uncertainty of the measured 

head perturbations and correspondingly low signal-to-noise ratio data. Adding other types of non-redundant 

data in hydraulic tomography can help to better image the subsurface (Mao et al., 2013; Yeh et al., 2015). In 

this regard, Zha et al. (2014) demonstrated the usefulness of flux data (specific discharge) for hydraulic to-

mography in a 2D synthetic fractured media mimicking a field site in Mizunami, Japan. In their model, fracture 

elements (assumed as linear features) were given a Y-value of 1, while a value of -1 and -2 was assigned to 

elements representing the rock matrix and low permeable fault zones, respectively. Then seven steady-state 

pumping tests were simulated, and obtained head and flux data were used to estimate the Y-field. Estimated 

mean, variance, and correlation length of the Y-field were applied as prior information to the inversion 

model. Using the cross-correlation approach, they showed that even if the head and flux would be measured 

at the same location, they contribute differently to the Y-field's construction. Their synthetic work showed 

that using flux data with head data improves the estimation of Y-field values and the fracture distribution. In 

another study, Tso et al. (2016) performed numerical test studies on a 3D model identical to the one at the 

North Campus Research site in Waterloo, Canada. They simulated pumping in this porous aquifer, obtaining 

head data and flux data in different locations. Then, head and flux data were subjected to inversion, consid-

ering different prior information. They showed that using flux data jointly with head data in hydraulic tomog-

raphy can enhance hydraulic conductivity estimates. Furthermore, they found out that the estimated hy-

draulic conductivity field is less affected by an inadequate prior model when non-redundant data such as flux 

are used. 

Up to some recent developments, measuring groundwater fluxes in the field was limited to local 

and tedious measurements. The most popular technique for quantifying groundwater flux in the field was 

based on dilution tests (Drost et al., 1968; Jamin et al., 2015; Schneider et al., 2019), where the dilution of an 

injected tracer inside a screened borehole or within packers permits to measure the horizontal groundwater 

flux. Nevertheless, boreholes disturb the flow field and affect the measurements; hence, the measured val-

ues may not represent the real flux values. Recently, the advent of Fiber Optic Distributed Temperature Sen-

sors (FO-DTS) lead to new possibilities for measuring groundwater discharge with unprecedented spatial and 

temporal resolutions (des Tombe et al., 2019; Simon et al., 2021)  

FO-DTS is a distributed sensor family member that allows measurement of temperature all along 

the fiber optic cable. FO-DTS can be employed in both passive and active modes. In passive mode, only the 

fiber optic cable's temperature is measured, while in active mode, a heat source is added to the fiber optic 

cable by using a heating element located very close to the FO cable or by using a heating fiber optic cable. 

Active-DTS have been developed for instance, for measuring borehole flows (Read et al., 2014), wind speed 

(Sayde et al., 2015), or for characterizing groundwater fluxes in fractured media (Maldaner et al., 2019). It 

has recently also been used for measuring groundwater discharge in sedimentary aquifers; the FO cable being 

deployed successfully by the direct-push method (Bakker et al., 2015; des Tombe et al., 2019). In this case, 

the buried cable is in direct contact with the ground with the minimum subsurface perturbation compared 

to natural conditions. Simon et al. (2021) showed that active-DTS might be used for measuring both thermal 

conductivities and groundwater fluxes on a large range of values with excellent accuracy. The experiment's 

                                      



Individual and joint inversion of head and flux data by geostatistical hydraulic tomography 

41 
 

principle, which is described in figure 2-1, consists of monitoring the temperature evolution with time, which 

is a function of the surrounding area's thermal properties (porous medium) and groundwater fluxes that limit 

the temperature rise. Typically, the slope of the temperature rise in the conduction regime is inversely pro-

portional to thermal conductivity, while the greater the groundwater fluxes, the lower the temperature at 

stabilization (figure 2-1). The temperature evolution with time may be easily interpreted to estimate ground-

water fluxes through an analytical solution or by using a graphical analysis (Simon et al., 2021). It is worth 

noting that the application of A-FO DTS for flux measurements is currently limited to shallow and unconsoli-

dated aquifers due to limitations in deployment by the direct push method. 

 

 

Figure 2-1: Schematic of the steps of using Active FO-DTS to infer a groundwater flux profile with depth. (Step 1) An Active fiber 
Optic Cable is deployed vertically into the ground in close contact with the formation. (Step 2) The cable is heated (active mode), 
and the cable temperature during the heating (first 20 hours) and cooling periods (from 20 to 40 hours) is measured. Each curve 

corresponds to one-point measurement along the FO-cable. (Step 3) In semi-logarithmic plot, the slope of the temperature profile 
is used to estimate the thermal conductivity while the temperature at stabilization is dependent on groundwater fluxes (Simon et 
al., 2021). (Step 4) Measured temperature data along the fiber optic cable are converted to a flux profile with depth, with each "+" 

sign indicate one datum. 

New advances in distributed sensing of groundwater flux make it an appealing data source for in-

dependent inversion or joint inversion with hydraulic head. This work assumes that groundwater fluxes can 

be inferred from the above-mentioned techniques at a given spatial resolution and accuracy. Using a geosta-

tistical hydraulic tomography approach, we then address the benefits and drawbacks of using either head or 

flux data individually or jointly. More specifically, we address the following questions. 

(1) Considering equal numbers and distributions of flux and head data, which data type leads to the best 

reconstruction of hydraulic conductivity? 

(2) How does the number of observations affect the inversion results? 
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(3) How does inversion performance for the different data types vary with the hydraulic conductivity field 

variance? 

The paper is structured into six sections. Section 2 presents the geostatistical inversion method and the for-

ward model employed. In section 3, we describe the hydraulic conductivity test model used for our analysis. 

In sections 4 and 5, we present and discuss the main results, respectively, and section 6 concludes the paper 

2.3 Methods 

The Principal Component Geostatistical Approach (PCGA) is a computationally-efficient geostatisti-

cal inversion method. PCGA uses the main principal components of the prior model covariance matrix for 

model parameterization and corresponding estimates of the Jacobian (sensitivity matrix). The resulting 

model reduction from a model of many gridded elements to the number of retained principal components 

leads to smaller matrices to invert and fewer sensitivities to estimate, implying less computational costs than 

full inversions. This method has been employed extensively in recent years (Fakhreddine et al., 2016; Fischer 

et al., 2017; Kang et al., 2017; Lee et al., 2018; Soueid Ahmed et al., 2016). In this study, we use PCGA com-

bined with the Matlab Reservoir Simulation Toolbox (MRST) that simulates fluid flow in porous media (for-

ward model) to perform inversion of head and flux data. 

2.3.1 Inverse model 

Inferring properties of subsurface media (storage, hydraulic conductivity) from error-contaminated and 

sparse observed data (head data, flux data, etc.) is an inverse problem and can be formulated as follow: 

𝐝 = 𝑓(𝐦) + ƞ, 

Equation 2:1 – Formulation of the inverse problem 

where d, f (-), m, and ƞ refer to measured data, forward model, model parameters and errors, respectively. 

The forward model refers to a non-linear operator solving a set of differential equations numerically or ana-

lytically to describe the relationship between model parameters and data. From a mathematical point of 

view, the inverse problem is ill-posed and the solution is non-unique, implying that additional information 

(e.g., a prior model) is required to obtain unique and physically-meaningful results. Here, the subsurface is 

described as a multi-Gaussian stationary field with known statistical properties and a superimposed deter-

ministic trend. In the presence of a multivariate Gaussian prior model and error distribution, it is common to 

formulate the inverse problem in terms of an exploration of the maximum a posteriori (MAP) estimate and 

its variance. In such a setting, the solution of the inverse problem is obtained by maximizing a posterior prob-

ability density function (maximizing the term in bracket) expressed by using Bayes's theorem as follow: 

πpost(𝐦|𝐝)~exp[
-1

2
(𝑓(𝐦) − 𝐝)𝐂d

-1(𝑓(𝐦) − 𝐝)+
-1

2
(𝐦 − 𝐦prior)𝐂m

-1(𝐦 − 𝐦prior)] 

Equation 2:2 – Posterior probability density function expressed by Bayes theorem  

where Cm and Cd are the a priori model covariance and data covariance matrix, respectively. 

Geostatistical methods have been widely used and proven to be efficient for hydraulic tomography 

purposes (Illman et al., 2015). The iterative optimization process obtains the model parameters. The solution 

at (i+1)th iteration is calculated as:  
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𝐦𝑖+1 = 𝐗𝛃𝑖+𝐂m𝐉𝑖
Tε𝑖 , 

Equation 2:3 – model parameter at each iteration 

where X is a known matrix, and β is an unknown vector used to determine linear trends that is inferred along 

with ε by solving the system of equations below. Here J represents the Jacobian matrix that is the sensitivity 

of the forward model output (at observation points) with respect to the unknown model parameters. 

[
𝐉𝑖𝐂m𝐉𝒊

T + 𝐂d

(𝐉𝑖𝐗)T
𝐉𝑖𝐗
0

] [
ε𝑖

𝛃𝑖
] = [

𝐝 − 𝑓(𝐦𝑖) + 𝐉𝑖𝐦𝑖

0
]  

Equation 2:4 – model parameter at each iteration 

2.3.2 Principal Component Geostatistical Approach 

Calculating the Jacobian matrix (J) used in equations 2:3 and 2:4 for high-dimensional problems 

often requires a very high computational effort. Lee and Kitandis (2014) proposed the Principal Component 

Geostatistical Approach (PCGA), which uses a low-rank approximation of the prior covariance via principal 

component analysis and avoids forming the Jacobian explicitly by using a finite difference approximation 

(equation 2:5 (d)) for products of the Jacobian matrix and eigenvalues (equations 2:5 (b) and (c)). This results 

in a faster inversion process of high accuracy, provided that a sufficient number of principal components are 

retained. The terms that are used for geostatistical inversion in equation 2:4 are approximated through the 

P largest principal components as follow: 

𝐂m ≈ 𝐂m𝑃 = ∑ (ςii)(ςii)
T,

𝑃

ii=1

  

 

 
(a) 

𝐉i𝐂m ≈ 𝐉i𝐂mP = 𝐉i ∑ (ςii)(ςii)
T

𝑃

ii=1

= ∑ (𝐉iςii)(ςii)
T

𝑃

ii=1

,  

 

 
(b) 

𝐉i𝐂m𝐉i
T ≈ 𝐉i𝐂mP𝐉i

T = ∑ (𝐉iςii)(𝐉iςii)
T

𝑃

ii=1

 ,  

 

 
(c) 

𝐉iςii ≈
1

δ
[𝑓(𝐦i+δςii)-𝑓(𝐦i)] .  

 

 
(d) 

Equation 2:5 – Approximation of the terms used in geostatistical inversion by P number of principal components by PCGA 

Here, CmP is a rank-P approximation of the model parameter covariance matrix. The CmP and Jacobian matrix 

products required for the inversion (equation 2:4) are given by equations 2:5 (b) and (c). The choice of the 

finite difference interval 𝛿 is addressed by Lee and Kitandis (2014). 

The diagonal entries of the posterior covariance matrix (vjj) are often presented as the estimation 

of the variance and can be calculated without explicit construction of v (Lee and Kitanidis, 2014) 

𝐯𝑗𝑗 = 𝐂m 𝑗𝑗 − [
(𝐉𝐗)𝑗

𝐗T
]
T

[
𝐉𝐂m𝐉T + 𝐂d

(𝐉𝐗)T
𝐉𝐗
0

]

-1

[
(𝐉𝐗)j

𝐗j
T ] , 

Equation 2:6 – posterior covariance matrix 

                                      



Individual and joint inversion of head and flux data by geostatistical hydraulic tomography 

44 
 

where Cmjj represents the jth diagonal entry of the model covariance matrix and (JX)j is the jth column of the 

product JX. 

Once the model parameters are determined, it is desirable to perform a resolution analysis by ob-

taining the resolution matrix (R), which can be seen as a low pass filter that maps the true model parameters 

to the estimated model parameters (e.g., Alumbaugh and Newman, 2000). Each model parameter during the 

inversion is estimated from the averaging of other model parameters adjacent to the one of interest. The 

components of R can be interpreted as weights (each row in the resolution matrix) of the average of true 

model parameters for estimating each model parameter (Day‐Lewis et al., 2005). The ideal resolution matrix 

would be an identity matrix that would imply that all model parameters are resolved perfectly. The deviation 

of the diagonal element from the identity matrix reveals the degree of averaging and smoothness. Thus, 

plotting diagonal elements of the resolution matrix in their corresponding blocks is indicative of the degree 

of smoothness. The diagonal elements of the resolution matrix (equation 11) inform the extent to which each 

estimated parameter is resolved independently. 

The resolution matrix (R) is obtained by equation 2:7(b), which requires recovering the Jacobian 

matrix (J) from the previously calculated product (equation 6) and low rank-approximation of the covariance 

matrix (CmP); 

𝐦estimate = 𝐑𝐦true  , (a) 

𝐑 = (𝐉T(𝐂d)
-1𝐉)-1(𝐉T(𝐂d)

-1𝐉). (b) 

                                                                                 Equation 2:7 – Resolution matrix 

2.3.3 Forward model 

The incompressible fluid flow module of MRST (Lie, 2019) was used to simulate steady-state 

groundwater flow. It is used to calculate head and flux values at different points across a confined aquifer. 

Starting from the mass conservation law on a control volume, introducing the Darcy law, assuming incom-

pressible fluid flow and steady-state condition, the final form of the equation reads: 

−∇.[𝑲(𝐰).∇ℎ(𝐰)] = 𝐪(𝐰) , 

Equation 2:8 – groundwater flow equation 

subjected to the following constant head boundary conditions across external boundaries: 

ℎ=ℎD   for   �⃗⃗� ∈ Γa 

Here, w= (x, y, z), K (L/T), h (L), and q [L/T] represent the hydraulic conductivity, head and fluid source or sink 

(inflow or outflow of fluid per volume at certain locations), respectively. Гa represents Dirichlet boundaries. 

The above equations are solved numerically to calculate the head values at grid points across the aquifer. 

The MRST uses the two-point flux approximation scheme (Lie, 2019) to calculate the Darcy flux in each grid. 
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2.4 Numerical experiments 

2.4.1 Setup of the synthetic test case 

To assess the information content of hydraulic head and groundwater flux data for the reconstruc-

tion of heterogeneous aquifers, a stationary multi-Gaussian log-hydraulic conductivity field is generated, re-

sulting in the field, shown in figure 2-2. The generated aquifer is 550 m in length, 550 m in width and 5 m in 

depth. The aquifer is discretized into 110 × 110 × 1 in x-, y-, z- directions and corresponding block sizes are 5 

m × 5 m × 5 m, respectively. The aquifer is assumed to have one layer (in order to reduce the complexity of 

analysis of the results and fairly compare the advantages and drawbacks value of each type of data), and the 

log-hydraulic conductivity field has a multi-Gaussian distribution. The area of interest is chosen in the middle 

of the aquifer, away from the boundaries, to reduce the boundaries' effect on the inversion. All boundaries 

are set to a constant head equal to 350 m. 

The correlation length used for generating the Y-field is 75 m and 45 m for x- and y-directions, 

respectively. The same field (same heterogeneity structure) with different variances of 0.5, 1, 2, and 4 are 

generated to assess the effect of variance and number of observations on the inversion results. The mean 

Ymean is -3.57 for all cases, but the Y-fields variance and ranges are different for different experiments. 

We use a five-spot setup with a central borehole (P1) and four boreholes (P2, P3, P4 and P5) on the 

corners of the area of interest (bounded by white dashed lines in figure 2-2). Other monitoring points are 

also considered between the boreholes, as shown by asterisk symbols. The aquifer is subjected to a series of 

pumping experiments in each borehole. Two different boundary conditions in the borehole, namely, constant 

rate and constant head, are considered. When simulating pumping in one borehole, the head and flux values 

are recorded in other boreholes and monitoring points. The acquired flux and head data are noise-contami-

nated before being used to estimate the Y-field. 

 

Figure 2-2: Reference Y-field (variance 4), borehole (P1 to P5), and monitoring locations (asterisks). All boundaries are set to the 
constant head. The white dash-lines crossing the side boreholes define the area of interest. 
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2.4.2 Hydraulic tomography using head and flux data 

Our numerical inversion experiments aim to compare the relative merits of each data type and 

analyze how borehole boundary conditions (constant head or constant rate), the variance of the Y-field, and 

the number of observations affect the inversion results. The observational data are generated using the ref-

erence hydraulic conductivity field, and a normally distributed error is added to the observations. The stand-

ard deviations of these errors are different in all cases. The errors' standard deviations were chosen to be in 

a realistic range while ensuring the same initial signal-to-noise ratio of 38 for all cases defined by running the 

code using Ymean. The resulting measurement errors range from 0.05 to 0.013 (m) for the head and 0.055 to 

0.01 (m/day) for the flux. 

PCGA with previously mentioned geostatistical parameters are used for the inversion. The trunca-

tion order (p-rank) of the prior covariance matrix is chosen as 400 out of 12100. Based on the recommenda-

tion by Lee et al. (2016), the truncation order (P), which results in the relative Eigenvalue error below 0.01 

would be sufficient to capture most of the covariance matrix structure. The relative Eigenvalue error is de-

fined as the ratio of first to (P+1)th Eigenvalue. We have chosen P to be more conservative than having a ratio 

of 0.01. For Y-field with variance 4, the first Eigenvalue is 1411.47, while the 401st Eigenvalue is 0.047 giving 

the ratio of 3.25×10-5. 

The inversion starts with a constant value of Ymean and continues until the root mean square error 

between observed and simulated measurement, normalized with the error standard deviation (weighted 

root mean square error), defined in equation 2:9 reaches a value close to one or after ten iterations. 

WRMSE=√
1
N∑ (𝐝-𝑓(𝐦estimate))2

N

1

σ2
  , 

Equation 2:9 – Weighted root mean square error 

here N is the number of observations and σ is the absolute value of the error's standard deviation. 

2.4.2.1 Boundary condition at the pumping borehole 

Hydraulic tomography is simulated considering two different borehole boundary conditions, con-

stant rate (the borehole is being pumped with constant flow rate) and constant head (the head in the bore-

hole is kept constant). Note that the external boundary conditions do not change and are kept fixed. The 

pumping rates used in the model are 2400, 4000, 1750, 5000, and 3800 (m3/day) for P1, P2, P3, P4, and P5, 

respectively. The equivalent constant head borehole boundary conditions are 324, 340, 300, 329, and 336 

(m) for P1, P2, P3, P4, and P5, respectively 

2.4.2.2 Variance of Y-field and number of observation points 

The effect of the Y-field variance is also investigated by considering four different variances (0.5, 1, 

2, and 4). Furthermore, a different number of observation points are used to assess their impact on the final 

inversion results. The observation points are distributed symmetrically in the aquifer. The minimum number 

of observation points considered is the boreholes (4 observation points) and the maximum are boreholes 

plus points in the middle shown by asterisk symbols (32 observation points). 
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2.4.2.3 Performance Metrics 

To evaluate each data type's performance in estimating Y, we use the Frobenius norm and scatter plots of 

estimated versus reference Y for each case. The Frobenius norm for the vector of difference between the 

reference Y and estimated Y is: 

NormFr=√∑ |𝐘reference-𝐘estimated|
N

1

2

 

Equation 2:10 - Frobenius norm calculated for Y estimates 

Furthermore, the correlation coefficient between reference Y and estimated Y values and their correspond-

ing slope lines are calculated. 

2.5 Results 

2.5.1 Inversion of head data 

First, the head data is individually inverted to obtain the Y-field. Here, the results are presented 

once 4 observation points (only the observations in the boreholes), 8, 16 and 32 observation points are used. 

For each case, two different borehole boundary conditions are considered, constant rate and constant head. 

Figure 2-3 shows the estimated Y-field with a variance of 4, and Table 2-1 represents the performance met-

rics. 
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Figure 2- 3: Hydraulic conductivity field (variance 4) estimates for hydraulic head data: (a) inversion result for 4 observations point 
and constant rate B.C., (b) inversion result for 4 observations point and constant head B.C., (c) inversion result for 8 observations 
point and constant rate B.C., (d) inversion result for 8 observations point and constant head B.C., (e) inversion result for 16 observa-
tions point and constant rate B.C., (f) inversion result for 16 observations point and constant head B.C., (g) inversion result for 32 
observation points and constant rate B.C.,  (h) inversion result for 32 observation points and constant head B.C. (i) reference Y-field 
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Table 2-1: Summary of the performance metrics for inversion of head data in the area of interest 

Variance Boundary 

Condition 

Number of 

observa-

tions 

Frobenius norm Correlation coeffi-

cient 

Slope Final 

WRMSE 

 

 

 

 

 

 

4 

 

 

Constant 

Rate 

4 68.4 0.27 0.13 1.19 

8 48.27 0.75 0.62 1.05 

16 30.4 0.9 0.76 0.97 

32 23.47 0.94 0.95 1.1 

 

 

Constant 

Head 

4 85.5 0.49 0.32 1.00 

8 75.15 0.68 0.48 0.96 

16 61.9 0.82 0.67 1.26 

32 54.90 0.9 0.93 1.23 

 

For all cases considered, we find that changing borehole boundary condition from constant rate to 

constant head deteriorates the Y-field estimation as the Frobenius norm listed in Table 2-1 increases from 

68.4 to 85.5, 48.27 to 75.15, 30.4 to 61.9 and 23.47 to 54.90 for 4, 8, 16 and 32 observation points, respec-

tively. Comparing figures 2-3(a) to 3-3(h) with the reference Y-field (figure 2-3 (i)) also show that cases with 

constant rate boundary conditions resemble more reference Y-field. The use of constant head borehole 

boundary condition results in an underestimation of Y-field values and the mean value of Y-field. For instance, 

in the case of 4 observation points, the mean value of the estimated Y-field is around -4 for constant head 

boundary condition while it is -3.45 for constant rate boundary condition. The mean value for reference Y-

field is -3.57. 

Adding more observations leads to better results. This is reflected in the improvement of the cor-

relation coefficient from 0.27 to 0.94 for constant rate borehole boundary condition and from 0.49 to 0.93 

for constant head boundary condition. The increase of slope from 0.13 to 0.95 and from 0.32 to 0.93 for 

constant rate and constant head boundary conditions further certifies the previous statement. 

2.5.2 Inversion of flux data 

This subsection presents the results of individual inversion of flux data. Figure 2-4(a) to (i) show the 

Y-field estimates for 4, 8, 16 and 32 observation points subjected to constant rate and constant head bore-

hole boundary conditions. Table2-2 summarizes. 
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Figure 2-4: Hydraulic conductivity field (variance 4) estimates for flux data: (a) inversion result for 4 observations point and constant 
rate B.C.,  (b) inversion result for 4 observations point and constant head B.C., (c) inversion result for 8 observations point and con-
stant rate B.C.,  (d) inversion result for 8 observations point and constant head B.C.,  (e) inversion result for 16 observations point 
and constant rate B.C.,  (f) inversion result for 16 observations point and constant head B.C., (g) inversion result for 32 observation 
points and constant rate B.C., (h) inversion result for 32 observation points and constant head B.C., (i) reference Y-field 
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Table 2-2: Summary of the performance metrics for inversion of flux data in the area of interest 

Variance Boundary Condi-

tion 

Number of 

observa-

tions 

Frobenius 

norm 

Correlation coeffi-

cient 

Slope Final 

WRMSE 

 

 

 

 

 

 

4 

 

 

Constant Rate 

4 81.2 0.45 0.22 1.31 

8 65.61 0.76 0.56 1.19 

16 62.2 0.79 0.77 1.34 

32 53.6 0.9 0.90 2.12 

 

 

Constant Head 

4 64.53 0.53 0.29 1 

8 47.7 0.77 0.61 1 

16 44.72 0.8 0.81 0.95 

32 32.03 0.92 0.91 1.45 

 

Contrary to head data, we find that constant head boundary conditions provide a better Y-field 

estimate when considering flux data. The better performance of the constant head (with respect to constant 

rate) boundary condition is seen, for instance, by comparing the values of the Frobenius norm given in Table 

2-2. For the case of 4, 8, 16, and 32 observation points, the Frobenius norm decreases from 81.2 to 64.53, 

65.61 to 47.7, 62.2 to 44.7, and from 50.51 to 32.03, respectively. Using constant rate boundary condition 

for the flux data results in an underestimation of the Y-field mean. Considering the case with 4 observation 

points, the estimated Y-field's mean value with the constant rate boundary condition is around -4 while it is 

around -3.4 for the constant head boundary condition.  

Comparing the values of Frobenius norm for the head and flux data given in Table 2-1 and Table 2-

2 reveals that for a small number of observations (4 observation points), using flux data with constant head 

boundary condition gives a better Y-field estimate compared to head data with constant rate boundary con-

dition as the Frobenius norm decreases from 68.4 to 64.53. This improvement is further supported by an 

increase in the correlation coefficient from 0.2744 to 0.446 and slope as it increases from 0.127 to 0.22. Note 

however that for a larger number of observations, no improvements are observed. 

2.5.3 Joint inversion of flux and head data 

The results obtained by joint inversion of flux and head data are provided in Figure 2-5 (a) to (e) 

that show the Y-field estimate for 8, 16, 32, and 64 observations subjected to the constant head and constant 

rate borehole boundary conditions. The inversion metrics are outlined in Table 2-3. It should be noted that 

we have two measurements (head and flux) for each point shown leading to 64 observations for 32 observa-

tion points for instance. 
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Figure 2-5: Hydraulic conductivity field (variance 4) estimates from joint inversion: (a) inversion result for 8 observations point and 
constant rate B.C., (b) inversion result for 8 observations point and constant head B.C., (c) inversion result for 16 observations point 
and constant rate B.C., (d) inversion result for 16 observations point and constant head B.C., (e) inversion result for 32 observations 
point and constant rate B.C., (f) inversion result for 32 observations point and constant head B.C. (g) inversion result for 64 observa-
tion points and constant rate B.C., (h) inversion result for 64 observation points and constant head B.C., (i) reference Y-field 
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Table 2-3: Summary of the performance metrics for joint inversion of head and flux data in the area of interest 

Variance Boundary 

Condition 

Number of 

observa-

tions 

Frobenius 

norm 

Correlation coefficient Slope Final 

WRMSE 

 

 

 

 

 

 

4 

 

 

Constant 

Rate 

8 51.8 0.7 0.34 0.8 

16 39.7 0.82 0.68 1.24 

32 24.44 0.94 0.92 2.25 

64 22 0.96 0.98 1.13 

 

 

Constant 

Head 

8 53.97 0.64 0.51 1.1 

16 38.34 0.84 0.74 1.13 

32 27.38 0.93 0.92 1.5 

64 21.71 0.95 0.97 1.65 

 

Considering constant head boundary condition, the Frobenius norm for the 8, 16, 32 and 64 observations, is 

51.8, 39.7, 24.44 and 22, respectively, while for it is 53.97, 38.34, 27.38 and 21.71 for constant rate boundary 

condition. It is evident that for equal number of observations, the Frobenius norm are close to each other 

which suggests that changing of the borehole boundary condition does not significantly affect the results of 

joint inversion.  

The joint inversion results (Table 2-3) does not demonstrates any improvement compared to the individual 

inversions (Tables 2-1 and 2-2) when considering the same number of observations. The joint result lies be-

tween head and flux data inversion result. For 8 observations, the minimum Frobenius norm obtained for 

head, flux and joint inversion are 48.27, 47.7 and 51.8, respectively. For 16 observations, the minimum Fro-

benius norm obtained for head, flux and joint inversion are 30.4, 44.72 and 38.34, respectively while it is 

23.47, 32.03 and 24.44 for 32 observations. However, it should be noted that the comparison is made for the 

same number of observations and not for the same number of observation points. For the same number of 

observation points, it is clear that joint inversion has double number of observations compared to sole inver-

sion of head and flux which leads to better estimate of hydraulic conductivity field. 

2.6 Discussion 

2.6.1 General findings 

Considering the results of all 96 inversion cases, we find that inversion of flux data (with appropriate 

borehole boundary condition) leads to better resolved Y-field estimates then when considering head data. 

Nevertheless, the quality of the inversion results is strongly dependent on the type of boundary condition 

used in the borehole. The results in Tables 2-1 and 2-2 suggest that it is more suitable to use constant rate 

boundary condition for head data and constant head boundary condition for the flux data as reflected in 

Frobenius norms' values. The reason is that if the observation is head data and the borehole boundary is set 

                                      



Individual and joint inversion of head and flux data by geostatistical hydraulic tomography 

54 
 

to constant head, the model response (head) will have less sensitivity to change of Y-field values. The same 

argument is also valid for the flux data.  

 The effect of the boundary is essential for proper experimental design. The experimental designs 

should ensure that once head data are intended to be used for the inversion, wells must be pumped at a 

constant rate while for the inversion of the flux data, the head in the borehole should be kept fixed. Other 

borehole boundary conditions lead to an underestimation of hydraulic conductivity values. However, for the 

joint inversion of both data, the type of borehole B.C. does not play a significant role. 

Tso et al. (2016) and Zha et al. (2014) have stated that joint inversion of head and flux data results 

in better estimation of Y-filed in the porous and fractured media compared to the head data. However, joint 

inversion of both data does not offer any advantage over the individual inversion of the flux and head data 

when considering an equal number of observations. In fact, in this study, we showed that for a constant 

signal-to-noise-ratio the inversion performance for each type of data depends largely on the number of ob-

servations. For a small number of observations, the flux data provides a superior Y-field estimate compared 

to inversion of head data, while for the higher number of observations, all data types perform almost the 

same. However, if we would be able to measure flux and head data at the same location, then for the same 

number of observation points, joint inversion of flux and head data provide better estimate of Y-field as the 

number of observations are doubled. Furthermore, we showed the importance of borehole boundary condi-

tions for hydraulic tomography experiment design based on the type of data intended to be used and ac-

quired. It is worth mentioning that we do not see significant differences for a high number of observations 

comparing inversion results of flux and head data. In the following, we also show the integrative nature of 

head data and the fact that flux data can better resolve the Y-field for small number of observations through 

performing resolution analysis. Resolution analysis for the case of the variance of 4 and 4 measurement 

points demonstrates that flux data can better resolve the hydraulic conductivity field compared to head data 

(figure 2-6). Figure 2-6 shows the diagonal elements of the resolution matrix (calculated in the final inversion 

iteration) for head data, flux data, and joint inversion of both data are plotted on their corresponding blocks, 

respectively. 

Considering the best Y-field estimates obtained for the head (constant rate boundary condition) 

and flux (constant head boundary condition) data for calculating the resolution matrices, as shown in figure 

2-6 (a) and 2-6 (d), it can be stated that model parameters (hydraulic conductivity values) are poorly resolved 

by head data while much better resolved when flux data are used. This is manifested by comparing both the 

values and coverage area of non-zero elements larger than 0.005. It is evident that once the head data are 

used for the inversion, the degree of smoothing and averaging is higher compared to the case in which the 

flux data are used. It is worth noting that using the constant head boundary condition for head data can 

better resolve the Y-field heterogeneity structure than the constant rate boundary condition, even though it 

underestimates the Y-field values. Comparing figure 2-6 (a) and 2-6 (b) and the correlation coefficient in Table 

2-1 certifies this statement. The correlation coefficient increases from 0.27 to 0.49 when a constant head 

boundary condition is used instead of a constant rate boundary condition. 
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Figure 2-6: Diagonal element of the resolution matrix for (a) Y-field obtained by inversion of head data (4 observation - borehole 
boundary is set to constant rate), (b) Y-field obtained by inversion of head data (4 observation - borehole boundary is set to con-
stant head),  (c) Y-field obtained by inversion of flux data (4 observation - borehole boundary is set to constant head), (d) Y-field 

obtained by inversion of flux data (4 observation - borehole boundary is set to constant rate).   

2.6.2 The effect of number of observations and variance 

Figures 2-7 (a) to (d) show the correlation coefficient (between estimated Y-filed and reference Y-

field) versus the number of observations for different type of data and borehole boundary conditions. Blue, 

red and gray color show the results for head data, flux data and joint inversion of both data, respectively. The 

data with constant rate borehole boundary condition is marked with solid line while the data with constant 

head borehole boundary condition is shown by the dashed line.   

It can be seen in Figures 2-7 (a) to (d) that as the number of observations increases, the correlation coefficient 

also increases for all types of data and boundary conditions. For a small number of observations, flux data 

are superior to head data. The difference between the correlation coefficient of flux and head data is the 

strongest for a small number of observations, while the difference gradually decreases as the number of 

observations increases and at a high number of observations, they converge. This is a consequence of the 

decreasing distance between data points as the number of observations increases, thereby decreasing the 

radius of averaging. It is worth noting that no added value is observed for joint inversion of both data unless 

it makes the inversion independent of the type of the borehole boundary condition.  
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The variance of the hydraulic conductivity field affects the final values of the correlation coefficient. 

The higher the variance, the lower the correlation coefficient (especially for a small number of observations), 

and also the more challenging it is to reach a WRMSE close to 1. It is worth mentioning that having a higher 

number of observations, it would be more challenging to converge to the true values. 

 

Figure 2-7: Correlation coefficient versus number of observations for reference hydraulic conductivity field with (a) variance=0.5, (b) 
variance=1 (c), variance=2 (d), variance=4 

2.6.3 The effect of truncation order (P) on final inversion results 

One of the inversion cases (variance of 4, 32 observation points, joint inversion of head and flux 

data) was chosen to investigate the effect of truncation order (P) on the final inversion result. Inversions 

were performed using truncation orders of 25, 50, 100, 200, 400, 800, and 1600. The inversions were per-

formed on a server with one Terabyte (1 Tb) memory, 4 processors (Intel Xeon CPU E7-4850 v4 @ 2.10 GHz) 

and 40 cores in parallel mode. Figure 2-8 shows the Y-field estimated for each P value, the effect on the 

correlation coefficient, and elapsed time for each geostatistical iteration. For a truncation order of 25, we 

capture an overly smooth version of the true model with a correlation coefficient of 0.84. By setting the 

truncation order to 50, 100, and 200, the correlation coefficient increases to 0.88, 0.91, and 0.94, respec-

tively. The truncation order of 400 (used in our study) with a correlation coefficient of 0.96 is a turning point 

beyond which increasing the truncation order does not significantly improve the correlation coefficient. So, 

the truncation order leads to improvement of Y-field reconstruction up to some points and after this point, 

it is only the computational time that increases. The computational time increased exponentially for large P 

values but could be decreased by being less stringent to the final inversion results.  The truncation order 

would be chosen based on the degree of heterogeneity and the computational resource available. It would 

help perform inversion using a different number of principal components to ensure the proper choice of the 

number of principal components. 
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Figure 2-8: Estimated Y-field for truncation order of (a) 25, (b) 50, (c) 100, (d) 200, (e) 400, (f) 800, (g) 1600. (h) Correlation coeffi-
cient versus truncation order (i) elapsed time per one iteration versus truncation order 

2.6.4 Implications for field implementations 

Our results highlight the added value of using the flux data individually or jointly with head data in 

hydraulic tomography to achieve an enhanced reconstruction of the hydraulic conductivity field compared 

to using head data alone. This improvement is particularly pronounced when considering a small number of 

observations, a more likely setting for field applications. However, using only flux data requires setting the 

borehole B.C. to constant head, which is feasible (using pumps whose rates are controlled with water level) 

but would be more challenging than pumping at a constant rate during the field experiments. However, 

measuring the flux data during pumping (with constant rate) and joint inversion of both data would be quite 

feasible and removes the limitation of the borehole boundary condition. Moreover, for the same number of 

observation points, by doubling the number of measurements, joint inversion should significantly increase 
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the quality of the inversion, especially for a small number of observations points.  Moreover, if one could 

measure the head and flux data at the same location, by doubling the number of observations, Y-field esti-

mate would be significantly improved with minimum number of observation points and minimum invasion 

to the aquifer. 

2.7 Conclusion 

We used a numerical model representing a one-layer heterogeneous aquifer along with a geosta-

tistical inversion approach (PCGA) to assess the information content of head and flux data. We investigated 

the cases of having a different number of observation points and different hydraulic conductivity variances 

(with the same field structure). We found that for a small number of observation points, using flux data re-

produces a closer Y-field to reference Y-field compared to head data. Furthermore, by increasing the number 

of observation points, the effect of the type of data vanishes, and all converge to the same results as the 

sampling distance between points becomes smaller. For the same number of observation points, if we are 

able to measure the head and flux data at the same location, joint inversion of head and flux data provides 

an improved estimate compared to the inversion of sole head or flux data due to double number of obser-

vation. This means that even if, the head and flux data are measured at the same location, it still provides 

useful information about the media. 

We also found out that the type of borehole boundary conditions used in the tomography and modeling 

affects the inversion results. The appropriate boundary condition for head and flux data is constant rate and 

constant head while joint inversion of both data is independent of the boundary type. Inappropriate selection 

of borehole boundary conditions may result in an underestimation of the K field values. 

Measuring flux data during a hydraulic tomography experiment is now feasible, especially for shallow sandy 

aquifers where active Distributed Temperature Sensing can be deployed using direct push method to install 

the fiber optic cables into the sediments (des Tombe et al., 2019). Since the inversion is particularly sensitive 

to the number of measurements, groundwater fluxes measurements by active DTS can be particularly useful 

since it may provide a large number of measurements thanks to the high spatial resolution of fiber optic 

temperature measurements (Simon et al., 2021). Moreover, it can be also particularly useful in aquifers 

where the head drop due to the pumping is small, but there may be high groundwater fluxes. This should 

lead to interesting developments of hydraulic tomography experiments in the near future. 
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3.1 Introduction 

Characterizing and quantifying subsurface media properties are essential for the successful investi-

gation of subsurface processes. The hydraulic conductivity field is the main parameter controlling groundwa-

ter flow (Zinn and Harvey, 2003) and the contamination transport path (Jim Yeh, 1992) in the aquifers. The 

characterization methods of hydraulic conductivity generally fall into two categories, geophysical and hy-

draulic methods. In geophysical methods such as Ground Penetrating Radar (GPR) (Hyndman et al., 2000; 

Doetsch et al., 2012) and Electrical Resistivity Tomography (ERT), radar pulses and electrical currents are used 

to measure properties (permittivity and electrical conductivity) related to hydraulic parameters by petro-

physical relationship. On the other hand, hydraulic methods such as hydraulic tomography (Yeh and Liu, 

2000) and tracer-based methods (Jiménez et al., 2016), rely on the analysis of the aquifer response to a hy-

draulic perturbation (pumping, tide, tracer injection, etc.) imposed to the aquifer. The advantages of geo-

physical methods are that they are non-invasive (applied from the surface) or minimally invasive (applied 

from the borehole), require less time for the operation while the biggest drawback is the petro-physical re-

lation required to infer hydraulic parameters from estimated geophysical parameters. However, in hydraulic 

methods, the aquifer response is mechanistically related to the media's hydraulic properties, which can be 

explained through a set of equations. This makes hydraulic methods more preferable when it comes to the 

estimation of hydraulic properties, especially for predicting contaminant transport which requires an accu-

rate characterization of hydraulic conductivity distribution. 

Hydraulic tomography has been long used for the characterization of the subsurface media and has 

been the subject of many theoretical (Lee and Kitanidis, 2014; Yeh and Liu, 2000; Zhu and Yeh, 2005), labor-

atory (Liu et al., 2007; Zhao et al., 2016) and field studies (Berg and Illman, 2013, 2011; Bohling et al., 2007; 

Cardiff et al., 2009; Cardiff and Barrash, 2011; Fischer et al., 2017). In hydraulic tomography, the aquifer 

undergoes series of pumping, and the head pulses are observed in the boreholes or other observation points 

across the aquifer. The observed head variations along with a numerical model (describing the aquifer re-

sponse to the pumping) are then used to map the hydraulic conductivity distribution and values through an 

inversion process. Even though, hydraulic tomography is a proven approach for the estimation of hydraulic 

parameters, there are certain limitations associated with it. One limitation stems from the underlying physic 

in which the measured head variations are spatially averaged because of the diffusive nature of head pertur-

bation in the aquifer. This leads to a high degree averaging of the reconstructed hydraulic conductivity field 

compared to the real field. The other limitation emerges in the hydraulic tomography tests performed in the 

aquifers with high values of hydraulic conductivity where small head drops would result in a low signal to 

noise ratio. This would imply using other types of hydraulic data to improve hydraulic tomography. Few works 

address the inclusion of the flux data in hydraulic tomography to improve the imaging of the hydraulic con-

ductivity field. Zha et al. (2014) included the flux data in hydraulic tomography for a 2D synthetic fractured 

aquifer model and found out that it helps better characterization of the fracture distribution and their hy-

draulic conductivity values. Tso et al. (2016) performed hydraulic tomography for a 3D synthetic aquifer and 

compared two cases in which head data alone and jointly with flux data were used. They found out that flux 

data provide non-redundant information about subsurface heterogeneity and joint inversion of flux and head 

data improves the estimation of the hydraulic conductivity field. Recently, Pouladi et al. (2021, in prepara-

tion) performed hydraulic tomography in a 2D model. They found out that inversion of the flux data leads to 

a higher resolution hydraulic conductivity field compared to head data especially for low number of obser-

vation points. They also found that steady state hydraulic tomography using head or flux data is dependent 

on borehole boundary condition used. For head data the best borehole setting is constant rate while for flux 

the data, the best setting is constant head. Joint inversion of both data is insensitive to the type of boundary 
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condition. It should be noted that joint inversion of head and flux data offers no advantage over the sole 

inversion of head and flux data considering an equal number of observations. 

Subsurface flux measurement has long been an interest for hydrogeologists. Available techniques 

for quantifying groundwater flux generally fall into two categories based on the measurement conditions: (i) 

they are measured inside the borehole or (ii) they are measured by tools buried in the formation. In the first 

family of methods, water flux passing through the borehole are measured.  For instance, the colloidal bo-

rescope measures the horizontal groundwater flow inside the borehole (Kearl, 1997) and is based on the 

analysis of pictures of colloid propagation by water passing through a well. Another more common alterna-

tive comes from bore-hole dilution tests (Drost et al., 1968; Jamin et al., 2015; Schneider et al., 2019), relying 

on the dilution of a tracer injected inside a screened borehole or within a double packer system. Other ap-

proaches, such as acoustic Doppler flow meter, fluid-conductivity of the logging system (Bayless et al., 2011), 

or temperature logging (Reiter; 2001) can also provide some estimation of the horizontal groundwater fluxes. 

Nevertheless, boreholes disturb the flow field and affect the measurements; hence, the measured 

values may not represent the real flux values (unless proper modeling of underlying measurement physics is 

done). To over-come this challenge, the following methods require burying of the tool in the ground such 

that it is in close contact with the formation. However, this may limit its application to shallow and unconsol-

idated formations. These methods are either temperature-based (Ballard, 1996; Banks et al., 2018) and rely 

on relating the measured signal associated to heat propagation due to the flux or tracer-based (Devlin et al., 

2009; Labaky et al., 2009) by relating the flux to the dissipation of a tracer (like saline tracer). The advent of 

Fiber Optic Distributed Temperature Sensors (FO-DTS) has revolutionized the capability of measuring and 

monitoring the temperature over large distances with unprecedented spatial, temporal, and temperature 

resolutions. FO-DTS is a distributed sensor family member that allows measurement of temperature along 

the fiber optic cable. FO-DTS can be employed in both passive and active modes. In passive mode, only the 

fiber optic cable's temperature is measured, while in active mode (A-FO DTS), heat is added to the fiber optic 

cable by a heating element located very close to the FO cable or within the cable. In A-FO DTS the tempera-

ture evolution with time is a function of the surrounding area's thermal properties (porous medium) and also 

groundwater flux passing around the FO cable (Bakker et al., 2015; des Tombes et al., 2019; Simon et al., 

2021). Thus, by measuring the temperature evolution with time during an A-DTS FO experiment, it is now 

possible to measure groundwater fluxes at an excellent accuracy along a FO cable previously inserted in an 

aquifer (Simon et al., 2021). The flux profile data is of particular interest in heterogeneous aquifers as it pro-

vides information with an excellent spatial resolution (Simon et al., 2020), while head data would give an 

average value at greater scale, even when packers are used. It is worth noting that the application of A-FO 

DTS for flux measurements is currently limited to shallow and unconsolidated aquifers due to limitations in 

deployment by the direct push method (Bakker et al., 2015).  

Motivated by the results of Pouladi et al. (2020, in preparation), we present here a hydraulic to-

mography experiment performed in a shallow granular aquifer using head and flux data. To our knowledge, 

this is the first hydraulic tomography field study that uses joint inversion of flux and head data. The paper is 

structured in 7 sections. In section 2, we describe the experimental site and settings used for the hydraulic 

tomography experiment and A-DTS measurements. In section 3, we explain the inversion of the acquired 

temperature profile to infer the flux profile as well as the model developed for the aquifer. In section 4, the 

flux data and head data acquired are presented. Section 5 and 6 are devoted to explaining the hydraulic 

tomography results obtained and the discussion, respectively. The last section concludes the work. 
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3.2 Experimental setup 

3.2.1 State of the art A-FO DTS experiment in shallow aquifers 

The first step for conducting the A-FO DTS experiment comprises inserting the FO cable into the 

ground by the direct push method (Bakker et al., 2015; des Tombe et al., 2019). Direct-push technology is a 

suitable substitute for drilling-based operations in which a hollow rod with a conical head is pushed into the 

unconsolidated formation (Butler Jr et al., 2002). FO cables are placed inside the rod, attached to the conical 

head and pushed into the aquifer. Once the desired depth is reached, the hollow rod is retrieved and the FO 

is left inside the ground (Bakker et al., 2015). Direct-push technology is advantageous since the buried cable 

is in direct contact with the ground with the minimum subsurface perturbation compared to natural condi-

tions. Furthermore, it is low cost, simple to operate, and it allows inferring additional information such as 

local hydraulic conductivity during the deployment (Bakker et al., 2015; Butler Jr et al., 2002). Once the FO 

cables are deployed in the aquifer, it is then possible to utilize A-FO DTS and follow the temperature evolution 

over the time that is a function of the surrounding area's thermal properties (porous medium) and ground-

water flux passing around the FO cable. Among the first applications, Bakker et al. (2015) and des Tombe et 

al. (2019) showed the feasibility of groundwater fluxes measurements (specific discharges) in shallow sandy 

aquifers. More recently, Simon et al. (2021), using a laboratory sandbox, showed that heat propagation com-

prises three steps: FO cable heat storage effect during the first minutes, conduction-dominant during a more 

or less long period, and advection-dominant period at late times when relevant. In particular, we showed 

that after a proper correction for the heat storage effect induced by the FO cable, thermal conductivities and 

groundwater fluxes along the FO cable can be obtained with an excellent accuracy from measurements dur-

ing the conduction-dominant period (the slope of temperature curve in natural logarithm coordinate) and 

from the temperature evolution curve at late times by using analytical solutions and graphical approaches. 

Figure 3-1 (a) to (c) schematically show how A-FO DTS can be used to infer groundwater fluxes. Note that 

groundwater fluxes correspond to specific discharges or Darcy fluxes. In step 1, the FO DTS cable is buried 

vertically by the direct push method within the aquifer. Then, part of the FO cable embedded in the aquifer 

is electrically heated for a few hours or days by passing an electrical current through the metal cable materials 

(red rectangle). Next, the temperature evolution for each section along the cable is measured and corrected 

for the heat storage effect and the water background temperature (step 2). The typical temperature rise 

follows a logarithmic evolution with time characteristic of the conduction regime until the temperature sta-

bilizes when the heat produced is fully dissipated (Simon et al., 2021). The temperature in the conduction-

dominant period (the slope in natural logarithmic scale) can be used to estimate thermal conductivity along 

the cable (step 3). Finally, the temperature profile at a given time can be converted to the flux profile using 

analytical solutions and graphical approaches (step 4) (Simon et al., 2021). Typically, for the same thermal 

conductivity, the greater the groundwater fluxes, the lower will be the temperature at stabilization. 
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Figure 3- 1: Schematic of the steps involved in using Active FO-DTS to infer groundwater flux profile with depth-(step a) Active Fiber 
Optic Cable is deployed vertically into the ground so that it is in close contact with the formation. (step b) The cable is heated (ac-
tive mode) and cable temperature during the heating (here 20 hours) and cooling periods is measured. Each curve corresponds to 

one measurement point or one section in the FO-cable, whose length depends on the experiment's spatial resolution (Simon et al., 
2020). (step c) Measured temperature data along the fiber optic cable are converted to flux profile with depth. 

3.2.2 The Saint-Lambert site 

The hydraulic tomography field study was performed on a shallow granular aquifer at Saint-Lambert 

experimental site located 40km south of Quebec City, Canada. This 12 km2 aquifer hosts a decommissioned 

sanitary landfill and has been subjected to numerous field experiments such as the GPR surveys, cone pene-

trometer tests (CPT), soil moisture resistivity (SMR), fluid sampling as well as multilevel slug tests (Paradis et 

al., 2014, 2015, 2016; Tremblay et al., 2014; Ruggeri et al., 2014). The surficial sediments consist primarily of 

Late Quaternary sandy and silty sediments that were deposited in the receding Champlain Sea, which was an 

arm of the Atlantic Ocean that had invaded the St. Lawrence Valley at the time of the last deglaciation (Par-

adis et al., 2016). This littoral and sublittoral depositional environment resulted in superposition of long (>100 

m) inter-digitized sand and silt strata with fine vertical and lateral intratarsal transitions in grain-size as a 

result of changing energy levels along Champlain Sea shorelines (Paradis et al., 2014). Figure 3-2 shows the 

site's geographic location and the relative position of the boreholes in the site. This site has been chosen 

since it was previously subjected to HT experiments. It was also a convenient site as the direct-push tool was 

possible and available to bury the FO cables in this shallow aquifer. 
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Figure 3-2: (a): Geographical location of the Saint-Lambert site, (b): location of the testing site within the sub-watershed enclosing 
the former sanitary landfill, (c): Relative position of the boreholes (Modified after Paradis et al., 2016). 

3.2.3 Previous hydraulic tomography experiments 

In two of the most important study works done on the Saint-Lambert site, Paradis et al. (2014) used 

machine learning technique to find a statistical relationship between CPT/SMR data and horizontal hydraulic 

conductivity (measured by slug test), vertical hydraulic conductivity and porosity (obtained by sediment sam-

ple testing). They found that applying this approach allowed them to identify the hydrofacies and estimate 

the hydraulic properties consistent with hydraulic tests. In another work, Paradis et al. (2016) performed a 

transient slug test to assess its efficiency for estimation of horizontal and vertical hydraulic conductivity as 

well as porosity. Their results showed that the transient slug test could estimate the hydraulic properties 

consistent with previous studies. Furthermore, they shown that this approach could capture small scale het-

erogeneities that induce K-anisotropy at larger scales, difficult to quantify through conventional hydraulic 

tests. Figure 3-3 (a) shows the values of horizontal hydraulic conductivity by CPT test at borehole P17 and the 

horizontal hydraulic conductivity obtained through transient slug tests. For convenience let’s consider 

Y=log(K). 
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Figure 3-3: Horizontal hydraulic conductivity value (a) at borehole P17 by CPT and (b) between P21 and P17 obtained by transient 
slug test hydraulic tomography. (Modified after Paradis et al., 2014, 2016.) 

3.2.4 Collection of hydraulic head data 

The tomography site consists of 7 boreholes with the pumping borehole (P21) in the center and six 

other boreholes on the side. Two screened boreholes were equipped with the packers (P17 and P18) to mon-

itor the head and temperature in discrete intervals isolated by the packers. The head and temperature were 

also monitored in the other four open boreholes, P19, P20, 3P0A, and 3P0B. The screened boreholes have a 

diameter of 5.1 cm and were developed to ensure adequate hydraulic contact between the screens and for-

mation without any sand-pack. This is important for the successful implementation of good quality hydraulic 

tomography test and data acquisition. The aquifer was subjected to continuous pumping for 88 hours at a 

constant rate of 10 lit/min and hydraulic heads in 8 discrete intervals in the observation boreholes (P17 and 

P18), four other side boreholes (P19, P20, 3P0A, and 3P0B), were monitored. The borehole P21 is fully 

screened for around 7.5m (until the elevation of 109.5m), and pumping is performed on the whole depth of 

borehole P21. 

3.2.5 Collection of A-FO DTS data 

Two FO cables were installed vertically by a direct push drilling technique at mid-point between the 

central pumping well (P21) and P17 and P18, named FO-17 and FO-18, respectively. Figure 3-4 shows the 

location of the boreholes and buried fiber optic cables. The FO cables were buried two months before the 

start of the experiment to ensure that the formation well surrounds the cable after installation. The FO cables 

are designed by Brugg Kabel AG, Switzerland, with a 3.8 mm diameter and protected by steel armoring and 

a polyamide jacket. Silixa-XT was used as the DTS unit to monitor the temperature using a double-ended 

configuration. In order to calibrate the DTS unit, around 13 m of FO-cable (FO-17 and FO-18) for both chan-

nels was placed in the hot bath and cold bath (filled with a mixture of ice and water). Both baths were 

equipped with PT 100 probes and RBR Solo T probe, which record the temperature during the experiment 
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with an accuracy of 0.1°C and 0.002°C, respectively. As soon as the pumping started, FO-DTS measurement 

also started in parallel in passive mode to collect the aquifer temperature data for 19 hours with a nominal 

spatial sampling of 25 cm and a temporal acquisition frequency of 10 seconds. Then, by analyzing the piezo-

metric heads and ensuring that steady-state condition was achieved, the pumping was held at the same rate, 

but the heat was injected into fiber optic cables (active mode) for around 45 hours. After this period, pumping 

and heating were stopped. It must be noted that the whole experiment took about 92.5 hours (around four 

days). However, we face some technical incidents with the power-controller that led to deviation from the 

initially planned experiment. Nevertheless, it was possible to accomplish 28 hours of heating during pumping 

(figure 3-5) and provide sufficient data to be analyzed. 

 

Figure 3- 4: (a): Schematic of the location of the boreholes and fiber optic cables. The pumping borehole (P21) is located in the cen-
ter and shown in blue color. Grey caps show the two observation boreholes with packers (P17, P18), while the white cap shows the 

other four open observation boreholes (P19, P20, 3P0A, 3P0B). (b): Experimental site image 

 

 

Figure 3-5: Timeline of the experiment performed on the Saint-Lambert site. The top blue bar shows pumping, which started from 
the beginning of the experiment and performed continuously for 88 hours (unwanted stop due to a sudden power shortage). The 
bottom bar shows the FO-DTS, which recorded passive temperature data for around 19 hours, followed by an unsuccessful attempt 
to heat the FO-cable (caused by technical problem) and a successful start of heating at 42:30, which lasted for around 50 hours.  
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3.3 Methodology 

In the current section, the methods used to analyze the temperature and head data are explained. In 

the first subsection, we describe how the fiber optic cable's temperature data are converted to the flux pro-

file. Next, the principal component geostatistical approach (PCGA) (Lee and Kitanidis, 2014) and geostatistical 

inversion used in this paper are explained. The final subsection is devoted to explaining the numerical model 

created in Matlab Reservoir Simulation Toolbox (MRTS) (Lie, 2019) to simulate the aquifer.  

3.3.1 Inversion of temperature profile to the water flux profile 

In Simon et al. (2021), we showed that in the very first moments of heating, the temperature in-

creases as the heat is stored inside the fiber optic cable due to its heat capacity. In the conduction-dominant 

period, heat is transported from the fiber optic cable to the surrounding media by the conduction heat trans-

fer mechanism, while in the convection-dominant period, the effect of convection is more pronounced and 

may lead to temperature stabilization. The slope of the temperature in the semi-log plot during the conduc-

tion-dominant period allows to estimate the media's thermal conductivity (eq 3.1a). The temperature evolu-

tion graphs by several characteristic times depending on the flux and thermal properties of the media and 

water. The characteristic times are (td), corresponding to the time when the conduction-dominant period 

ends, (ts), the time when 99% of the stabilization temperature is reached, and (ti), which is the time of inter-

section between the conduction and advection regime (see Simon et al., 2021 for more details). 

λ =
Q

4πs
,   

 

 
(a) 

td = 
1  

2q2 

λ

ρc 
,  

 

 
(b) 

ts = 
4 λ 

q2 

ρc

 ρw²cw²
 ,  

 

 
(c) 

ti = 
2.24 λ

q2
 

ρc

 ρw²cw²
 .  

 

 
(d) 

Equation 3:1 – Characteristic times that permit to estimate groundwater fluxes (q) (Simon et al., 2021) 

where Q, λ, q and s represent the injected heat power (W/m), the thermal conductivity of the rock(W/m/K), 

the groundwater flux (or Darcy flux) (m/s), and the slope of the line in the conduction-dominant period on a 

semi-log plot, respectively. Here ρc and ρwcw are the volumetric heat capacity of the saturated media and 

water, respectively. The characteristic times could be used to quantify the value of water flux measured 

graphically. Figure 3-6 shows the temperature evolution curve with different periods and corresponding char-

acteristic times for a synthetic data set. 
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Figure 3-6: Temperature evolution curve and characteristic times used to quantify the flow (modified after Simon et al., 2021) 

In order to invert the temperature profile to flux profile, first, the slope of the temperature evolution curve 

in the conduction-dominant period on a semi-log plot is identified. Next, equation 3:1 (a) is used to estimate 

rock thermal conductivity. Then, each of the characteristic times mentioned above (depending on the avail-

ability and detectability) can be employed to estimate the flux values independently. It should be noted that 

flux estimation requires knowledge of the rock and water's volumetric heat capacity. We do not expect much 

variation in the heat capacity of water, but the rock's heat capacity would vary based on the type of rock and 

also dependent on the porosity value. Geological information about the aquifer would help define a plausible 

range for the rock heat capacity in order to estimate flux within an uncertainty range. 

Furthermore, one can also use the following equations which describe the temperature trend during con-

duction dominant (Blackwell, 1954; Marsily, 1976) and during the whole period (Carslaw and Jaeger, 1959), 

respectively, to find the value of the flux: 

∆𝐓conduction ≈
Q

4πλ
ln (

λ

ρcr2
𝐭),  

Equation 3:2 – Temperature evolution with time during conduction dominant period (Simon et al., 2021) 

where r = √x2 + y2 is the distance between the heat source and FO cable. The equation describing the 

temperature change for the whole period (except the early times associated with the heat storage in FO 

cable) is given as follow: 

∆𝐓 =
Q

4πλ
× 𝑒𝑥𝑝 (

qx

2λ
ρc) × 𝑊(

r2ρc

4𝐭λ
,
rq

2

ρwcw

λ
) 
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∞

𝛼
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4ψ
)dψ,  

 

 
(b) 
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Equation 3:3 – general equation for temperature evolution with time (Carslaw and Jaeger., 1959) 

 

The above equation and the measured temperature data can be used to estimate the flux for each section 

along the A-FO DTS by minimizing the following objective function: 

objective function = ∑√|∆𝐓A−FODTS − ∆𝐓calculated|
2  

where, ∆𝐓A−FODTS and ∆𝐓calculated are temperature evolution measured by the A-FO DTS and the equation. 

It must be noted that, ∆𝐓A−FODTS must be corrected for the heat storage effect before being used to estimate 

the flux (q).  

3.3.2 Hydraulic tomography using PCGA 

Estimating the hydraulic conductivity from a limited number of data represents an inverse problem 

in which a set of error-contaminated observation data (d) is used to infer the model parameters (m). A math-

ematical model (f (-)) describing the problem's physic by mathematical terms relates the model parameters 

to observation data. The forward problem is formulated as follow: 

𝐝 = 𝑓(𝐦) + ƞ, 

Equation 3:4 – Formulation of the inverse problem 

where d, f (-), m and ƞ refer to measured data, forward model, model parameters and errors, respectively. 

Due to the small number of observations compared to the unknowns, the problem is ill-posed and underde-

termined and would have a non-unique solution. The solution would be obtained by maximizing the posterior 

probability density function (𝜋𝑝𝑜𝑠𝑡(𝐦|𝐝)) which is written by using Baye's theorem as follow 

πpost(𝐦|𝐝)~exp[
-1

2
(𝑓(𝐦) − 𝐝)𝐂d

-1(𝑓(𝐦) − 𝐝)+
-1

2
(𝐦 − 𝐦prior)𝐂m

-1(𝐦 − 𝐦prior)] 

Equation 3:5 – Posterior probability density function expressed by Bayes theorem  

where Cm and Cd are the a priori model covariance and data covariance matrix, respectively. In practice, the 

term in the bracket is maximized. The first term in the bracket is the likelihood and the second term is prior 

information. The solution obtained by maximizing the posterior probability density function corresponds to 

the model parameters that best estimates the observed data while is constrained to prior information to 

have a plausible and meaningful solution (Carrera and Neuman 1986a).  

Geostatistical inversion is one of the methods that is used extensively for hydraulic tomography 

(Illman et al., 2015). In this approach, prior information is provided by the geostatistical information. The 

model parameter in each iteration is obtained as follow: 

𝐦𝑖+1 = 𝐗𝛃𝑖+𝐂m𝐉𝑖
Tε𝑖 , 

Equation 3:6 – model parameter at each iteration 

here 𝐗 , 𝛃 is trend matrix and trend coefficient, respectively. The multiplication of the trend matrix and trend 

coefficient defines the mean of the model parameter field. Cm is the prior model covariance, 𝐉 represents the 

Jacobian matrix, which is the sensitivity of the observation to the change of model parameters. ε is a param-

eter which is obtained along with 𝛃 by solving the following system of equations: 
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[
𝐉𝑖𝐂m𝐉𝒊

T + 𝐂d

(𝐉𝑖𝐗)T
𝐉𝑖𝐗
0

] [
ε𝑖

𝛃𝑖
] = [

𝐝 − 𝑓(𝐦𝑖) + 𝐉𝑖𝐦𝑖

0
]  

Equation 3:7 – system of equation to find the trend matrix and coefficient 

The computation of Jacobian matrix has always been a challenge specially for large number of unknowns. 

Lee and Kitanidis (2014), proposed the PCGA method which forms low rank approximation of prior covariance 

matrix by principal components analysis and skips direct calculation of Jacobian matrix and its products used 

in equation 3:7. PCGA reduces the inversion computational time while preserving the most of the model 

parameter characteristics provided that proper number of principal component is chosen. Considering P 

number of principal components, the terms used in the equation 3:7 is approximated by: 

𝐂m ≈ 𝐂m𝑃 = ∑ (ςii)(ςii)
T,

𝑃

ii=1

  

 

 
(a) 

𝐉i𝐂m ≈ 𝐉i𝐂mP = 𝐉i ∑ (ςii)(ςii)
T

𝑃

ii=1

= ∑ (𝐉iςii)(ςii)
T

𝑃

ii=1
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(b) 

𝐉i𝐂m𝐉i
T ≈ 𝐉i𝐂mP𝐉i

T = ∑ (𝐉iςii)(𝐉iςii)
T

𝑃

ii=1

 ,  

 

 
(c) 

𝐉iςii ≈
1

δ
[𝑓(𝐦i+δςii)-𝑓(𝐦i)] .  

 

 
(d) 

Equation 3:8 – Approximation of the terms used in geostatistical inversion by P number of principal components by PCGA 

where, CmP is a rank-P approximation of the model parameter covariance matrix. The CmP and Jacobian matrix 

products required for the inversion (equation 3:8) are given by equations 3:8 (b) and (c). The choice of the 

finite difference interval 𝛿 is addressed by Lee and Kitanidis (2014). The posterior covariance matrix is calcu-

lated as follow: 

𝐯𝑗𝑗 = 𝐂m 𝑗𝑗 − [
(𝐉𝐗)𝑗

𝐗T
]
T

[
𝐉𝐂m𝐉T + 𝐂d

(𝐉𝐗)T
𝐉𝐗
0

]

-1

[
(𝐉𝐗)j

𝐗j
T ] , 

Equation 3:9 – posterior covariance matrix 

where Cmjj represents the jth diagonal entry of the model covariance matrix and (JX)j is the jth column of the 

product JX. 

3.3.3 Groundwater flow modeling 

The incompressible fluid flow module in MRST (Lie, 2019) is used to create a numerical model cor-

responding to forward mathematical models used for the inversion. The model is used to calculate the head 

and flux data at different points across the aquifer. The steady-state flow of incompressible fluid is formu-

lated as follow: 

−∇.[𝑲(𝐰).∇ℎ(𝐰)] = 𝐪(𝐰) , 

Equation 3:10 – groundwater flow equation 
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subjected to no-flux condition at the side and bottom boundaries, and head-dependent flux at the surface 

(leaky-layer). In the head-dependent flux boundaries, which are also called the mixed boundary, the rate of 

flux fed to the system varies according to the head change in the boundary elements. Note that in this aquifer 

system, the water is being fed into the system from the top layer as the head drops in the aquifer due to the 

pumping. 

−𝐪. n = 0, for   �⃗⃗� ∈ Γa 

C(ℎref − ℎ) = q0,  for   �⃗⃗� ∈ Γb 

here, 𝐰 = (x, y, z), 𝑲 (L/T), ℎ (L), and q [L/T] represent the coordinates,  hydraulic conductivity, head and fluid 

source or sink (inflow or outflow of fluid per volume at specific locations), respectively. Гa and Гb represent 

Dirichlet and Cauchy boundaries. In order to define the the rate of transfer through leaky-layer two parame-

ters are needed, C (L2/T) which accounts for the transmissivities of the leaky-layer and ℎref (L) which is refer-

ence head at the top of the layer. q0 (L3/T) represent the rate of the fluid fed into the system. 

3.4 Field data analysis 

In this section, we explain processing of the temperature data recorded during the heating period 

and how they are converted to the flux profile. We also present the pressure drops recorded in different 

boreholes. Final subsection is devoted to explain the model and parameters used for inversion of the flux 

and pressure data. 

3.4.1 Temperature data acquired in FO-17 and FO-18 

Figure 3-7 shows the raw temperature evolution curve obtained during the heating period in FO-

18 cables. This temperature is corrected for the background temperature of the aquifer recorded during the 

passive measurement.  

 

Figure 3-7: Temperature evolution curves in FO-18 cable. Each colour corresponds to one point along the FO cable. Different colors 
correspond to different points along the FO-cable 
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3.4.1.1 Temperature data quality check and calibration 

The quality of the temperature data acquired by FO-DTS was assessed by comparing the FO section 

immersed in the hot and cold bath with the RBR solo temperature data. DTS unit performs an internal cali-

bration (using PT-100 temperature as reference temperature) and it was found out the temperature data 

was imperfectly calibrated due to the malfunctioning of PT-100 in hot and cold baths. So we used the tem-

perature data recorded by RBR solo in hot and cold bath as the reference temperature to improve calibration. 

For the calibration, we relied on the code developed by des Tombe et al. (2020) who provide a code allowing 

double end calibration with post-processing. The calibrated data were then used to quantify the flux at dif-

ferent depths. Nevertheless, figure 3-7 shows that the temperature difference and evolution between the 

different data points is relatively small, even at the end of the heating period. Therefore, one excepts small 

difference in groundwater fluxes measurements with depth. 

3.4.1.2 Temperature data to flux profile 

The temporal temperature evolution data obtained by FO-17 and FO-18 during the heating period 

(measured every 25 cm along the heating cable) is converted to the flux using equations 3:1 to 3:3. As already 

explained, the inversion of the temperature measured in each segment to the flux data comprises three 

steps: 

(i) Finding the thermal conductivity value (λ) from the slope of temperature evolution data during the con‐

duction-dominant period in semi-log plot and equation 3:2. 

(ii) Correction of the fiber optic storage effect. In the early times of heating, FO temperature data increases 

due to heat storage in the FO cable and does not represent the temperature evolution that is only due to the 

conductive and advective heat exchanges with porous media. All of the equations presented so far are valid 

neglecting the effect of the fiber optic cable itself. The following relationship holds (Simon et al., 2021; Del 

Val et al., in press): 

∆𝐓A−FODTS = ∆𝐓PorousMedia + ∆𝐓FO , 

Equation 3:11 – relationship between recorded temperature data, the temperature evolution associated with heat exchanges with the porous me-
dia and the temperature increase due to heat storage in the fiber-optic cable 

One can use equation 3:2 to generate ∆𝐓PorousMedia during the conduction-dominant period by using ther-

mal conductivity (λ, obtained in previous step) and assuming a proper volumetric heat capacity of the satu-

rated media (ρc). The difference between generated ∆𝐓PorousMedia and ∆𝐓A−FODTS during the conduction-

domiant period is almost equal to ∆𝐓FO. So the whole temperature data can be corrected for obtained ∆𝐓FO. 

 (iii) The temperature data corrected in previous step is used to infer the groundwater flux profile using equa-

tion 3:3 and the objective function defined previously. 

Figure 3-8 shows an example of the correction of the ∆𝐓A−FODTS and finding ∆𝐓FO and ∆𝐓PorousMedia. The 

black curve shows the temperature data recorded by FO cable at one point.  The blue curve shows the cor-

rected temperature data for FO cable storage effect and the red curve shows the temperature matched to 

infer the value of groundwater flux at this point. 
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Figure 3- 8: An example illustrating the correction of acquired temperature data for FO cable storage effect and matching the cor-
rected temperature data to infer groundwater velocity. 

The three steps mentioned above are repeated for all data points, and thus, the flux profile with depth is 

obtained. It should be noted that measurements are performed every 25 cm (sampling resolution) along the 

FO-cable, while the spatial resolution can be much larger. Simon et al. (2020) used the same FO cable in a 

laboratory controlled experiment and found out the spatial resolution varies from 0.5 to 0.8 m depending on 

the DTS unit used. Thus we upscaled every two groundwater flux values into one value by averaging the two 

successive flux values. This reduces the number of observations, but this is more consistent with the effective 

spatial resolution in the field (Simon et al., 2020). Figure 3-8 shows the flux profile obtained in FO-17 and FO-

18 by using the equations and the three-step procedure explained. 
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Figure 3-9:  Groundwater flux measured in two FO-cable locations (FO-17 and FO-18) 

Figure 3-9 shows that as expected, the range of estimated groundwater flux variation is small. Considering 

uncertainties in the measurements, some of the difference may not be significant. Nevertheless, we can see 

almost the same trend for groundwater fluxes profile estimated from FO-17 and FO-18. The trend is also 

consistent with hydraulic conductivity trend previously presented in figure 3:3(a). In figure 3:3(a), we see a 

high conductivity region bounded between the elevation of 113 and 109 m for borehole P17 which can be 

also seen in flux profile derived by FO-17 as well. 

To further check the consistency of the results, we also used the characteristic time td to quantify the value 

of the flow for few points in FO-18. Due to relatively low values of the hydraulic conductivity in this site, we 

expected low value of water flux and long time to reach steady-state condition. Due to technical problems 

already discussed, it was not possible to heat long enough to reach temperature stabilization. Thus, we could 

only detect the end of conduction-dominant period. Figure 3-8 shows two examples, one with high flux (at 

111.5m) and the other with low flux (at 113 m) on the FO-18. The values of high flow and low flow obtained 

by using characteristic time td are 0.18 (m/d) and 0.13 (m/d) while the values obtained by computer code 

for high and low flows are 0.16 (m/d) and 0.1 (m/d), respectively. Thus, the estimation of groundwater fluxes 

using the analytical method (figure 3.9) seems to be consistent with the estimation provided by characteristic 

times (figure 3.10).   
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Figure 3-10: The values of thermal conductivity and flow obtained using characteristic time (td) for two points in FO-18. 

It should be noted that end of conduction-dominated time (td) determination is possible for the point with 

higher groundwater flux value (red curve) while it is more challenging for the point with low groundwater 

flux value (blue curve). This is due to the fact that for low flux point, it takes longer to depart from the con-

duction-dominant period compared to high flux point. The fact that data are noisy makes it more complicated 

to detect this point. Nevertheless, we can see that the groundwater flux values obtained from characteristic 

times are almost in the same range as the values obtained by using the equations and three steps explained. 

For the rest of the work we assume that the groundwater flux profile obtained is valid and represents the 

real groundwater flux in the aquifer so that it can be used in the inversion process to test the information 

content of these data. 

3.4.2 Head data in packer-isolated and open boreholes 

The boreholes P17 and P18 are equipped with packers to isolate and measure the head in different 

intervals. Four pressure sensors are located in different intervals in P17 and P18. Each of other four open 

boreholes are also equipped with one pressure sensor. Table 3-1 presents the location and position of the 

pressure sensors and also the value of the head drop as the system reaches steady-state. 

Table 3-1: Location of pressure sensors and values of head drop recorded 

Borehole name Elevation of the sensor with respect to sea level (m) Head drop (m) 

P17 114.53 0.1 
P17 113.63 0.35 
P17 112.46 0.32 
P17 111.29 0.39 
P18 115.49 0.12 
P18 114.62 0.22 
P18 113.75 0.46 
P18 112.24 0.49 
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P20 112.93 0.54 
P19 113.63 0.2 

3P0A 112.76 0.29 
3P0B 113.28 0.48 
P21 - 1.95 

The recorded head data by different sensors for two boreholes with packers (P17 and P18) are shown in 

figure 3-11. Each curve corresponds to one pressure sensor that is employed in the elevation mentioned.  

 

Figure 3-11: Head data recorded in (a): borehole P17 and (b): P18 which are equipped with packers. Numbers in the legend corre-
sponds to the elevation where sensors are placed. 
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It is worth mentioning that we can see data are not perfectly recorded and we see fluctuations in the middle 

of the pumping for two successive sensors both in P17 and P 18 which might be related to technical issues 

with the pressure sensors or the packer setup. The values of the head drop reported in Table 3-1 is the aver-

age of the head drop over the time, once water level has more or less stabilized.  

3.4.3 Setup of the inverse model and hydraulic tomography 

The PCGA inversion algorithm was implemented in python coupled with MRST in Matlab as the 

forward model. The 3-D aquifer model is 112.5 m in length, 112.5 m in width, and 11.5 m in depth, discretized 

to 75×75×23 in x-, y- and z- directions with the block size of 1.5 m × 1.5 m × 0.5 m, respectively. The pumping 

borehole is located at the middle of the aquifer, far away from the boundaries to reduce the boundary effect 

on the inversion. Figure3-4 shows the relative location of the boreholes. The model simulates the steady-

state head drop at the borehole locations. All side and bottom boundary conditions are set to no flow, while 

the upper boundary condition is considered as the head-dependent flux. This type of boundary was previ-

ously recognized by the pumping tests performed at the site. Furthermore, based on figure 3-11, we see that 

upper layers have higher head than lower layers which would support our assumption of head-dependent 

flux boundary condition at the surface (leaky layer). To simulate this boundary, a constant head value of 117 

m was applied to the upper face of the first layer and first layer properties were also considered unknown 

values. It should be noted that two assumptions are made, (i): the vertical flow of the water passing through 

the heated FO cable does not affect the results significantly, (ii): the vertical hydraulic conductivity in each 

grid block is equal to 0.1 of its horizontal hydraulic conductivity. We relied on the data obtained from cone 

penetration tests performed at different aquifer locations to extract the geostatistical information about the 

site, which are further used in the inversion algorithm. The “variogramfit” written in Matlab by Schwanghart 

(2021) was used to fit a model to the experimental data. The fitted variogram model is Gaussian with the 

range of 7 m in horizontal direction and 2m in vertical direction with value of 0.2 for sill. Table 3-2 summarizes 

model and inversion parameters. 

Table 3-2: Aquifer model and inversion parameters 

Parameters Value 

Aquifer model dimension 112.5×112.5×11.5 (m) 

Number of grids 75×75×23 

Covariance Kernel Gaussian 

Prior variance 0.2 

Correlation length (x, y, z) 7, 7, 2 (m) 

Measurement error (STD) 0.01 (m), 0.01 (m/d) 

Number of principal components (P) 1200 

3.5 Preliminary results 

The inversion is performed once with pressure data and once jointly with pressure and flux data. 

The inversion was performed on a server with one Terabyte (1 Tb) memory, 4 processors (Intel Xeon CPU E7-

4850 v4 @ 2.10 GHz) and 50 cores in parallel mode. Each geostatistical iteration took around 8 hours. The 

inversion started with a homogenous distribution of the Y-field with value equal to -5. The number of princi-

pal component (P) used for the inversion is 1200. However, additional inversion with P=2000 was tested and 
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it was found that the estimation accuracy did not change significantly while the run time per one geostatis-

tical iteration increased from 7 hours to 20 hours. In the following, we first show the inversion results with 

pressure only and then present the result for joint inversion of the pressure and flux data. 

3.5.1 Hydraulic tomography with pressure data 

The best estimate of the Y-field estimation when using only pressure data is presented in figure 3-

12. The uncertainty of the estimated Y-field is also shown in figure 3-13. The degree of fitting observed head 

drop versus simulate head drop is shown in the figure 3-14. Figure 3-12 predicts low conductivity region for 

shallow layers and a moderate conductivity region in the middle of the aquifer. It should be noted that for 

layers below 109.5 m, estimates have a high uncertainty due to the fact the pressure data are only available 

above this depth (boreholes are screened up to here). 

 

Figure 3-12: Y-field estimation using pressure data only 
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Figure 3-13: Y-filed estimation uncertainty (standard deviation of the hydraulic conductivity estimate) 

 

 

 

Figure 3-14: Data fitting for inversion of pressure data only 

Furthermore, it worth noting that the hydraulic conductivity trend which was shown in figure 3-3 (a) for 

borehole P17 by cone penetration test can also be seen in the hydraulic conductivity map shown in figure 3-

13 at P17 location. Figure 3-14 also shows that observed head drop data are satisfactorily reproduced by the 

simulation. 
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3.5.2 Hydraulic tomography jointly with flux and pressure data 

Figure 3-15 shows the Y-field estimate using joint head and flux data. Using flux data along in addition to 

head data can lead to more detailed hydraulic conductivity map. This is certainly due to a higher number of 

observations which lead to constrain more the model, but also to the availability of regular flux data even at 

lower depths, below the bottom of borehole screens. 

 

Figure 3- 15: Y-field estimation using joint inversion of head and flux data 

It can be seen that for layers below 109.5m, we do not see the low hydraulic conductivity region that we 

were previously observing. Furthermore, at P17 location, the hydraulic conductivity trend is the same as 

hydraulic conductivity obtained by pressure data only (figure 3-12) and also the hydraulic conductivity esti-

mated by cone penetration test shown in figure 3-3(a). 

Figure 3-16 shows the uncertainty associated with the Y-field estimation by joint inversion of head and flux 

data. 
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Figure 3- 16: Y-field estimation uncertainty (standard deviation of the hydraulic conductivity estimate) using head and flux data 

We clearly observe that including the groundwater flux profile in the inversion reduced the Y-field estimation 

uncertainty, which is not the case for inversion with pressure data only. The advantage of groundwater flux 

measured by A-FO DTS is that using a single measurement point, we can obtain many observations along the 

cable and constrain more the inversion model, which is not easily achieved by pressure sensors.

 

 

Figure 3- 17: Data fitting in the joint inversion for (a): head data and (b): flux data 

Figure 3-17 shows the fitting of the head drop and head drop simulated. It can be seen that reproducing the 

observed flux data is more challenging compared to the head data, especially for small flux values. 

                                      



Reconstruction of the aquifer heterogeneity using joint inversion of the head and flux data: Application to a shallow granular aquifer 

83 
 

3.6 Discussion and conclusions 

3.6.1 General findings 

In the current work, a novel hydraulic tomography approach using groundwater flux profile and 

head data is presented. The Saint-Lambert site near Quebec-city which hosts a decommissioned landfill san-

itary is chosen to perform the hydraulic tomography experiment. The groundwater flux profile is measured 

by Active FO-DTS cable which were buried vertically into the shallow granular aquifer by use of direct-push 

method two months before the start of the experiment to ensure the maximum contact of the formation 

with the buried cable. The aquifer has 7 boreholes, one in the middle and 6 others on the side. The aquifer is 

subjected to the pumping through the central borehole and head is measured in 4 open boreholes and two 

boreholes equipped with packers. After 19 hours of pumping and making sure steady-state hydraulic condi-

tion is reached, heat is added to the fiber optic cable to start A-FO DTS mode in the two buried FO cables. 

The effective heating period for FO cables which can be used for flow profiling, is around 28 hours which was 

not sufficient to reach temperature stabilization (advection-dominant period). The temperature data ob-

tained during heating period are quality-checked, calibrated and then used to infer the groundwater flux 

along the FO cable. The head data recorded during the steady-state hydraulic condition period is used for 

hydraulic tomography. The result of Y-field estimate using head data present some trends of moderate and 

low hydraulic conductivity regions. However, the uncertainty of the Y-estimate is high below a certain depth 

where boreholes are not screened and no data is provided. On the other hand, inversion of both flux and 

head data jointly results in a more detailed heterogeneity structure thanks to the inversion of the groundwa-

ter flux profile. We can also see that uncertainty of the estimation has been also reduced in the zones where 

head data could not have been provided due to the limitation with borehole depths. The groundwater flux 

profile measured by FO cables provides many observations by a single measurement point, which minimizes 

the subsurface intrusion for collecting data while providing valuable information about the subsurface. The 

density of information provided by FO cables is harder to be obtained by head data, which many packers and 

many pressure probes to be utilized. 

3.6.2 Field application implications 

This novel experiment relies on using FO cables to measure the groundwater flux profile. FO cables 

are embedded inside the rod of the direct-push tool and inserted into the ground. It is important to leave the 

cable in the ground for sometimes to let the formation surround the cable perfectly. This is done to have the 

FO cable in close contact with the formation and reduce the disturbance of the formation and also the flow 

field. Observations with FO cables are beneficial in the sense that FO cable disturbs less the media. One more 

point is the proper design and planning of the experiment. The proper heating time must be chosen based 

on the expected groundwater flow velocity in the aquifer which would be calculated by the knowledge from 

the aquifer hydraulic conductivity range and also induced hydraulic gradient by pumping. Sufficient heating 

period is required to achieve a trustable and easily interpretable results. Some guides about the required 

heating time based on groundwater velocity is provide by Simon et al. (2021). As the last point, based on the 

experiment design, if the plan lasts for many hours, you must think of additional and emergency power sup-

ply for pump, DTS and heat pulse system in case of sudden power shortage. It is also strongly recommended 

to use extra accurate temperature probes for calibration and quality check of acquired temperature data by 

FO-DTS. 
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3.6.3 Perspective works 

This work assumes that the vertical flow is negligible while it is evident by having a leaky-layer at 

the top, water is charged vertically into the aquifer, which also may affect the response of the temperature 

evolution with time. A numerical model is required to how effective it is and whether it shall be taken into 

account. Another main assumption is the vertical conductivity value, which is considered to be 0.1 of its 

horizontal conductivity. For such a system in which water is being charged from the top layer to the aquifer, 

the vertical hydraulic conductivity plays an important role. So in the next step, we will also assume the vertical 

hydraulic conductivity as unknown and estimate its values and distribution. 
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4.1 Abstract 

Fractured aquifers are known to be very heterogeneous with complex flow path geometries. Their 

characterization and monitoring remain challenging despite the importance to better understand their be-

havior at all spatial and temporal scales. Heat and, correspondingly, temperature data have gained much 

interest in recent years and are often used as a tracer for characterizing groundwater flows. In the current 

work, a fast computer code has been developed using Ramey and Hassan & Kabir analytical solutions which 

converts the temperature profile to the flow rate profile along the borehole. The method developed has 

been validated through numerical simulations. A global sensitivity study recognizes the media thermal prop-

erties as the most influential parameters. For testing the method in the field, fiber-optic distributed temper-

ature sensing (DTS) data were used to monitor the dynamic behavior of fractured aquifers at the borehole 

scale at the Ploemeur-Guidel field site in Brittany, France. DTS data were used to infer the flow rates in the 

different sections of a fractured wellbore (flow profile) and calculate the contribution of each fracture to the 

total flow. DTS data were acquired for about three days in three different hydraulic conditions corresponding 

to two different ambient flow conditions and one pumping condition. Flow profiling using distributed tem-

perature data matches satisfactorily with results from heat-pulse flow metering performed in parallel for 

cross-checking. Moreover, flow profiling reveals the daily variations of ambient flow in this fractured bore-

hole. Furthermore, it shows that during ambient flowing conditions, shallow and deep fractures contribute 

roughly equally to the total flow while during the pumping condition, the deepest fractures contribute more 

to the total flow, suggesting a possible reorganization of flow and hydraulic heads depending on the hydraulic 

conditions. The advantage of the proposed method (DTS data and proposed framework) is that it requires 

less time and effort and provides real-time monitoring of complex fracture interactions and recharge pro-

cesses in fractured media. Thus, this method allows for a full analysis of the system's temporal behavior with 

a simple and fast analytical model. Furthermore, thanks to its narrow width, DTS can be used and installed in 

boreholes while heat-pulse flow metering may lead to head losses in the borehole and may not always be 

possible depending on some borehole conditions. One of the limitations the approach proposed is the proper 

knowledge of the thermal properties of media required to infer the flow rate from the temperature. Never-

theless, surface rate measurement can be useful to constrain these properties and reduce the flow profiling 

uncertainty. Thus, the method proposed appears to be an interesting and complementary method for char-

acterizing borehole flows and groundwater dynamics in fractured media. 

KEYWORDS: Fractured media, Borehole Flow, Flow Profiling, Distributed Temperature Sensing (DTS), Heat-

Pulse Flow Metering (HPFM). 

Nomenclature 

 Variables 

w: Mass rate Ke: Thermal conductivity of the formation 

H: Enthalpy cp: Specific heat capacity 

v: Fluid velocity CJ: Joule-Thomson coefficient 

g: Gravitational constant f (td): Time function 

z: Depth L: Relaxation distance  
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Q: Heat GG: Geothermal gradient 

Tf: Fluid temperature Ut: Overall heat transfer coefficient 

Tei: Initial earth temperature p: Fluid pressure 

td: Dimensionless flow time rwb: Borehole radius 

t: flow time  

4.2 Introduction 

Crystalline rocks or basement are often characterized by a very low rock or matrix permeability but 

a relatively high fracture per-meability, which may enhance flow within aquifers (Roques et al., 2016). Thus, 

in such low permeability media, fractures are usually controlling flow within the aquifer through a network 

of more or less connected permeable fractures (Hsieh, 1998; Le Borgne et al., 2006). This makes flow char-

acterization very challenging given the fact that flows are highly localized in a few frac-tures and may span 

few orders of magnitude depending on fracture permeability (Berkowitz, 2002; Novakowski et al., 2006). 

Among the established and numerous methodologies used for estimating fractured media hydraulic proper-

ties (Berkowitz, 2002; Day-Lewis et al., 2017), vertical borehole flow profiling has been developed to charac-

terize fracture connectivity and hydraulic properties (Paillet, 1998; Le Borgne et al., 2006; Day-Lewis et al., 

2011). The common practice for flow measurements is per-formed by using an impeller (Keys, 1990); heat-

pulse flow meter (Hess, 1986; Paillet et al., 1987; Le Borgne et al., 2006), or elec-tromagnetic flowmeter 

(Molz et al., 1994). The two latter methods are particularly interesting for quantifying the relative contri-

bution of the different fractures in ambient conditions to characterize how hydraulic head varies with depths 

within the borehole (Paillet, 1998). Alternatively, point dilution tracer tests allow obtaining a direct measure-

ment of local groundwater fluxes or Darcy fluxes (Drost et al., 1968; Klotz et al., 1980; Pitrak et al., 2007; 

Novakowski et al. 2006; Jamin et al. 2015). Nevertheless, the re-quirement to perform classical dilution tests 

between packers for characterizing fractured media is a major issue that limits its use in the field.  

Some other indirect methods have been developed to characterize borehole flows like for instance 

dissolved oxygen alteration (Vitale and Robbins, 2017), solute tracers (Michalski and Klepp, 1990), or from 

the analysis of the temperature profile (Klepikova et al., 2014). Temperature-based methods have been used 

for a long time in fractured rock hydrology (Silliman and Robertson, 1989; Keys, 1990). The main hypothesis 

is to assume that if heat advection occurs, due to fracture or borehole flows, the temperature profile should 

deviate from geothermal gradient that is controlled by heat conduction (Anderson, 2005). Thus, any anomaly 

or deviation from geothermal gradient can be used to infer fracture locations in the borehole and fracture 

connectivity (Silliman and Robertson, 1989; Keys, 1990; Pehme et al., 2010; Chatelier et al., 2011). In addition, 

Klepikova et al. (2011) recently showed that it is possible to deduce vertical flows in a borehole from tem-

perature profiles that present a temperature gradient lower than the geothermal gradient. Their methodol-

ogy was based on a numerical model of flow and heat transfer at the borehole scale and validated through 

the use of temperature profiles measured in different hydrogeological conditions. The method has been then 

extended successfully to propose a three-step inversion approach in which temperature profiles inside the 

boreholes are used to infer borehole flows and the inter-borehole fracture connectivity and transmissivity 

(Klepikova et al., 2014). Meyzonnat et al. (2018) proposed another approach based on the borehole scale 

heat budget, which is used for qualitative and quantitative interpretation of depth-temperature data to infer 

water origin and position of water inflows. 
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The emergence and promising advances of new temperature sensing technologies such as Distrib-

uted Temperature Sensors (DTS) which allows recording temperature along fiber-optic cables at an unprec-

edented spatial and temporal resolution, encouraged few authors to develop this technology for fractured 

rock hydrology (Read et al., 2013). In particular, few authors developed tempera-ture tests, where tempera-

ture anomalies are artificially induced, for the characterization of borehole flows in fractured aquifers. For 

instance, Leaf et al. (2012), Sellwood et al. (2015) and Read et al. (2015) used the injection of hot water or an 

electrical heater to infer water direction and velocities in a borehole in ambient and hydraulically stressed 

conditions. Read et al. (2014) used distributed temperature sensing (DTS) in combination with an electrically 

heated DTS cable to quantify vertical flows in a borehole. The temperature difference between a heating and 

non-heating cable was used to infer the fluid velocity variations with depths in the borehole. Coleman et al. 

(2015) proposed another approach in which a combination of Active DTS (A-DTS) tests with flexible liners was 

used to locate groundwater flow zones in a fractured aquifer. Recently, Maldaner et al. (2019) and Munn et 

al. (2020) extended this previous work to quantify depth-discrete flows during natural or artificial conditions 

in a sealed borehole using A-DTS. 

Even though these methodologies are generally used to infer hydraulic properties of fractures ei-

ther in ambient or hydraulically stressed conditions, but, to the best of our knowledge, they are not used for 

monitoring temperature variations in ambient conditions to detect some possible flow variations through 

time. Usually, flow in fractured media is characterized at a given time scale, assuming that such a character-

ization is representative of boundaries conditions. Some approaches at monthly or yearly time scales are 

common for studying annual recharge (Jimenez-Martinez et al, 2013), but are generally based on hydraulic 

head variations through time that is very integrative. Flow variations may reveal the sensitivity of the aquifer 

to changes in boundaries conditions that may be associated with groundwater recharge, tides, or other pro-

cesses. Characterizing possible changes in boundaries conditions may be very useful since borehole flows are 

classically used to infer the distribution of fracture transmissivity along the borehole (Paillet, 1998; Le Borgne 

et al., 2006; Day-Lewis et al., 2011). Being able to monitor flow changes may also allow infer-ring character-

istic response times of fractured media at varying depths. Such changes through time may also be crucial for 

characterizing mixing and biochemical reactivity in fractured media (Bochet et al., 2020). 

Here, we are addressing the use of temperature data to monitor groundwater flows variations 

through time. We propose using fiber-optic DTS for continuously monitoring temperature data at a short 

time scale and for inferring borehole flow changes all along the borehole. To provide real-time monitoring of 

flows at different depths, we are using a framework based on analytical solutions for converting temperature 

data into flows, which can be much faster compared to numerical simulators while providing satisfactory 

results. Due to the high frequency of recorded temperature data, a fast interpretation framework is indeed 

required to capture the dynamic response of the media. In this paper, we intend to show: (i) the potential of 

using a simple analytical model to infer borehole flows from temperature data, (ii) the advantage and limita-

tions of using DTS data for borehole flow metering (a potential substitute for conventional methods like heat 

pulse flow meter), and (iii) the potential information that the methodology provides to better characterize 

groundwater dynamics over time and space. 

In the following section, we present the theory of the heat transfer model and describe Ramey's 

and Hassan Kabir's solutions for the flow profiling problem (Ramey, 1962; Hasan and Kabir, 1994). The calcu-

lation procedure used in the proposed framework is described in supplementary materials, and a numerical 

model is used to validate the proposed framework. Then, after having described the field site, the final sec-

tion of the manuscript describes an application of the approach for monitoring the hydraulic response of a 

fractured borehole at the Ploemeur-Guidel field site located in Brittany, France. 
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4.3 Flow model from the temperature profile 

4.3.1 State of art 

In petroleum engineering, the works on the concept of flowing well temperature profile prediction 

date back to nearly sixty years ago (Edwardson et al., 1962; Lesem et al., 1957; Moss and White, 1959) but 

the pioneering work belongs to Ramey (1962). He proposed a simple analytical solution to predict the tem-

perature profile of single-phase water in an injection well. Later, his analytical model was successfully applied 

to production wells (Horne and Shinohara, 1979). The model considers steady-state heat transfer inside the 

borehole while heat transfer from the borehole to the surrounding formation is governed by transient radial 

conduction. He considered the borehole as a line source and the surrounding earth as an infinite sink in which 

heat diffusion only occurs in a horizontal plane and vertical heat diffusion is negligible. In Ramey's analytical 

model, inflow or outflow of the fluid from formation to the borehole or vice versa is not directly considered. 

However, the inflow/outflow from the borehole can be inferred by estimating the flow, above and below the 

production/thief zone. The difference will indicate whether the zone is acting as inflow or outflow. The fluid 

temperature moving inside the borehole is a function of the depth, thermal properties of the borehole, sur-

rounding earth, and also flow time. A time function is introduced to account for the temporal heat transfer 

behavior in the formation. Later Satter (1965) and Sagar et al. (1991) extended Ramey's model to two-phase 

flow by taking into account, the effect of the kinetic energy and Joule Thompson effect caused by pressure 

change along the borehole. Hagoort (2004) examined Ramey's model applicability and found out that it can 

be an excellent approximation except at early times when the calculated temperature is overestimated. 

Hasan and Kabir (1994) further developed Ramey's model. They proposed a new approximate so-

lution for transient heat transfer in the formation as well as incorporating both convective and conductive 

heat transport for the wellbore/formation system. In Hassan and Kabir's model, they used an appropriate 

inner boundary condition (finite wellbore) for wellbore/formation heat trans-fer and demonstrated the im-

portance of including the convective heat transfer. Later, Kabir et al. (1996) proposed a model using energy, 

mass and momentum balance and including different fluid inflows to the borehole. Afterward, there have 

been many publications by Hassan et al. incorporated the hydrodynamic of different flow patterns and well 

geometry (2007, 2002). In one of his most general works, a robust analytical steady-state model is presented 

which includes wellbore inclination, varying geother-mal gradient, and Joule-Thomson effect by dividing the 

borehole into sections of uniform thermal properties and inclinations (Ha-san et al., 2009). The limitation of 

this approach is that the solution is not applicable in production zones (in front of production zones) but 

rather in stable flowing zones above and below the production zone. 

Ramey (1962) and Hassan and Kabir's (1996) models were mostly applied for applications implying 

multiphase flows in petroleum engineering, CO2 sequestration or geothermal energy development. How-

ever, Hasan & Kabir's and Ramey's solutions can be ap-plied for hydrological applications. In such a case, the 

physics of flow and temperature exchanges must be simplified for single-phase flow. No specific assumption 

would limit the application of these solutions to hydrology. Silva et al. (2019) recently validated Ramey's 

solution experimentally for a range of water flow rates similar to our application in the field. Using a labora-

tory proto-type, they obtain very good agreement between flow rate measurements derived from tempera-

ture profiles using Ramey's model with imposed flow rates (Silva et al., 2019). Preto et al. (2019) investigated 

the reason for nonlinearity in the recorded geothermal gradient in the upper part of a deep wellbore which 

could not be explained by the variability of measured thermal properties of sediments and rocks. They also 

used Ramey's equation to see if the vertical flow of warm fluid in the upper part can explain this discrepancy 

between measured and modeled geothermal temperature. They estimated the vertical flow velocity and 

concluded that this discrepancy can be explained by the infiltration of warm fluid transported from depth by 
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fractures (Preto et al., 2019). In this work, the use of Hasan & Kabir's solution for converting temperature 

profile into flow profile is validated numerically (section numerical validation) and also experimentally by 

cross-checking the estimated flow rates with measured flow rates by a heat pulse flow meter. 

Emergence and promising advances of new temperature sensing technologies such as Distributed 

Temperature Sensors which allows recording of high spatial and temporal temperature has also encouraged 

researchers to use these data type in petroleum engineering (Ouyang and Belanger, 2004; Kluth and Naldrett, 

2009; Wang, 2012; Kabir et al., 2012; Nuñez-Lopez et al., 2014), especially for flow profiling inside boreholes 

and characterization of the unconventional reservoirs (Luo et al., 2020a; 2020b). These types of data can 

provide real-time monitoring of the system which may be very useful, especially when the system is subjected 

to different natural and artificial hydrological process variations. However, real-time, transient analysis of 

DTS data may not be practically favorable due to the computational time and resources required. In one of 

the recent works, Alemán et al. (2018) have used machine learning techniques for flow profiling and calcula-

tion of the fracture flow rate using temperature data to assess the effectiveness of the hydraulic fracturing 

operations in oil and gas wells. 

4.3.2 Heat transfer model 

This subsection is devoted to briefly explaining the heat transfer model developed by Ramey (1962) 

and Hasan & Kabir (1994) used in the current paper. We have provided more explanation of the derivation 

of equations in Appendix A. We encourage those who are interested in the detailed derivation of the analyt-

ical model to refer to works published by these authors as given in the references.  

Considering a flowing volume of water in the jth section of the wellbore between z and z-dz (figure 

4-1), both models assume steady-state heat transfer inside the wellbore and transient radial heat transfer 

from the borehole to the formation. Writing up the energy balance for the control volume, assuming radial 

heat transfer from the fluid to the surrounding earth, solving the two equations jointly with proper initial and 

boundary conditions (see Appendix A), we come up with the following equation which describes fluid's tem-

perature profile (Tf) along a vertical borehole depth, z. 

𝐓f = 𝐓ei −
[1 − e(𝐳−zj)Lr]

Lr
(GG −

g

cp
) + [𝐓fj − 𝐓eij]e

(𝐳−zj)Lr , 

Equation 4:1 – The moving fluid temperature inside the borehole 

Here, Tei is the initial earth temperature (the temperature at geothermal gradient), Tfj and Teij are fluid tem-

perature and initial earth temperature at the fluid entry point to the borehole (zj), respectively. Also, GG, g 

and cp represent the geothermal gradient, gravitational acceleration, and specific heat capacity of water, 

respectively. Furthermore, Lr is called the relaxation distance. This is the distance required by the fluid to be 

traveled so as the fluid temperature gradient becomes parallel to the geothermal gradient. The relaxation 

distance depends on fluid velocity and the thermal properties of the fluid and media. 
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Figure 4-1 Diagram of the Control Volume used for heat transfer modelling inside the production borehole. Heat is either advected 

by fluid flow or conducted radially in the surrounding media. 

The formula for Lr in Ramey and Hassan Kabir equations are essentially the same but proposed for different 

boundary conditions assumed for solving the set of equations. Ramey considered the borehole as a line 

source while Hassan and Kabir defined the borehole as a finite radius boundary condition. However, both 

solutions converge at late times. 

Lr
Ramey =

wcp𝑓(td)

2π𝜆𝑒
, 

 
(a) 

Lr
Hassan & Kabir =

wcp

2π
[
λe + Ut𝑓(td)

rwbUtλe
], 

(b) 

td =
λet

rwb
2
, 

(c) 

𝑓(td) = 𝑙𝑛 (1 + 1.7√td), (d) 

Equation 4:2 – Relaxation distance given by Ramey (1962) and Hassan & Kabir (1994) 

In the above equations, λe, rwb, w, cp are thermal conductivity of the rock, borehole radius, fluid mass rate, 

and fluid specific heat capacity, respectively. Also t is the flow time, td is dimensionless flow time defined in 

the equation (4). Flow time refers to the time that the borehole has been producing and heat being trans-

ferred from the fluid to the surrounding media. The dimensionless time function is shown by f (td) accounts 

for unsteady-state heat transfer to the formation. Furthermore, Ut is the overall heat transfer coefficient 

which is explained comprehensively in Appendix A. Various forms of formulas for f (td) existing in the litera-

ture, has been studied and compared by Satman and Tureyen (2016). They suggested that the dimensionless 

time function by Kutun et al. (2014) as given in equation 4:2 (d) would be sufficiently accurate for engineering 

purposes for most values of flow time. This approach is frequently used in petroleum engineering as well as 

in geothermal reservoir (Nian et al., 2018; Song et al., 2018; Wang., 2019). In the following, we demonstrate 

its applicability in hydrology by performing numerical validation and also showing its field application. 

4.3.3 Inversion of temperature data and flow profiling 

In this section, we explain how distributed temperature data (acquired along the borehole), are 

used to obtain the water velocity (and consequently water flow rate) in different sections of the borehole. 

Assuming proper knowledge of the water and media thermal properties (geothermal gradient, the thermal 

conductivity of the rock, flow time, etc.), Lr is determined so as the recorded distributed temperature data 

matches the predicted distributed temperature data by minimizing the following objective function. This ob-

jective function is the root mean square error normalized by the temperature measurement error variance 

(temperature accuracy) and minimization continues until the objective function converges to values close to 

one which means the prediction is within the error level. 
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objective function=
√

1
N

∑ (𝐓recorded − 𝐓predicted)
2

N

1

σerror
2

  , 

Equation 4:3 – objective function for flow profiling 

where n and σerror are the number of recorded temperature data and error of recorded temperature data, 

respectively. Once Lr is determined, we use the Hassan & Kabir equation for the relaxation distance given by 

equation 4:3 to calculate the water mass and thus flow rate and water velocity. It should be noted we use 

equation 4:3 as it applies to more general cases. In early times, the wellbore is not acting as a line source, so 

that Ramey's assumption is not satisfied. However, both equations (equations 4:2 (a) and (b)) can also be 

used to calculate the water flow rate and both should yield the same results for the large flow time and small 

borehole radius (large values of td) as the condition becomes closer to the line source assumption for the 

borehole. 

The minimization process starts with an initial guess Lr. To speed up the minimization process, we 

need to provide an initial guess close to the final value. For this reason, we use the linearized form of the 

equation 4:1 (please see supplementary materials). Using Lr Ramey proposed by Ramey, we obtain the following 

simple equations to estimate the water velocity. This gives us most of the time, a fairly close initial guess to 

the final solution. The initial guess is given as follow: 

d𝐓fj

d𝐳
|
z=zj

= (𝐓fj − 𝐓eij) × Lr
Ramey 

 
(a) 

vinitial =
2πλe

ρ𝑤cp𝑓(td)
× [

(𝐓fj − 𝐓eij)

d𝐓fj

d𝐳 |
z=zj

], 
(b) 

 
Equation 4:4 – Initial estimation of water velocity using linearized Ramey equation 

Here, ρwater and vinitial are water density and an initial guess for water velocity, respectively. The above equa-

tion simply states that the fluid velocity is not dependent on the absolute value of the temperature but rather 

on the spatial change of fluid temperature along the borehole. It should be noted that for multiple flowing 

zones (different j sections) i.e. zones with different water flow rates in the borehole, we repeat the same 

procedure explained above. Once the water flow rate in all zones is determined, the contribution of each 

fracture to the total flow can be inferred from deducing the flow rates in consecutive zones. 

4.3.4 Numerical validation 

4.3.4.1 Description of the numerical model 

A numerical model describing heat transfer of moving fluid from the borehole to the surrounding 

area has been developed using the finite element-based software COMSOL Multi-physics® v. 5.4. (2018). The 

model mimics an artesian borehole in which, flow from the bottom of the borehole and flow from different 

fractures contribute to the total upward flow. This model is used in the following, to first validate the ap-

proach and secondly, evaluate the accuracy of the proposed framework. The model calculates fluid temper-

ature profile along the borehole given the thermal properties of the fluid and the media as well as fluid ve-

locity. Then, the generated temperature profile is used to back-calculate the fluid velocity in the borehole by 

inversion of generated temperature data (using the aforementioned analytical solutions and calculation pro-

cedure by the computer code developed). By comparing the given fluid velocity in the model and the one 

estimated from temperature data, we can evaluate the accuracy of the methodology. The model has been 
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created for cases where one, two, and three fractures are crossing the wellbore although it could be gener-

alized to more complex cases with more fractures crossing the borehole. In this section, only the case of two 

fractures is shown, but similar results were obtained with one or three fractures. 

It can be argued that the thermal effect of the fluid flow inside a fracture on the temperature dis-

tribution in the rock matrix away of the borehole (which consequently affects the fluid temperature inside 

the wellbore) may not be significant. Thus, to reduce the computational complexity associated with including 

fractures in the model, the borehole is divided into different sections and different fluid velocity is given to 

each section as shown in figure 4-2. This mimics the presence of fractures and their contribution to the total 

flow in the borehole. Figure 4-2 represents the numerical model schematic, meshing, and representation of 

physic used to model the effect of fracture in the borehole (for a case of two fractures). In the model, the 

outer radius and height of the aquifer are considered to be 100 m while the borehole radius is chosen as 0.07 

m. The mesh size is small around the borehole while being larger moving away toward the boundaries. 

 

 
Figure 4-2: Schematic of the numerical model and representation of the borehole with two fractures and three flowing sections 

4.3.4.2 Synthetic test with two fractures 

In this part, it is assumed an artesian borehole in which two fractures are crossing the wellbore at 

the depths of 100 m and 70 m contributing to the total flow of water. There is a flow from the bottom of the 

borehole (velocity 1) and two fractures are also contributing to the total flow. The water and rock specific 

heat capacities are respectively fixed to 4180 and 750 (J/kg×°C) while water and rock densities are respec-

tively 1000 and 2560 (kg/ m3). The geothermal gradient used in the model is 0.016 (°C/ m), as proposed by 

Klepikova et al. (2011) for the same site chosen for the application (see section 3). However, the choice of 

these parameters in the numerical model does not affect the results as they are supposed to be known (the 

same parameter are used in the computer code). The outer boundary conditions are taken to be thermal 

isolation. The surface and bottom boundary conditions are respectively set to a constant temperature of 15°C 

and the geothermal temperature at 100 Sm.  

The difference between the flow rate used in the model and flow rate inferred from the tempera-

ture by the analytical approach defines the error. Analysis of the results for a different number of fractures, 

flow rate as well as a different range of flow time, indicate that errors are less than 10%, even for a very low 
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flow rate which may not be measurable by conventional flow meters. The flow rates tested range from 5.42 

lit/min to 542.88 lit/min for different flow time ranging from one day to several weeks. As an example, the 

best and worst estimate for the case of 5 lit/min are 5.43lit/min and 4.98lit/min corresponding to 9% and 1% 

errors. For the case of 542.88 lit/min, the best and worst estimates are 541.12 lit/min and 494 lit/min and 

their associated errors are almost zero and 9%, respectively. These errors are very reasonable errors consid-

ering the errors of measurements from flowmeters that also range classically within 10% or more (Paillet et 

al 1998). Considering reasonable such errors allow validating the use of the analytical model for converting 

temperature data into flow profile. In figure 4-3, we show the flow used in the numerical model (to generate 

temperature) versus the estimated flow rate (estimated from the temperature using the analytical solution). 

It should be noted that here we only show the cases with the highest errors (worst estimates) and we still 

see the good agreement. It is worth mentioning that the source of this error could be the limitation of ana-

lytical solutions (due to their assumption during the derivation) in capturing the real physics of the problem 

but it still provides satisfactory results. 

 
Figure 4-3: Comparison of flow rate used in the numerical model and flow rate calculated from the temperature data using the ana-

lytical approach 

4.3.5 Sensitivity of the model to the different parameters 

The analytical model being validated, we investigate here the sensitivity of the model to the differ-

ent parameters. In the supplementary materials, some simulations are presented to investigate the respec-

tive impact of the different parameters. For the hydrological application considered, we found that the three 

most important parameters are the geothermal gradient, the thermal conductivity of the rock, and the flow 

time (by order of importance). Indeed, as heat is continuously exchanged between borehole and media with 

time, near-wellbore region will equilibrate toward fluid's temperature and heat transfer rate decreases. In 

fact, the geothermal gradient and flow time determine the driving force while the thermal conductivity of 

the rock controls the heat transfer rate.   

To complement this analysis, a global sensitivity analysis has been performed using the Sobol 

method available in the safe MATLAB toolbox (Pianosi et al., 2015). It allows determining the importance of 
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the most influential parameters on the calculated flow rate. In a global sensitivity analysis, all parameters are 

varied simultaneously over the entire parameter space, which leads to simultaneously evaluating the relative 

contributions of each individual parameter and the interactions between parameters to the model output 

variance. To date, several types of global sensitivity analyses have been developed. However, variance de-

composition based Sobol sensitivity analysis is so far one of the most powerful techniques. Sobol sensitivity 

analysis intends to determine how much of the variability in model output depends on each of the input 

parameters, either upon a single parameter or upon an interaction between different parameters. In order 

to understand how the output variance can be attributed to individual input variables and the interaction 

between each of the input variables, the total‐order, first‐order (main effect), second‐order, and higher‐order 

sensitivity indices are calculated to accurately reflect the influence of the individual input and their interac-

tions. The first order Sobol index (main effect), explains the contribution of parameter alone to the output, 

while the total index (total effect) reflects the relative importance of one input variable and all its interactions 

with other variables. Here, the first-order Sobol index values are 0.66, 0.027, and 0.06 for the geothermal 

gradient, the thermal conductivity of the rock and flow time while the total Sobol index are 0.97 0.74 and 

0.57, respectively. Figure 4-4, shows and compares the values of these indices. We see that the geothermal 

gradient is the most significant variable taking into account both its main effect and its interaction with other 

parameters. Rock thermal conductivity and flow time have a very small main effect. However, their impact 

on the total variance is notably high (high values of total effect) due to their interaction with other parame-

ters. This means that uncertainty in flow profiling can be significantly reduced by proper measurement of the 

geothermal gradient which may not be difficult to estimate in comparison to the other parameters. The ge-

othermal gradient can be measured in the wells with stagnant water inside, ensuring no cross-flow in a bore-

hole section. In such boreholes, the change of stagnant water temperature with respect to the depth reflects 

the value of the geothermal gradient (assuming that water has stayed long enough in the borehole to reach 

thermal equilibrium with the surrounding media). However, in case of no or little, knowledge of thermal 

properties, we will show in section 6.1, how to estimate these parameters for flow profiling application using 

a measured flow rate. 

 

Figure 4-4:  Global sensitivity analysis (Sobol method) performed for three parameters and the corresponding sobol indices including 
main effect and total effect. The main effect represents the contribution of parameter alone while the total effect represents its 
interaction with other parameters. 
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4.4 Hydrogeological setting  

4.4.1 The Ploemeur-Guidel field site 

The field site of Ploemeur-Guidel is a coastal aquifer located in Brittany, France, which provides one 

million cubic meters of drinking water annually to a nearby town. The mean annual precipitation is about 800 

mm while the mean annual evapotranspiration is about 500 mm. Although the site is located in crystalline 

rocks composed of granite and micaschists, the good connectivity and high hydraulic conductivities of large-

scale faults provide water supply since 1991 (Le Borgne et al., 2006). The structural analysis combined with 

geophysical data (Touchard, 1998; Ruelleu et al., 2010) revealed that the most productive boreholes are lo-

cated at the intersection of two main tectonic features: a low-angle fault zone between granite and micas-

chist dipping about 30° to the north, and dextral fault zones regularly spaced and striking north 20°. Com-

pared to other bedrock aquifers in Brittany, this aquifer is outstandingly productive. Although hydraulic prop-

erties are highly variable in space, especially at small scales, the large-scale transmissivity of the site varies 

between 10-3 to 10-2 m2/s (Le Borgne et al., 2006; Jimenez-Martinez et al, 2013). The site has been the subject 

of numerous experiments and studies, which include but are not limited to geophysical imaging, residence 

times modeling, water chemistry monitoring (Ruelleu et al., 2010; Leray et al., 2012; Roques et al., 2018). 

The Ploemeur-Guidel hydrogeological observatory (http://hplus.ore.fr/en/ploemeur) is a part of both the H+ 

network of hydrogeological sites (http://hplus.ore.fr/en/) and the French Critical Zone network OZCAR 

(http://ozcar-ri.org/) (Gaillardet et al., 2018). All data used in this study can be found on the H+ database (de 

Dreuzy et al., 2006; http://hplus.ore.fr/en/). 

4.4.2 Borehole PZ-26 

Among the numerous boreholes available, borehole PZ-26 was chosen to apply the approach ex-

perimentally. PZ-26 is an artesian borehole located near a small stream and very close to a wetland area fed 

by groundwater and which is the aquifer's outlet. The flow rate at the top of the well is varying depending 

on the seasons. It is maximum after groundwater recharge which occurs in winter in general, while the flow 

rate is minimum in autumn, just before the start of groundwater recharge. Thus, borehole PZ26 is an artesian 

well where flows are strongly sensitive to hydraulic changes through time. This sensitivity to hydraulic 

changes motivated the installation of temperature monitoring through FO-DTS hoping to record flow changes 

within the borehole through time. Note also that the development of microbial communities that can be 

observed locally at some fracture intersections up to 60 meters deep in this borehole, is strongly related to 

flows within the borehole (Bochet et al., 2020). Indeed, the developments of these microbial hotspots appear 

due to intermittent oxic–anoxic fluid mixing in relation to flow dynamics in the borehole, (Bochet et al., 2020). 

According to a simple mechanistic model of fluid flow and mixing in fractures, the authors showed that such 

microbial hotspots are sustained by the mixing of fluids with contrasting redox chemistries at fractures inter-

sections and that meter-scale changes in near-surface water table levels could cause intermittent oxygen 

delivery through deep fractures (Bochet et al., 2020). Thus, temperature monitoring using FO-DTS was con-

sidered a promising tool for monitoring flow changes along the borehole to better understand flow dynamics 

and microbial communities development. Although the analysis of microbial communities development is 

beyond the scope of the present study, and the fact that flow profiling from temperature monitoring is an 

indirect method for estimating borehole flows, the advantages of FO-DTS borehole are to provide flow pro-

filing all along the borehole without leading to head losses in the boreholes nor using multi-packers that are 

complex to use and may strongly alter microbial hotspot developments.  

PZ 26 is a 6 inches' diameter open borehole where about a dozen permeable and producing frac-

tures have been identified thanks to optical and flowmeter borehole logging (Bochet et al., 2020). Despite 
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the borehole's depth, only mica-schists dipping slightly towards the north have been encountered in the 

borehole. The deepest fractures were found the most productive (below 94m). Fractures in this borehole 

inherit two different orientations; North-West oriented and East oriented fractures. Note that the golden 

color shown on the borehole schematic in figure 4-5, for depths above 59 meters, corresponds to iron-oxide 

precipitation that results from the mixing of oxygen-containing surface water and iron-rich deep water. The 

value of the transmissivity of the productive fractures above 94m in this borehole ranges from 10-4 to 5.10-4 

m2/s measured by borehole flowmetry (Bochet, 2017).  

4.5  Data acquisition and processing 

4.5.1 Experimental setting 

Distributed Temperature was continuously monitored along the borehole during about three days 

thanks to a Fiber-Optic Distributed Temperature Sensing (FO-DTS) installed in the borehole PZ-26. The fiber-

optic cable designed by Brugg Kabel AG, Switzerland has a 3.8 mm diameter and is protected by steel armor-

ing and a polyamide jacket. It contains four multimode fiber-optics that were spliced together to make a 

connection between two fiber-optics. Such splicing allowed double-ended measurement calibration follow-

ing Van de Giesen et al. (2012). The spliced endings were protected by 3-D printed casings filled with epoxy. 

The end of the cable was easily installed at the bottom of the borehole so that the cable was installed all 

along the borehole without any tension. DTS data were recorded using a DTS XT unit (Silixa) with a spatial 

sampling of 25 cm. The cable metering made it possible to associate a depth to each measured temperature. 

The acquisition frequency was set to every one minute in a double-ended configuration which allows tem-

perature monitoring at a high temporal frequency.  

During the three days of temperature monitoring (implemented in late October 2018, just before 

groundwater recharge), some hydraulic changes in the borehole were clearly observed from the variation of 

flow rate at the top of the borehole that was increased by a factor of around two during the first night of 

monitoring. Tidal variations or atmospheric pressure changes could not explain this hydraulic response but 

more likely due to water level changes associated with the hydrological cycle and groundwater recharge. As 

we shall see in the following sections, these flow rate changes were also associated with temperature varia-

tions in the borehole. In addition to monitoring natural hydraulic changes, a small pump (MP1- Grundfos) 

was installed in the first meters of the borehole at nearly the end (from 12:30 to 15:30 on the third day of 

the experiment) of the temperature monitoring period to increase the flow rate. This allows us to test the 

methodology used to monitor borehole flow changes in the borehole for three different conditions. Thus, 

throughout the monitoring period, the system was subjected to two different naturally occurring ambient 

conditions and one pumping condition (pumping flow rate around 40 l/min). For cross-validation of the flow 

profiling determined from temperature measurements, the flow has been also measured at different depths 

with a Heat-Pulse Flowmeter (HPFM, Geovista) (Le Borgne et al., 2006) to well capture the flow variations 

along the borehole. HPFM is composed of an electrical resistance acting as a heat generator and two ther-

mistors below and above the resistance. The resistance generates a heat-pulse, and the travel time of the 

thermal breakthrough peak is recorded by one of the thermistors. The measured travel time is inversely 

proportional to the flow and the localization of the thermistor measuring the plume gives the direction of 

the flow. Note that a calibration process is used and described in the following to estimate the flow rate from 

travel time measurements. For each point measured by HPFM, we record the travel time at least three times 

to be able to quantify the uncertainty associated with the HPFM measurement. The mean standard deviation 

for travel time for ambient 1, ambient 2 and pumping hydraulic conditions are 1.92, 0.73 and 0.17 seconds 

corresponding to mean uncertainty of 1.1 lit/min, 2.45 lit/min and 2.92 lit/min. This mean uncertainty in flow 

measurement (dF) is obtained by taking the differential of both sides in the fitting equation (figure S5 in 
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supplementary materials) and using the mean uncertainty in the measured travel time as the uncertainty (dt) 

in travel time estimation. However, the uncertainty of the measurements is also defined locally at each point. 

The mean, and standard deviation of recorded travel times (at each point) are used to find the average flow 

rate and corresponding uncertainty.  

4.5.2 Data processing 

4.5.2.1 FO-DTS calibration and processing 

The laser backscattered signal conversion to temperature was done directly by the DTS unit using 

the double-ended calibration procedure (Van De Giesen et al., 2012). Due to the double-ended configuration, 

four coil sections of fiber-optic were installed before and after entering the borehole, in two baths filled with 

water at ambient temperature (15°C) and with wetted ice (0°C). To assess the accuracy and resolution of the 

temperature data recorded by DTS, few RBR temperature sensors with a temperature accuracy of 0.002 °C 

were also used in different locations, including the calibration baths (cold and ambient baths). One additional 

RBR solo T was set up to the top of the borehole in the water to check the calibration. A comparison of the 

temperature data recorded by DTS and RBRs reveals that the mean absolute error is around 0.05 °C and the 

maximum error was found to be 0.1 °C by DTS. Recorded temperature data normally inherits noises. Remov-

ing the noise from the data is essential for a successful interpretation and flow. Temperature inflection 

points, which may represent the fluid's entry and consequently defining the production zones, should not be 

mistaken with local noise in the temperature at that location.  

Smoothing was performed on time and not on space as details on the temperature variations in 

space are used for flow profiling and detection of the possible fracture locations. The locally Weighted 

Smoothing (LOESS) method (Cleveland, 1979) has been chosen to perform smoothing the data. LOESS uses 

locally weighted linear regression to smooth the data. It is weighted in the sense that a weighted function is 

defined within a span (window). Then a smoothed curve is obtained through a set of data defined by this 

dynamic span. The choice for value of span is critical to make sure that smoothing is effective and over-

averaging will not happen which may result in losing resolution and dilution of the information (Moreno et 

al., 2014). Considering and trying the different spanning value for the smoothing process, we finally came up 

with a spanning of 10% of data. This means that moving smoothing window contain 10% (around 5 hours of 

recorded temperature data) of all observed temperature, each time it performs smoothing. 

4.5.2.2 Heat-pulse flowmeter calibration 

Parallel to recording distributed temperature data, heat-pulse flow metering was performed in all 

three different flowing condition periods. For all tested points (depths) in the borehole, at least three meas-

urements were done to reduce the measurement uncertainty following Paillet's methodology (1998). To cal-

ibrate heat-pulse data, we recorded the travel time just above all fractures and below the casing in the upper 

meters of the borehole, where the flow rate is maximum. At this location, the borehole wall is relatively 

smooth, and measurements were made for different pumping flow rates that were precisely measured from 

the timing to fill a large bucket (figure S5 in the supplementary materials). The calibration has been used to 

convert travel times to flow rate assuming that borehole diameter is constant all along the borehole. 

4.6 Field application  

4.6.1 Spatio-temporal temperature variations 

Figure 4-5 shows the Spatio-temporal representation of DTS data after smoothing. On the left, a 

schematic of the borehole and location of the fractures are presented. The bottom horizontal scale gives the 
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timing of different events (ambient 1, ambient 2 and pumping). The temperature scale is provided on the 

right of the figure. A blue rectangle presents the time range corresponding to approximately each event. The 

white vertical lines correspond to the three-time shots chosen for temperature data to represent the three 

different hydraulic conditions (figure 4-6). These time shots from smoothed temperature data were then 

used for flow profiling.  

Considering figure 4-5, we can observe temperature variations happens in a relatively small range 

during the three days of the experiment, between 14° up to 15.8 °C, the highest temperature being observed 

at the greatest depths. Nevertheless, some changes can be clearly associated with different hydraulic condi-

tions (ambient 1, ambient 2, and pumping). Hence, the temperatures are relatively stable from the beginning 

of the experiments up to 9 am in day 2. This period of time corresponds to the first natural conditions en-

countered at the beginning of the experiment. Then from 9 am up to 11 am, an increase in temperature 

seems to happen at all depths. This is difficult to define precisely the limits, but the temperature seems more 

or less stable from 11 am (second day) up to 9 am (third day), which corresponds to the second natural 

conditions encountered. During that period of time, the flow rate at the top of the borehole was approximate 

twice the one measured during ambient 1. Then, during the last hours of the experiment, pumping was 

started from around 12:30 (day 3) for three hours up to 15:30. This pumping period is associated with a clear 

increase in temperature. It is worth noting that a natural temperature variation (probably flow rate increase 

as the temperature isotherm moves to upper depth compared to ambient 2 condition) could be observed 

from around 10 a.m. to 12 a.m. in the third day just before the pumping. However, as the pumping starts, 

the temperature isotherms move to lower depths and the pumping condition temperature profile becomes 

dominant and stable. 

These temperature variations with time may also be observed at a given depth for the different 

hydraulic conditions (ambient 1, ambient 2, and pumping). For instance, consider the yellow isotherm corre-

sponding to the temperature of 15.1°C. It can be seen that this isotherm in ambient 1 condition reaches the 

depth of 70 m while in ambient 2 and pumping conditions in which flow rates are higher respectively, this 

isotherm is observed at 60 m and 20m, respectively. This means that as the fluid velocity increases, the fluid 

retains its energy more as it has less time to exchange heat with surrounding media. Furthermore, in front of 

fracture at 75m, a green horizontal line in ambient 1, and a yellow horizontal line in ambient 2 and pumping 

conditions can be observed. This suggests a cold water inflow into the borehole. Similar inflows can be ob-

served for fractures at 29 and 95 meters, although temperature contrasts seem weaker. The locations of 

fractures are shown on the depth axis and it can be observed that many fracture locations correspond to 

temperature variations of the fluid. 
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Figure 4-5: Representation of borehole schematic (left) with the position of the different fractures identified and Spatio-temporal 

temperature data (smoothed) recorded in borehole PZ-26 during the three different hydraulic conditions. The colour scale for tem-
perature is provided on the right of figure.   

The great advantage of FO-DTS is to provide full temporal monitoring that allows us to easily define 

some representative times of the different hydraulic conditions encountered. Thus, three-time shots from 

the DTS data representing three different flowing conditions (hydraulic conditions) were chosen to perform 

flow profiling in the borehole. Vertical white lines in figure 4-5 represent these three-time shots. Because 

heat-pulse flow metering typically lasts a few hours, the time shots were chosen to be in the middle of the 

heat-pulse flow metering operation and ensuing these time shots lies within a stable temperature period. 

This results in a fair comparison between results obtained by heat-pulse flow metering and flow profiling 

done by using DTS data (The temperature profile is chosen from smoothed data). Figure 4-6 shows the three-

time shots chosen for flow profiling (distributed temperature with depth). The blue, orange and yellow curves 

represent ambient 1, ambient 2, and pumping conditions, respectively. It can be seen that increasing the flow 

rate results in less changes of temperature with depth. This happens because, for a fixed borehole length, 

higher the fluid velocity (rate), there will be less residence time for the fluid to do the heat exchange with 

the surrounding rock. This can be also seen in figure 4-5 when comparing the same color spectrum for differ-

ent depths. For example, the isotherm of red color in ambient 1 is in lower depth rather than ambient 2 and 

finally pumping condition. This means in the pumping, the fluid has conserved more of its energy compared 

to two other conditions. It is important to mention that prior knowledge of the fractures' locations is essential 

for the interpretation of the temperature profile. However, in the case of no previous knowledge, finding the 

locations on the temperature profile where there is a heating (water coming to the borehole is colder with 

respect to the fluid in the borehole) or cooling (water coming to the borehole is hotter with respect to the 

fluid in the borehole) peak allow to infer the possible locations of the inflows. It must be noted that noise 

can create the same peaks but they are not stable with time while peaks corresponding to fluid inflows (with 

different temperatures) should persist at all times. It is worth mentioning that we see a sharp decrease in 

flowing water temperature at around 20m, possibly due to the introduction of cold surface water. 
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Figure 4-6: Comparison of three time-shots recorded temperature profile (smoothed) corresponding to the 3 different flowing con-

ditions (ambient 1, ambient 2 and pumping). 

4.6.2 Flow rate calculations 

Flow profiling using temperature data is quite dependent on proper knowledge of media thermal 

parameters and the flow history of the well (how flow rate varies with time which is used to calculate the 

flow time). In general, flow changes over time are not considered and media thermal properties are chosen 

at "known" constants. We implemented a full sensitivity analysis that is described in section 6. Here, we 

present and compare flow results obtained (1) by using the parameters suggested by Klepikova et al., (2011), 

who also did measurements/estimations of thermal parameters on the same site and (2) results obtained 

using the optimum values found by matching the manually measured surface flow rate to surface flow rates 

predicted by DTS (see section 6.1). However, it should be noted that these values may not necessarily repre-

sent realistic parameter values but mostly parameters obtained by tuning of surface flow rate predictions to 

surface flow rate measurements. These parameter values will be discussed in section 6. Although the param-

eter sensitivity will be discussed in section 6, this provides an idea of the results' sensitivity depending on the 

parameters chosen. All parameter values used for flow rate estimations are given in Table 4-1. The explana-

tion of the used parameters is also given in section 6.1. 

Table 4-1: Fluid and Media Properties Used for Flow Profiling 

Density 

of the 

rock 

(kg/ m3) 

Heat ca-

pacity of 

the rock 

(J/kg×°C) 

Thermal 

conductiv-

ity of the 

fluid 

(W/m×°C) 

Heat ca-

pacity of 

water 

(J/kg×°C) 

Thermal 

diffusivity 

of the 

fluid 

(m2/s) 

Rock thermal conduc-

tivity 

(W/m×°C) 

Geothermal gradient 

(deg°C/m) 

Flow time (day) for am-

bient1, ambient2, 

pumping (respectively) 

Optimum 

value 

 

Klepikova 

et al. 

(2011) 

 

Optimum 

value 

 

Klepikova et 

al. (2011) 

Optimum 

value 

 

Klepikova 

et al.  

(2011) 

 

 

2560 

 

790 

 

0.59 

 

4190 

 

1.41 E-7 

 

5.8 

 

2.4 

 

0.013 

 

0.016 

 

7,7,5 

 

6,3,1 
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4.6.2.1 Flow Profiling using Distributed Temperature Sensing (DTS) Data 

Recorded temperature data along with previously mentioned values for fluid and media properties 

are used to find the flow rate in different sections of the borehole. During ambient 1 condition, major active 

flowing fractures that are identified are fractures below 115m, 115m, 95m, and 55m and 35 m (figure 4-7a). 

On figure 4-7, the locations of the main fractures, that are taken from the study by Bochet et al. (2020), are 

shown by the horizontal dashed lines. It should be noted that fracture at 75m is contributing to the total flow 

with the entry of fluid with notably different temperatures, as it can be seen in Figure 4-5. However, its flow 

contribution is small and integrated with the fracture at 55m. The manually measured surface rate is around 

7 l/min. The value of each fracture's estimated or measured flow rate is shown in figure 4-7(a) and quantified 

in Table 4-2. 

Ambient 2 condition occurred on the second day of the experiment as it was also observed at the 

site where the surface flow rate increased significantly. The measured surface flow rate is about 15.7 l/min. 

The analysis shows that major active flowing fractures are fractures below 115m, and fractures at 115m, 

95m, 75m, 55m, and 35 m. The estimated individual contributions to the total flow are given in table 4-2. The 

value of the flow rate from each fracture is shown in figure 4-7(b). Note that the two main contributing 

fractures seem to be the fracture at 35 and 55 meters deep.  

Pumping started at noon of the third day (from 12:30 to 15:30) with rate of 40 lit/min. Pumping 

continued for three hours to let the fluid temperature stabilize in the borehole by extracting the fluid that 

already existed in the borehole. Figure 4-5 shows that except at the very early times, temperature during the 

pumping period is almost stable, which was also a criterion to choose a proper time shot for the pumping 

period. Major active fractures, discerned by DTS are fractures below 115m, and at 115m, 95m, 75 and 55m 

and 35m. The value of each fracture's flow rate can be observed in figure 4-7(c) and is given in Table 4-2. 

Note that fractures at 95 and 115 m are the most productive fractures in that case. Note that the uncertainty 

associated with the estimation of borehole flows using DTS data stems from the uncertainty in the thermal 

parameters chosen. Defining a probable range of thermal parameters results in an uncertainty of the flow 

estimated. 

4.6.2.2 Flow Profiling using Heat Pulse Flow meter (HPFM) 

Heat-pulse flow metering in ambient 1 flowing condition was performed for a total of 12 points up 

to the depth of 62 m. It was not possible to do deeper measurements as the flow was too small, resulting in 

high variability of the recorded travel time with a large increase in the uncertainty of flow rate. Based on the 

analysis and interpretation of recorded travel time, fractures below 60m, 55m, and 35 m contribute to the 

total flow. Figure 4-7(a) compares the cumulative flow rate estimated by DTS data and heat-pulse flow meter 

with their associated error levels. Considering the uncertainties of both measurements, it seems that both 

estimates agree fairly well. The cumulative flow rate measured by HPFM is 4.28 l/min for flow below F-55 

and also fractures below F-115.  Fracture contributions estimated both from DTS and HPFM are given in Table 

4-2 for comparison. 

In ambient 2, a total of 10 measurement points were acquired up to the measured depth of 118m. 

Based on the analysis and interpretation of recorded travel times, fractures below 115m, and fractures at 

115m, 95m, 55m, and 35 m contribute to the total flow. Figure 4-7(b) compares the cumulative flow rate 

estimated by DTS data and heat-pulse flow meter. Considering uncertainties, both estimates agree fairly well 

also in that case. The measured flow rate is shown and compared in Table 4-2. 

During pumping, a total of 9 points were acquired up to the measured depth of 118m. Based on 

the analysis and interpretation of recorded travel times, fractures below 115m, and fractures at 115m, 95m, 
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75m, 55m, 35 m, 20m, and 12 m contribute to the total measurable flow. Figure 4-7(c) compares the cumu-

lative flow rate estimated by DTS data and heat-pulse flow meter. It is interesting to note that fracture at 55 

(F-55), one of the major producing fractures in ambient conditions, experiences a decrease in contribution 

during the pumping. This point will be discussed in the next section.  It must be noted that in this case, the 

discrepancy between flow rate estimated by DTS and HPFM flow rate estimation can be mainly attributed to 

the fact that the selected flowing zone for interpretation of DTS data may not have been well established. 

Due to the increased velocity of the fluid in pumping, the distance required by the fluid to be traveled to 

establish a reliable flowing zone is longer and disturbed by introducing fluid into the borehole by other active 

fractures. It can also be observed that DTS cannot predict the rate in regions where the flowing zone is not 

established due to the high density of permeable fractures or inflows i.e., regions above 30 m. The measured 

flow rate is shown in figure 4-7(c) and compared in Table 4-2. Although more discrepancies may be observed 

in that case, flow rate estimates from DTS data agree relatively well with HPFM measurements. 

Table 4-2 Contribution of each fracture to the total flow during ambient 1, ambient 2 and pumping conditions esti-
mated from DTS data and measured by HPFM (note that for ambient 1 condition, F-55 and F-75 are merged together). 
As explained in the text, flow rates estimated from DTS data are calculated by using (1) the parameters suggested by 
Klepikova et al., (2011), and (2) the optimum values found by matching the manually measured surface flow rate to 

surface flow rates predicted by DTS (see section 6.1 and estimated parameters columns in the table below). 
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F-115 

1.9 l/min 

(26%) 

1.7 l/min 

(24%) 

l/min 

(58%) 

2.93 

l/min 

(19%) 

2.35 

l/min 

(15%) 

1 l/min 
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5.25 
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(11.5%) 

9.6 
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Figure 4-7: Comparison of flow rates estimated at different depth through DTS measurements and from HPFM measurements dur-
ing ambient 1 (a), ambient 2 (b) and pumping (c) conditions. Green solid line shows flow profiles obtained by using estimated pa-
rameters from a sensitivity analysis (table 4-1) while brown dashed line shows flow profiles using Klepikova et al. (2011) parame-

ters. Red dots show the measured flow rates by HPFM and their associated uncertainty in the measurement 

 

 

 

                                      



 

107 
 

Analysis of DTS data for flow profiling along with heat-pulse flow metering, show that there is a general 

agreement between flow measurements by HPFM and flows inferred from DTS data. Comparing two ambient 

conditions, we see the high daily flow variations, which depend on different hydraulic conditions imposed on 

the system. During ambient conditions, half of the flows (56% in ambient 1 and 42% in ambient 2) are coming 

from the deep fractures (F-95 and below) and the other half coming from fractures above F-95. However, 

during the pumping, more than half of the flows (around 75%) is supplied from deep fractures (F-95 and 

below) and the rest is provided by other fractures. This can also be seen in figure 4-6 as the bottom-hole 

temperature has shifted slightly toward higher values during pumping which implies that water is provided 

from deeper depth. As we will address this point in the discussion, this is important as it gives an insight into 

the system's behavior during ambient and pumping conditions since surface water and deep water contain 

different amounts of oxygen which may explain the essence of reactions that may happen in the borehole.  

4.7 Discussion  

4.7.1 Thermal parameters estimation  

To perform successful flow profiling from temperature data, an estimate of the thermal properties 

values and the flow time is required. This subsection describes the cases (i) when we know the thermal prop-

erties but flow time is unknown and (ii) when thermal properties and flow time are all unknown. We estimate 

the unknown properties by using a measured flow rate at the surface which permits constraining the esti-

mated flow at the surface and, therefore the unknown properties from the available temperature data. 

In case that we have previous knowledge of geothermal gradient and rock thermal conductivity, we 

need to know the flow time to perform flow profiling from the temperature data. The flow time takes into 

account the superposition of antecedent conditions. However, for a continuously flowing system with a daily 

variable flow rate, if the history of the flow is not recorded, then it is not straightforward to suggest a time 

and it can be used as a tuning parameter by matching the measured surface flow to estimated surface flow. 

In the present case, Klepikova et al., (2011) have reported values of 0.016 °C/m and 2.4 W/m×°C for geother-

mal gradient and rock thermal conductivity, for the same site. However, the value of flow time (which is 

required for the flow profiling) is unknown. We determine the optimum flow time for each flowing condition 

to solve this issue, using the aforementioned thermal properties values and other required parameters (Table 

4-1) by matching the estimated surface flow rate by DTS and measured surface rate. In fact, here the flow 

time is used as a tuning parameter. The optimum flow times for ambient 1, ambient 2, and pumping condi-

tions obtained are respectively 6 days, 3 days, and 1 day. This means that for ambient 1 condition, in order 

to reach the current thermal condition (to observe the same temperature trend in fluid along the borehole), 

it is needed to have a continuous flow of 7 lit/min (ambient 1) for 6 days. These individual flow times can be 

seen as a tuning parameter to calculate the flow rate. The results of using these parameters for flow profiling 

are presented in Table 4-2 and figure 4-7 and corresponds to the columns “using Klepikova et al. (2011), 

parameters. 

However, in the case of no previous knowledge on thermal properties of the media as well as the 

flow time, we may estimate them all by matching the DTS-predicted surface flow rate and measured flow 

rate (flow rate at the surface) for all flowing conditions (ambient 1, ambient 2 and pumping). For doing so, 

we considered a uniform distribution for the geothermal gradient (0.01 to 0.03 deg°C/m), the rock thermal 

conductivity (2 to 6 W/m×°C), and the flow time (1 day to 365 days). The obtained optimum parameters for 

geothermal gradient and rock thermal conductivity are 0.013 (°C /m), 5.8 (W/m×°C), respectively. Conse-

quently, the optimum flow time for ambient 1, ambient 2, and pumping are 7 days, 7 days, and 5 days. The 

flow estimates using these sets of parameters are given in Table 4-2 and figure 4-7 (“estimated parameters”). 
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It must be noted that these estimated values may not necessarily reflect the real values but they can be used 

for estimation of flow from temperature data within an acceptable range of error. It worth noting that 

Klepikova (2013) has reported values of thermal conductivities ranging from 1.731 (W/m×°C) to 3.42 

(W/m×°C) for the mica-schist and 2.98 (W/m×°C) to 4.061 (W/m×°C) for the granite measured in the lab for 

rocks from the same geological site.  

To discuss in more detail, the effect of the choice of the different parameters, figure 4-8 presents 

results obtained using two values of flow time (1 day and 182 days) on the range of optimum thermal prop-

erty values. Every point in this figure shows the average normalized error (with respect to standard deviation) 

of estimated surface flow by temperature data using the corresponding geothermal gradient (on the x-axis) 

and thermal conductivity (on the y-axis) for 1 day and 182 days flow time. The dark blue region shows the 

range of values for a set of geothermal gradient and rock thermal conductivity with minimum error. 

 

Figure 4-8 : Normalized RMSE error between predicted flow by DTS and measured flow rate at the surface at  (a) one-day flow time  
(b) six-months flow time 

Figure 4-8 shows that the estimated flow rate is clearly more sensitive to the geothermal gradient 

rather than rock thermal conductivity (considering a fixed flow time). This has been also confirmed by the 

global sensitivity analysis performed in section 2.5. Secondly, it shows that for two different flow times, there 

are sets of thermal parameters that can result in the same small estimation errors regardless of the fact that 

whether they present real values or not. It must be noted that as long as the purpose of thermal parameter 

and flow time estimation is flow profiling, regardless of their values (whether they present real values or not), 

they can be used for estimation of flow from the temperature data. This would be an issue if the analysis was 

to be used to determine either thermal gradient or conductivity but since that is not the goal, then not know-

ing them exactly is not crucial. This is reflected in Table 4-2 and figure 4-7 as we used two sets of different 

parameters (Kelipikova and optimized set of parameters) and we end up with a close estimation of the flow 

(by two sets of parameters) from the temperature data to the flow measured by HPFM. 

4.7.2 Added values and drawbacks of using FO DTS for field applications 

In the classical approaches, the temperature sensors record the temperature profile by pulling in 

and out the temperature probes or recording the temperature in a fixed position with time. For instance, 
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Klepikova et al. (2011; 2014) used temperature logging to infer the borehole flows with application to quan-

tify inter-borehole connectivity and fracture transmissivity. The use of FO DTS has many advantages com-

pared to classical probes. First, the introduction of DTS technology led to having both spatial and temporal 

information at the same time with data accessible during monitoring. This may be of great help for interpret-

ing temperature signals during transient events or when groundwater dynamics cannot be fully understood 

by comparing simply two times shots. Moreover, using a fiber optic cable avoids fluid mixing in the borehole 

that can occur when logging the temperature probe. It also avoids generating head losses in the borehole, 

which may occur with the use of temperature probes or flowmeters.       

There have been already previous attempts to use DTS for borehole flow metering. For instance, 

Read et al. (2014) showed that the temperature difference between a heated cable and a non-heated cable 

can be used to quantify the vertical flows in the borehole like a distributed flowmeter. However, this ap-

proach may not be appropriate for long term monitoring as it requires more complex equipment to ensure 

continuous heating. Furthermore, the calibration of this method for low flow rate, in particular for ambient 

conditions, is challenging and uncertain (Read et al., 2014). Some other attempts like Leaf et al. (2012), Sell-

wood et al. (2015) and Read et al. (2015) used the injection of hot water or an electrical heater to infer water 

direction and velocities in the borehole in ambient and hydraulically stressed conditions. However, these 

methods provide more accurate results close to the heating source and were not used for continuous moni-

toring. More recently, Selker and Selker (2018) used a distributed borehole heater to investigate water move-

ment within and near wells, but the methodology proposed requires specific heating cables. In comparison, 

our field installation just requires monitoring temperature with a DTS unit. Although field DTS units having 

low electrical consumptions are currently developed, this may still be the main limitation in some field cases. 

Nevertheless, using distributed temperature data is beneficial since it is easy to install in the field, it leads to 

a minimal disturbance of borehole natural conditions and provides real-time data acquisition.  

4.7.3 Inferring groundwater dynamics from temperature data  

In the present study, we proposed a simple approach based on an analytical model to infer borehole 

flows from temperature data. Using a numerical model for inversion of temperature data may be indeed 

computationally expensive for some models while here we have substituted it with very fast and reasonably 

accurate analytical solutions. In addition, using DTS data, we addressed the temporal changes in temperature 

and showed the potential of using these types of data for capturing the dynamic response of the fractured 

media. One main challenge associated with this approach is having proper knowledge of the media’s thermal 

properties. However, we showed that measuring the surface flow rate in the case of an artesian borehole 

can be of great help to obtain the proper value of thermal properties for flow profiling by constraining the 

calculated flow to measured flow at the surface. Another limitation comes from the scale of observation 

which remains limited to the borehole scale. Nevertheless, we have shown in the previous section how FO 

DTS can be used to infer flow variations and monitor the transient nature of the fracture system.    

Once the flow from each fracture is estimated, it can be easily used to calculate the transmissivity 

of each fracture if the borehole transmissivity is known (Paillet, 1998; Day-Lewis et al., 2011). Considering 

the value of 5×10-3 m2/s for the total transmissivity, that has been reported by Bochet et al. (2020) from a 

pumping test in the same borehole, the fractures transmissivities at different depths are estimated to vary 

between 10-4 and 1.7×10-3 m2/s. Note that here, we observe roughly the same proportion of flow coming 

from the different fractures between ambient1 and ambient2 conditions. Nevertheless, in pumping condi-

tions, the flow coming from the fracture at 55 meters is smaller than in ambient conditions. This is confirmed 

by the interpretation of DTS data and also by HPFM measurements which show that during pumping, the 

flow is produced mainly by fracture at 95 and 115m (figure 4-7). This is quite surprising since the head in the 
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borehole is lower for pumping conditions compared to ambient conditions and should therefore lead to an 

increase of flow coming from F-55. This suggests that the different inflows cannot be analyzed independently 

and that fracture F-55 is possibly somehow connected to complex fracture networks so that the inflow ob-

served at 55 m in some conditions may be greatly dependent on the head distribution in the fracture net-

work. This may have some implications when using classical borehole flowmetry to infer fracture transmis-

sivity (Paillet, 1998; Day-Lewis et al., 2011). This may also explain some intermittent fluxes observed from 

fracture F-55, which provides at specific times, water enriched with Oxygen that is at the origin of bacterial 

development (Bochet et al., 2020). Long-term temperature monitoring may provide a better imaging of this 

intermittent behavior in groundwater dynamics.  

4.8 Conclusions 

In the current work, DTS data were used to calculate flows in different sections of the borehole and 

consequently quantify the flow from each producing fracture during the different hydraulic conditions. To be 

able to use temperature data for real-time flow profiling, a computationally fast tool is proposed to transform 

temperature profile to flow profile. This tool employs an analytical solution by Hassan & Kabir (1994) and 

Ramey (1962) for flow profiling. Comparing the results obtained from heat-pulse flow metering and DTS 

shows that the framework can estimate the flow rate with a good accuracy where there is a well-established 

fluid temperature profile. Results confirm the general agreement between flow rates estimated by DTS and 

flow rates measured by HPFM. During ambient 1 and ambient 2 flowing conditions, it seems that the repeti-

tion of flow measurements along the borehole is different but difficult to catch with heat-pulse flow metering 

while DTS flow profiling can be very convenient and useful in ambient conditions. However, one of the chal-

lenges of using the current approach is the proper knowledge of the thermal properties of media required to 

infer the flow rate from the temperature. In case of a lack of knowledge of the media's thermal properties, 

surface rate measurement can be useful to constrain the model and reduce the flow profiling uncertainty. 

The use FO DTS data to monitor the dynamic behavior of a fractured system at the borehole scale 

has many advantages. It allowed us to capture changes in the flow inside the borehole once hydraulic condi-

tions of the system changed naturally (from ambient 1 to ambient 2) and artificially (from ambient 2 to pump-

ing). DTS data in PZ26 has many interesting aspects to note. Firstly, some fractures may be easily detected 

through temperature trace when there is a sufficient temperature contrast between the water exiting from 

the fracture and the water inside the borehole. Secondly, it shows its ability for monitoring daily borehole 

flow variations of flow at different temporal scales. Such a possibility opens a new window for real-time 

monitoring of complex fracture interactions and recharge processes in fractured media. 

The advantage of the proposed method (DTS data and proposed framework) compared to conven-

tional methods (such as heat-pulse flow meter) is that it requires less time and effort and it provides contin-

uous monitoring appropriate for detecting rapid changes. Also, distributed sensors are made of fiber-optics 

and due to their narrow diameters, they can be used where there is a risk or limitation with the utilization of 

other tools of larger diameters. Furthermore, another interesting aspect of the DTS is that it provides spatial 

and temporal temperature data which can be used to do real-time monitoring and understanding the change 

in the state of the system with time (monitoring the dynamics of the system). In the present case, results 

show that fractures contribution varies significantly depending on hydraulic conditions. Beyond the transient 

nature of this fractured aquifer, this has also some consequences on mixing and reactivity occurring inside 

the borehole. Indeed, some Oxygen rich fractures like the fracture at 55 meters deep, appear to be charac-

terized by varying borehole inflows and possible intermittent fluxes which may be due to complex interac-

tions with others fractures. By inferring borehole flow variations, temperature could be thus a possible proxy 

for characterizing mixing at the borehole scale.   
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4.9 Appendix A – Heat Transfer Model 

Let’s consider a control volume inside the borehole spanning from the depth z to z-dz (figure 4-1), 

assuming that we have steady-state heat transfer inside the wellbore and transient heat transfer to the for-

mation, energy balance for wellbore is written as follow: 

[energy entering the control volume] = [energy out of the control volume] 

[(wH)z − (wH)z−dz] +
1

2
[(wv2)z − (wv2)z−dz] + [(z)(wg)z − (z − dz)(wg)z−dz] = Qdz 

Equation 4:5 – Energy balance for the fluid inside the borehole 

Dividing by dz and w, then evaluating the expression as dz tends toward zero, we have, 

𝑑H

𝑑z
+ v

𝑑v

𝑑z
− g =

Q

w
 ,   

Equation 4:6 – differential form of energy balance equation 

where H, g, v, Q and w, are enthalpy of the fluid, gravity acceleration, fluid velocity, heat transfer from the 

fluid to surrounding media and fluid mass rate, respectively. The above equation states that change in En-

thalpy of the fluid in the wellbore plus fluid gravitational and kinetic energy terms equal to heat transfer 

between the fluid and surrounding area per unit of the flowing fluid mass. Assuming that no phase change 

occurs in the fluid, enthalpy can be written as the following form in terms of measurable parameters, fluid’s 

Temperature (Tf), and Pressure (p). 

𝑑H = (
∂H

∂Tf
)
p

𝑑Tf + (
∂H

∂p
)
T

𝑑p = cp𝑑Tf − cpcj𝑑𝑝,   
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Equation 4:7 – Enthalpy change as a function of pressure and temperature change  

where cp and cJ are Specific Heat Capacity of Water and Joule-Thompson coefficient. Specific heat capacity 

defines the amount of energy required for a unit to increase the water temperature. The Joule-Thompson 

coefficient defines the change in the temperature of fluid when subjected to the pressure change process. It 

can be a positive value (mostly for gases at moderate pressure), resulting in temperature drop or negative 

values (mostly for liquids) and increasing temperature.  

Using equation (3) in equation (2) and rearranging the terms, the following form is obtained: 

𝑑Tf

𝑑z
= cj

𝑑p

𝑑z
+

1

cp
[
Q

w
+ g − v

𝑑v

𝑑z
], −∞ < 𝑥 < ∞ 

Equation 4:8 – Energy balance for fluid in terms of pressure change, velocity change, heat exchange with media 

Writing up the energy balance for the formation leads to the following equation: 

𝜕2Te

𝜕r2
+

1

r

𝜕Te

𝜕r
=

cpρ𝑒

λe

𝜕Te

𝜕t
, −∞ < 𝑥 < ∞ 

Equation 4:9 – Energy balance for the formation 

where Te, Ce, ρe and λe are rock temperature, rock heat capacity, rock density, and rock thermal conductivity, 

respectively. 

Different methods and solutions are proposed by authors to solve the aforementioned equations. 

These solutions are based on some assumptions on the real physics of the problem. One of the most critical 

ones is the boundary condition between the wellbore and the surrounding earth. Authors have considered 

constant heat flux or constant temperature boundary conditions at the wellbore/earth interface while none 

of them generally explains the heat transfer problem as neither heat flux condition nor constant temperature 

condition remain constant (Satman and Tureyen, 2016). However, both solutions converge at long times. The 

other assumption is about the borehole. Ramey has considered the borehole as a line source while Hasan & 

Kabir have considered a finite radius for the borehole. Ramey’s solution is most suitable for cases when con‐

duction becomes the main heat loss mechanism which happens in low flow conditions. It has been reported 

that Ramey’s solution is accurate except in early times (Hagoort, 2004) when heat flow in the wellbore is 

controlled by convection and when the assumed conditions are not met. The Ramey and Hasan and Kabir 

solutions are given in equations (A-6) to (A-10), respectively. 

𝐓f = 𝐓ei −
[1 − e(𝐳−zj)Lr]

Lr
(GG −

g

cp
) + [𝐓fj − 𝐓eij]e

(𝐳−zj)Lr , 

(a) 

Lr
Ramey =

wcp𝑓(td)

2π𝜆𝑒
, 

(b) 

td =
λet

rwb
2
, 

(c) 

𝑓(td) = 𝑙𝑛 (1 + 1.7√td), (d) 

Lr
Hassan & Kabir =

wcp

2π
[
λe + Ut𝑓(td)

rwbUtλe
], 

(e) 

 
Equation 4:10 – Ramey and Hassan & Kabir solutions 
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Here Lr is called relaxation distance. This is the length required by the fluid to be traveled so as the 

fluid temperature becomes parallel to the geothermal temperature. A dimensionless time function f(td) is 

introduced, accounting for change of heat transfer coefficient with time. Various forms of time functions 

existing in the literature have been studied and compared by Satman and Tureyen (2016). They suggested 

that dimensionless time function by Kutun et al. (2014) as given in equations (11) and (12), would be suffi-

ciently accurate for engineering purposes for all values of heat flow time. Other terms used in the above 

equations are given in nomenclature. 

4.10 Supplementary Materials 

4.10.1 Introduction  

The supplementary Material section includes sections, figures, and equations that are not included 

in the manuscript but would help to understand this study. Section 1 describes the computer code's calcula-

tion procedure to convert the temperature profile to the flow profile. The overall procedure is shown sche-

matically in Figure S1. Section 2 shows the effects of the geothermal gradient, rock thermal conductivity, and 

flow time on the fluid temperature drop versus depth. The effects are shown through figures S2 to S4. Finally, 

in section 3, which is composed of only figure S5, we show the calibration curve and uncertainty calculation 

for the Heat Pulse Flow Meter (HPFM). 

4.10.2 Calculation Procedure 

Here, we describe the computer script procedure to perform flow profiling using previously defined 

analytical solutions. The analytical solutions predict the fluid temperature profile inside the borehole given 

the fluid's thermal properties, surrounding media, flow time, and fluid velocity inside the borehole. Flow time 

refers to the time that fluid has been flowing in the borehole without the change of the flow rate. Assuming 

that the fluid and surrounding media's thermal properties are well defined, the problem now becomes an 

inverse problem in which fluid velocity must be determined so as the calculated fluid temperature profile 

aggress with observed temperature profile. We have developed a computer code that receives the distrib-

uted temperature data, the media's thermal properties and the fluid and flows time, and performs flow pro-

filing. The description of the computer code is given as follows. 

4.10.3 Automatic flowing zone detection  

The calculation process starts with the identification of the producing (mixing) and flowing zone as 

the aforementioned solutions are only applicable to flowing zones. The flowing zones are chosen based on 

previous knowledge of users but in case of lack of this knowledge, the computer script suggests some poten-

tial location of the producing zone. The logic behind this suggestion is the fact that fluids introduced into the 

boreholes mostly have a different temperature than the fluid temperature in the borehole, which causes a 

local peak in the recorded temperature profile. Furthermore, in oil and gas wellbores where fluids are com-

pressible and upon entry, they experience a sharp pressure drop, this temperature peak is seen and known 

as the Joule-Thompson cooling/heating effect. Using the piecewise temperature gradient, local sharp change 

of derivative value corresponds to the temperature peak and consequently entry of the fluid and thus pro-

ducing zone. 

4.10.4 Linearization of the Ramey’s equation 

Providing a realistic initial solution close to the final solution makes the calculation procedure fast 

enough to allow real-time flow profiling. This initial solution is based on the linearization of Ramey’s equation 
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which simply states that fluid mass rate inside the borehole is linearly approximated by thermal properties 

of the media and fluid, flow time, the temperature difference between fluid and surrounding earth as well 

as established fluid temperature gradient. Starting from Ramey’s equation (6) and taking the derivative of 

fluid temperature with respect to depth, the mass rate is expressed as follows in equation 14 and can be 

used along the fluid density to calculate the fluid flow rate. 

d𝐓fj

d𝐳
|
z=0

= (𝐓fj − 𝐓eij) × Lr
Ramey 

 
(a) 

vinitial =
2πλe

ρ𝑤cp𝑓(td)
× [

(𝐓fj − 𝐓eij)

d𝐓fj

d𝐳
|
z=0

], 
(b) 

 

Equation 4:11 – Linearization of the Ramey’s equation 

Equation (S-2) provides an initial solution to the problem. In a low flow regime and small flowing length, this 

solution can be very close to the final solution. The temperature gradient term in the denominator is calcu-

lated by simply doing a linear regression over the temperature data recorded in the zone of interest.   

4.10.5 Inversion of Temperature data and flow profiling 

The recorded distributed temperature data, thermal properties of fluid, and media are fed to the 

computer script. For each flowing region, the recorded temperature gradient is calculated and using linear-

ized Ramey’s equation, an initial fluid flow rate is estimated. Next, Hassan & Kabir Equations are used respec-

tively to predict the fluid temperature profile. In the optimization step, the computer code starts minimiza-

tion of the objective function defined as the misfit (normalized by value of error) between observed temper-

ature profile and the predicted temperature profile (predicted by aforementioned equations) by varying the 

value of fluid flow rate. The optimization continues we reach a normalized root mean square error close to 

one. It is worth noting that in each iteration, due to change of the fluid flow rate and consequently the ve-

locity, values of parameters depending on the fluid velocity will be updated as well. figure S-1, schematically 

shows the procedure used in this computer code. 

 

Figure S-1: Schematic of flow profiling procedure 

4.10.6 Effect of the different parameters on temperature profile   

4.10.6.1 Effect of geothermal gradient on the flowing water temperature 

The geothermal gradient controls the original earth temperature with depth. It is one of the driving 

forces for the heat exchange of the flowing water in the borehole with surrounding media. High values of the 

geothermal gradient, results in more heat exchange of flowing water with the formation and consequently 
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higher temperature drop with respect to depth (vertical distance traveled by water in the borehole). This is 

presented in figure S1 which shows the temperature drop versus the depth traveled by water from the bot-

tom of the borehole for different values of the geothermal gradient. An error of 20% in the geothermal gra-

dient would result in 0.25°C of error in temperature for a 100 m long travel distance. This means that error 

in flow rate estimation increases as water travel distance increases. 

 

Figure S-2: Effect of geothermal gradient on flowing water temperature drop versus depth travelled in the borehole 

4.10.6.2 Effect of rock thermal conductivity on the flowing water temperature 

Another important parameter playing role in the temperature drop of flowing water is the thermal 

conductivity of the rock surrounding the borehole. Even though thermal conductivity does not define the 

driving force for heat exchange but higher values facilitate the heat transfer. Thus, increasing the thermal 

conductivity of rock surrounding the borehole increases the temperature drop versus depth travelled by the 

water (figure S2). This can be seen in figure 10. Here, a 30% uncertainty on rock thermal conductivity gener-

ates an apparent 0.06°C temperature change. On contrary to the geothermal gradient, this temperature bias 

appears on travel distances as short as 30 m, and constant afterward. Uncertainties in thermal conductivity 

will rather impact flow ratio among flowing zones when separated by more than 10s of meters.  
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Figure S-3: Effect of rock thermal conductivity on flowing water temperature drop versus depth travelled in the borehole 

 

4.10.6.3 Effect of flow time on flowing water temperature 

Flow time implicitly defines the temperature in the rock around the borehole and thus the driving 

force for the heat exchange. In early times, the rock temperature equals almost to earth virgin temperature. 

As the flowing continues (flow time increases), the area around the borehole will tend to equilibrate with the 

flowing water temperature (tend toward water temperature) and consequently temperature difference be-

tween water and the surrounding rock will decrease. This results in diminishing heat exchange. This can be 

seen in figure S3. As flow time increases; we have a decrease in flowing water temperature drops versus 

depth travelled. The role of flow time is quite variable and the apparent temperature change can be as large 

as 0.4°C, over a travel distance of 100 m. It has a very high impact on the early times while the effect becomes 

negligible as the flow time increases. Therefore, borehole flowmeter at a given time requires knowledge of 

the dynamics of the flowing zones. 

 

Figure S-4: Effect of flow time on flowing water temperature drop versus depth travelled in the borehole 

                                      



 

117 
 

 

4.10.7 Heat-Pulse flowmeter calibration curve  

 

Figure S-5: Calibration curve obtained to calibrate the HPFM data 
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 Conclusions 
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5.1 Achieved results 

The use of heat as a groundwater tracer has attained much attention in recent years as it is ubiqui-

tous, easy to measure with inexpensive temperature sensors. In this thesis, we rely on using Fiber Optic Dis-

tributed Temperature Sensors (FO-DTS), a technology allowing to measure the temperature in space along 

the FO cable and with time. FO-DTS can be operated in passive and active modes. In the active mode, heat is 

added to the FO cable by heating element beside the cable inducing artificial temperature anomalies, while 

in the passive mode, natural variability of temperature is measured. FO cables can be hanged inside the 

boreholes or deployed vertically into the unconsolidated aquifer (in direct contact with the formation) using 

the direct-push method. The recorded temperature data along the FO cable can then be used to estimate 

the groundwater flow. This thesis aims to investigate and develop methods to use heat for quantifying the 

subsurface flow and further use the flow data to map and image the subsurface media heterogeneity. One 

of the most favourable techniques to reconstruct the aquifer heterogeneity is hydraulic tomography. In hy-

draulic tomography, the aquifer is subjected to a disturbance (classically pumping although heat and solute 

tracers are also popular), and the aquifer response is monitored at different points across the aquifer. The 

observed aquifer response with a numerical model undergoes an inversion process to reconstruct the aquifer 

heterogeneity. 

In Chapter 2, a comparative numerical study is performed to assess the merit of flux data (which 

can be measured by Active FO-DTS) and head data (which is conventionally used in hydraulic tomography) in 

the reconstruction of the aquifer heterogeneity. A 2-D aquifer model with the gaussian distribution of the 

hydraulic conductivity is considered to simulate a hydraulic tomography test. The aquifer has five boreholes, 

arranged in a square pattern with four boreholes at the square's vertexes and one borehole in the middle. 

The aquifer is subjected to a series of pumping and head, and flux data are measured in non-pumping bore-

holes. In order to investigate the effect of the number of observations, additional observation points are 

considered. The minimum number of observation points are the four boreholes and the maximum number 

comprises the borehole and 28 additional observation points. The simulated head and flux data are then 

used solely and jointly to map the aquifer heterogeneity using geostatistical inversion. It is found that, for 

the small number of observations, flux data better captures the heterogeneity than the head data. As the 

number of observation points increases, both data perform the same, and the final inversion result will be 

independent of the data type. Considering the same number of observations, the joint inversion does not 

offer any advantage over the flux or head data. Nevertheless, for the same number of observation points, if 

we are able to measure the head and flux data at the same location, this will provide an improved estimate 

compared to the inversion of sole head or flux data due to double number of observation. We also found 

that the success of the inversion with solely head and flux data is dependent on the boundary condition 

imposed on the borehole. Head data performs the best with constant rate pumping at the borehole, while 

the flux data perform better with the constant head boundary condition at the borehole. Joint inversion of 

both data is independent of the type of boundary. It should be noted that the type of borehole boundary 

condition may be important just for steady-state hydraulic tomography. For the current techniques, steady-

state flow condition is required to infer the flux data from active distributed temperature data. 

Motivated by the results from Chapter 2, we designed a hydraulic tomography experiment in which 

head and flux data are measured simultaneously at few points across the aquifer. The Saint-Lambert site in 

the south of Quebec City, Canada, which hosts a sandy granular shallow aquifer and decommissioned sanitary 

landfill, is chosen to perform designed joint hydraulic tomography of head and flux data. The experimental 

site has 7 boreholes and two FO cables were deployed vertically into the ground by the direct-push method 

months before the start of the experiment to ensure that formation will surround the FO cables correctly. 

The borehole in the middle of the aquifer was chosen as the pumping borehole, and the head was observed 
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in four open boreholes and two boreholes equipped with the packers to measure the head at different iso-

lated intervals. The flux was also measured by the A-FO DTS cable installed between the pumping borehole 

and two boreholes equipped with packers. The whole experiment took around 92 hours and started by 

pumping from the central borehole and recoding the passive temperature data by FO-cables and pressures 

in the surrounding borehole. After 19 hours of passive temperature data monitoring and ensuring of steady-

state hydraulic condition, the heat was added to FO-cables. The effective heating period during the steady-

state condition lasted for about 28 hours. It is worth mentioning that, to the best of our knowledge, this is 

one of the rare experiments in which FO cables were inserted in a sandy aquifer using direct-push method, 

and this is only the first time that hydraulic tomography is performed using groundwater flux data. The ex-

periment was therefore very innovative but also very speculative since it required specific FO-splicing and FO 

cable insertion within the direct-push rods that were very uncertain. Despite these challenges, and some 

others incidence encountered in the field, the experiment has been a success since it has been possible to 

achieve active-DTS heat dissipation tests during a pumping experiment similar to most of classical hydraulic 

tomography experiments. Given the relative low permeability of the field site, it should be mentioned that a 

longer heating duration would certainly have provided a better estimation of groundwater fluxes. Neverthe-

less, the experiments provided some consistent data that could be used in the inversion process to test the 

added value of groundwater flux measurements to image subsurface hydraulic properties. The acquired head 

and flux data were used with a geostatistical inversion method to estimate the field's hydraulic conductivity. 

The geostatistical information about the site was obtained by analyzing the data from the cone penetration 

test previously conducted. The inversion was performed using recorded head data and joint inversion of head 

and flux data. The inversion with head data provides relative information about the distribution of the low 

and moderate hydraulic conductivity values. Obviously, there is a high uncertainty in the area where no or 

few head data are recorded. However, joint inversion of head and flux data provides more detailed hydraulic 

conductivity distribution map. Our results suggest that the Y-field estimate improvements are mainly due to 

the high density of FO measurements that provide a great number of observations in a single location. It is 

worth mentioning that the range of hydraulic conductivities obtained during the inversion are consistent with 

results from previous studies  

The application of the approach mentioned above in the fractured aquifer would also be interest-

ing. However, the deployment of the FO cable by direct push methods is only applicable to shallow uncon-

solidated media and can not be used for crystalline rock.  Furthermore, there has been some attempts to 

quantify the flow in the fracture by using A-FO DTS between the borehole wall and a liner that keeps the A-

FO DTS in close contact with the formation (Maldaner et al., 2019; Munn et al., 2020). However, the current 

spatial resolution of the DTS does not allow to measure precisely the flux coming from the fractures and such 

fluxes measurements in fractures are difficult to extrapolate at greater scale. To overcome this challenge, in 

Chapter 4, we developed a method to use the passive temperature profile (passive DTS data) of the water 

inside the borehole to quantify the vertical flow in different borehole segments and quantify the real-time 

contribution of each fracture to the total flow. The basic concept behind using the passive temperature pro-

file for vertical flow quantification is based on the deviation from the geothermal gradient. If there is no flow 

in the borehole, the stagnant water temperature should follow the geothermal gradient, but as soon as the 

water starts flowing, the water temperature variations with depth will deviate from the geothermal gradient. 

The temperature profile of water inside the borehole can be described by analytical solutions provided by 

Ramey (1962) and Hassan & Kabir (2002, 2005), which are derived by considering the heat transfer model 

between water and the formation. The two above mentioned equations describe the water temperature 

profile as a function of the water velocity and thermal properties of the water and the formation (Geothermal 

gradient, thermal conductivity of the rock, flow time). Assuming proper knowledge of the thermal properties, 
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one can use the analytical solutions and passive temperature profile to estimate the velocity profile and thus 

the flow rate profile in the borehole.  

Firstly, the accuracy of the analytical solutions was tested against a numerical model simulating the temper-

ature of flowing water inside the borehole. The simulated temperature profile was used by the analytical 

solution to estimate the velocity assumed in the numerical model. Results show that velocity assumed in the 

numerical model was estimated with error of less than 10% which would certify the acceptable accuracy of 

the analytical solution. Next, a global sensitivity analysis was performed to assess sensitivity of the estimated 

flow to different parameters. We found that, geothermal gradient is the most sensitive parameter followed 

by thermal conductivity of the rock and also flow time. The geothermal gradient defines the heat transfer 

deriving force while the thermal conductivity acts as a controlling parameter on the heat transfer process. 

The flow time affects the near borehole region temperature and thus has an effect on the heat transfer 

deriving force but its effect will be minimum in large flow time. Next, the approach was tested on a fractured 

borehole in the Guidel site, Brittany, France. The passive temperature profile was measured in the borehole 

by FO-DTS for around 45 hours, comprising two ambient and one pumping flow condition. The vertical flow 

profile along the borehole was also measured by heat-pulse flow meter in all three hydraulic conditions. The 

passive temperature profile and analytical solutions were used to obtain the flow profile inside the borehole 

and were compared with the flow profile recorded by heat-pulse flowmeter. The results show that flow pro-

file specially for ambient flow is in good accordance with results from heat-pulse flow meter. The flow pro-

filing using passive temperature profile requires knowledge of the thermal properties of the media which 

may not be necessarily available. However, we showed that by measuring the flow at some points in the 

borehole or at the surface, we may estimate a set of thermal properties that may not necessarily represent 

the real thermal properties of the media but can be used for the purpose of the flow profiling using the 

passive temperature data.The passive temperature data by FO-DTS provides interesting dynamic behaviour 

of the fractured aquifer at borehole scale. The temperature data can be further used to analyse the fracture 

contribution and also the interaction with time. The fracture flow contribution with time can be insightful 

about the mixing that may occur at the borehole scale. It is worth also reminding that FO-DTS is operationally 

more convenient than other measurement methods due to narrow size of FO cables and hard covering ma-

terial, making it suitable for minimum invasion inside the media and also for harsh conditions. 

5.2 Future developments 

The effect of number of observation points in the synthetic hydraulic tomography test revealed 

that as the number of observation increases, correlation coefficient between the estimated and real hydrau-

lic conductivity field also increases up to a certain value after which no more significant improvement is ob-

served. Bearing in mind that hydraulic tomography is quite time-consuming and also expensive operation, it 

would be interesting to perform numerical studies on hydraulic conductivity fields with different geostatisti-

cal features to answer the question of optimum design of hydraulic tomography test with optimum number 

of observations and also optimum observation locations. 

Considering the practical feasibility of the subsurface flux measurement, it would be interesting to 

investigate the advantages of including the flux data in thermal/solute tracer tomography. To do so, Firstly, 

a numerical study must be conducted to assess the advantages or disadvantages of including the measured 

flux data into tracer experiment. Afterward, the field application might be investigated by performing a small 

scale experiment. Such groundwater fluxes measurements may be also particularly relevant to optimize site 

remediation operations.  
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Bearing in mind the geophysical approach advantages and the fact that Spontaneous potential is 

the only geophysical method directly related to the groundwater flow, it would be very interesting to com-

pare the scale and relation of the groundwater flux measurement by A-FO DTS and also SP method. The first 

step would be using a laboratory sand box and measuring the water flux using both methods to enrich our 

understanding about the different aspects, scales and also the relationship between two measurements. 

Next step would be testing the hypothesis in a hydraulic tomography experiment in which A-FO DTS and SP 

are used for the measurement of the groundwater flux. Upon understanding the relationship between two 

measurements, the SP measurements can be used along the A-FO DTS measurement to obtain many obser-

vations and perform a high resolution hydraulic conductivity imaging. If this hypothesis works, it can probably 

reduce the cost and also the time of the hydraulic tomography experiments.  

The proposed flux profile estimation method relies on the A-FO DTS data at Saint-Lambert site, but 

it should be possible to deduce some information about groundwater fluxes by using passive FO-DTS data. 

Thus, it should be interesting to use vertical temperature profile for better assessing natural fluxes or check 

that no-flow conditions are met before the beginning of pumping. A numerical study would be required to 

investigate the possibility of using passive temperature data and also dynamic temperature change to deduce 

the value of the flux. The data acquired in Saint-Lambert site also comprise the passive temperature data 

before the active heating was started. The flux data obtained by the passive could be then compared to those 

values obtained by active heating presented in this thesis. If the results agree well with each other, then it 

would be interesting to assess the possibility of using the passive temperature data in hydraulic tomography. 

It must be noted that using passive temperature profile, we may lose the advantage of the distributed flux 

measurement but at least it can be used to assess the consistency of the results with the flux from active 

measurement. It would also be interesting to plan for improvement of the current experiment by having a 

longer heating period. Furthermore, the current experiment could be expanded by obtaining more data. We 

may plan for employing additional FO cables or performing a series of pumping at all boreholes to obtain 

more data and perform a comprehensive tomography. The test performed was a preliminary successful hy-

draulic tomography test with relatively low groundwater flux values. However, it can be interesting to test 

the methodology on a site with higher value of hydraulic conductivity like the Valcartier site (near Quebec 

City) where groundwater flow is higher and the methodology could bring more interesting results. 

The vertical flow profiling approach using passive temperature data presented in Chapter 4, could 

also be applied to tidal hydraulic tomography. In classical tidal hydraulic tomography, the head fluctuation 

data is used to infer the hydraulic properties of the aquifers (which are subjected to the tidal effect) while it 

would be interesting to use the flow data solely and jointly with head fluctuation in hydraulic tomography. 

However, this approach would be limited to artesian boreholes with tidal effect. Despite the hydraulic to-

mography with temperature data, it would be interesting to infer the flux fluctuation over depth and time. A 

very recent paper addresses the use of temperature in addition to the pressure of water in coastal sediments 

to quantify the exchanges between coastal sediments and overlaying coastal sediment bodies (LeRoux et al., 

2020). A complementary application would be installing the Active FO cable in the beach to characterize how 

the flux varies over the depth (due to heterogeneities) and with time (due to tidal forces). 

Even though, there has been numerous research conducted to develop the use of heat in hydrology 

but it is still an underused tool which requires further researches and developments. We should bear in mind 

that heat is more environmentally friendly tracer compared to other solute tracers and can be measured 

easily with great accuracy and over the time. The spatio-temporal recording of the temperature further al-

lows to capture the dynamic of hydrology systems if the relation between the temperature and the system 

is well understood.
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L'utilisation de la chaleur comme traceur des eaux souterraines a attiré beaucoup d'attention 

ces dernières années car elle est omniprésente et facile à mesurer avec des capteurs de température peu 

coûteux. Dans cette thèse, nous nous appuyons sur l'utilisation de capteurs de température distribués à 

fibre optique (FO-DTS), une technologie permettant de mesurer la température dans l'espace, le long du 

câble FO, et dans le temps. Les capteurs FO-DTS peuvent être utilisés en modes passif et actif. En mode 

actif, de la chaleur est ajoutée au câble FO par un élément chauffant à côté du câble induisant des 

anomalies artificielles de température, tandis qu'en mode passif, la variabilité naturelle de la température 

est mesurée. Les câbles FO peuvent être suspendus à l'intérieur des trous de forage ou déployés 

verticalement dans l'aquifère non consolidé (en contact direct avec la formation) en utilisant la méthode 

de poussée directe. Les données de température enregistrées le long du câble FO peuvent ensuite être 

utilisées pour estimer le débit des eaux souterraines. Cette thèse vise à étudier et à développer des 

méthodes d'utilisation de la chaleur pour quantifier l'écoulement souterrain et à utiliser davantage les 

données d'écoulement pour cartographier et imager l'hétérogénéité des milieux souterrains. L'une des 

techniques les plus favorables pour reconstruire l'hétérogénéité de l'aquifère est la tomographie 

hydraulique. En tomographie hydraulique, l'aquifère est soumis à une perturbation (pompage classique 

bien que les traceurs de chaleur et de soluté soient également populaires), et la réponse de l'aquifère est 

surveillée à différents points de l'aquifère. La réponse de l’aquifère observée avec un modèle numérique 

subit un processus d'inversion pour reconstruire l'hétérogénéité de l'aquifère. 

Dans le chapitre 2, une étude numérique comparative est réalisée pour évaluer la qualité des 

données de flux (qui peuvent être mesurées par Active FO-DTS) et des données de charge hydraulique 

(qui sont classiquement utilisées en tomographie hydraulique) dans la reconstruction de l'hétérogénéité 

de l'aquifère. Un modèle aquifère 2D doté d’une  distribution gaussienne de conductivités hydrauliques 

est considéré pour simuler un test de tomographie hydraulique. L'aquifère est accessible via cinq forages, 

disposés en carré, avec quatre forages aux sommets du carré et un forage au milieu. L'aquifère est soumis 

à une série de pompages et de refoulement, et les données de flux sont mesurées dans des forages sans 

pompage. Afin d'étudier l'effet du nombre d'observations, des points d'observation supplémentaires sont 

considérés. Le nombre minimum de points d'observation correspond aux quatre forages et le nombre 

maximum comprend le forage et 28 points d'observation supplémentaires. Les données de charge et de 

flux simulées sont ensuite utilisées seules et conjointement pour cartographier l'hétérogénéité de 

l'aquifère en utilisant l'inversion géostatistique. On constate que, pour le petit nombre d'observations, les 

données de flux capturent mieux l'hétérogénéité que les données de charge hydraulique . À mesure que 

le nombre de points d'observation augmente, les deux données tendent à fonctionner de la même 

manière, et le résultat final de l'inversion sera indépendant du type de données. Compte tenu du même 

nombre d'observations, l'inversion conjointe n'offre aucun avantage sur les données de flux ou de charge. 

Néanmoins, pour le même nombre de points d'observation, si nous sommes capables de mesurer les 

charges hydrauliques et les flux au même endroit, cela fournira une estimation améliorée par rapport à 

l'inversion des données de charge ou de flux de seules en raison du nombre doublé d'observations. Nous 

avons également constaté que le succès de l'inversion avec uniquement les données de charge  ou de flux 

dépend de la condition aux limites imposée au forage. Les données de charge fonctionnent le mieux avec 

un pompage à débit constant au niveau du trou de forage, tandis que les données de flux fonctionnent 

mieux avec une condition aux limites de charge constante au puits de forage. L'inversion conjointe des 



deux données est indépendante du type de limite. Il convient de noter que le type de condition aux limites 

du forage est important uniquement pour la tomographie hydraulique en régime permanent. Pour les 

techniques actuelles, des conditions de débit en régime permanent sont nécessaires pour déduire les flux 

à partir des données de température réparties actives. 

Motivés par les résultats du chapitre 2, nous avons conçu une expérience de tomographie 

hydraulique dans laquelle les données de charge et de flux sont mesurées simultanément en quelques 

points à travers l'aquifère. Le site de Saint-Lambert dans le sud de la ville de Québec, au Canada, qui abrite 

un aquifère sableux granulaire peu profond et une décharge sanitaire déclassée, est choisi pour effectuer 

une tomographie hydraulique conjointe à partir des données de charge et de flux. Le site expérimental 

comporte 7 forages, et deux câbles FO ont été déployés verticalement dans le sol par la méthode de la 

poussée directe des mois avant le début de l'expérience pour s'assurer que la formation entourera 

correctement les câbles FO. Le forage au milieu de l'aquifère a été choisi comme forage de pompage, et 

la charge hydraulique a été mesurée dans quatre trous de forage ouverts et deux trous de forage équipés 

de packers pour mesurer la hauteur à différents intervalles isolés. Le flux a également été mesuré par le 

câble A-FO DTS installé entre le forage de pompage et deux forages équipés de packers. L'expérience 

entière a duré environ 92 heures et a commencé par le pompage du forage central et le recodage des 

données passives de température par des câbles FO et des pressions dans le trou de forage environnant. 

Après 19 heures de surveillance passive des données de température et de vérification de l'état 

hydraulique en régime permanent, de la chaleur a été ajoutée aux câbles FO. La période de chauffage 

efficace pendant l'état d'équilibre a duré environ 28 heures. Il est à noter qu'à notre connaissance, il s'agit 

de l'une des rares expériences dans lesquelles des câbles FO ont été insérés dans un aquifère sableux à 

l'aide de la méthode de poussée directe, et ce n'est que la première fois que la tomographie hydraulique 

est réalisée dans une nappe souterraine avec données de flux. L'expérience était donc très innovante mais 

aussi très spéculative car elle nécessitait des épissures FO spécifiques et l'insertion de câbles FO dans les 

tiges de poussée directe qui étaient très incertaines. Malgré ces défis, et quelques autres incidents 

rencontrés sur le terrain, l'expérience a été un succès car il a été possible de réaliser des tests de 

dissipation thermique active-DTS au cours d'une expérience de pompage similaire à la plupart des 

expériences de tomographie hydraulique classiques. Compte tenu de la faible perméabilité relative du 

site sur le terrain, il convient de mentionner qu'une durée de chauffage plus longue aurait certainement 

fourni une meilleure estimation des flux des eaux souterraines. Néanmoins, les  expériences ont fourni des 

données cohérentes qui pourraient être utilisées dans le processus d'inversion pour tester la valeur 

ajoutée des mesures de flux des eaux souterraines pour imager les propriétés hydrauliques souterraines. 

Les données de charge et de flux acquises ont été utilisées avec une méthode d'inversion géostatistique 

pour estimer la conductivité hydraulique du champ. Les informations géostatistiques sur le site ont été 

obtenues en analysant les données du test de pénétration de cône réalisé précédemment. L'inversion a 

été réalisée en utilisant les données de charge enregistrées seules, et l'inversion conjointe à partir des 

données de charge et de flux. L'inversion avec les données de charge fournit des informations relatives 

sur la distribution des valeurs de conductivité hydraulique faible et modérée. De toute évidence, il existe 

une forte incertitude dans la zone où peu ou pas de données de charge sont enregistrées. Cependant, 

l'inversion conjointe des données de charge et de flux fournit une carte de distribution de conductivité 

hydraulique plus détaillée. Nos résultats suggèrent que les améliorations de l'estimation du champ de 



conductivité hydraulique sont principalement dues à la densité élevée des mesures de FO qui fournissent 

un grand nombre d'observations en un seul endroit. Il est à noter que les gammes de conductivités 

hydrauliques obtenues lors de l'inversion sont cohérentes avec les résultats des études précédentes. 

L'application de l'approche mentionnée ci-dessus dans un aquifère fracturé serait également 

intéressante. Cependant, le déploiement du câble FO par des méthodes de poussée directe n'est 

applicable qu'aux milieux non consolidés peu profonds et ne peut pas être réalisé  dans des roches 

cristallines. De plus, il y a eu quelques tentatives pour quantifier l'écoulement dans la fracture en utilisant 

l'A-FO DTS entre la paroi du trou de forage et un revêtement qui maintient l'A-FO DTS en contact étroit 

avec la formation (Maldaner et al., 2019; Munn et al., 2020). Cependant, la résolution spatiale actuelle du 

DTS ne permet pas de mesurer précisément le flux provenant des fractures et de telles mesures de flux 

dans les fractures sont difficiles à extrapoler à plus grande échelle. Pour surmonter ce défi, dans le chap itre 

4, nous avons développé une méthode pour utiliser le profil de température passif (données DTS passives) 

de l'eau à l'intérieur du forage pour quantifier l'écoulement vertical dans différents segments de forage, 

et quantifier la contribution en temps réel de chaque fracture au débit total. Le concept de base derrière 

l'utilisation du profil de température passif pour la quantification de l'écoulement vertical est basé sur 

l'écart par rapport au gradient géothermique. S'il n'y a pas d'écoulement dans le forage, la température 

de l'eau stagnante doit suivre le gradient géothermique, mais dès que l'eau commence à couler, les 

variations de température de l'eau avec la profondeur s'écarteront du gradient géothermique. Le profil 

de température de l'eau à l'intérieur du forage peut être décrit par des solutions analytiques fournies par 

Ramey (1962) et Hassan & Kabir (2002, 2005), qui sont dérivées en considérant le modèle de transfert de 

chaleur entre l'eau et la formation. Les deux équations mentionnées ci-dessus décrivent le profil de 

température de l'eau en fonction de la vitesse de l'eau et des propriétés thermiques de l'eau et de la 

formation (gradient géothermique, conductivité thermique de la roche, temps d'écoulement). En 

supposant une bonne connaissance des propriétés thermiques, on peut utiliser les solutions analytiques 

et le profil de température passif pour estimer le profil de vitesse et donc le profil de débit dans le forage. 

Tout d'abord, la précision des solutions analytiques a été testée par rapport à un modèle 

numérique simulant la température de l'eau qui coule à l'intérieur du forage. Le profil de température 

simulé a été utilisé par la solution analytique pour estimer la vitesse supposée dans le modèle numérique. 

Les résultats montrent que la vitesse supposée dans le modèle numérique a été estimée avec une erreur 

inférieure à 10%, ce qui assurerait une bonne description de la solution analytique. Ensuite, une analyse 

de sensibilité globale a été réalisée pour évaluer la sensibilité du débit estimé à différents paramètres. 

Nous avons constaté que le gradient géothermique est le paramètre le plus sensible suivi de la 

conductivité thermique de la roche et également du temps d'écoulement. Le gradient géothermique 

définit la force dérivant du transfert de chaleur tandis que la conductivité thermique agit comme un 

paramètre de contrôle sur le processus de transfert de chaleur. Le temps d'écoulement affecte la 

température de la région proche du trou de forage et a donc un effet sur la force de transfert de chaleur 

dérivant, mais son effet sera minimal dans un temps d'écoulement important. Par la suite , l'approche a 

été testée sur un forage fracturé du site de Guidel, Bretagne, France. Le profil de température passif a été 

mesuré dans le forage par FO-DTS pendant environ 45 heures, comprenant deux conditions de débit 

ambiant et une condition de débit de pompage. Le profil d'écoulement vertical le long du forage a 



également été mesuré par un débitmètre à impulsions de chaleur dans les trois conditions hydrauliques. 

Le profil de température passif et les solutions analytiques ont été utilisés pour obtenir le profil 

d'écoulement à l'intérieur du trou de forage et ont été comparés au profil d'écoulement enregistré par un 

débitmètre à impulsion thermique. Les résultats montrent que le profil d'écoulement, particulièrement 

pour le débit ambiant, est en bon accord avec les résultats du débitmètre à impulsions de chaleur. Le 

profil d'écoulement à l'aide d'un profil de température passif nécessite une connaissance des propriétés 

thermiques du milieu qui peut ne pas être nécessairement disponible. Cependant, nous avons montré 

qu'en mesurant le débit en certains points du forage ou en surface, nous pouvons estimer un ensemble 

de propriétés thermiques qui ne représentent pas nécessairement les propriétés thermiques réelles du 

milieu mais peuvent être utilisées afin de décrire l'écoulement profilage à l'aide des données de 

température passives. Les données de température passive de FO-DTS fournissent un comportement 

dynamique intéressant de l'aquifère fracturés à l'échelle du forage. Les données de température peuvent 

en outre être utilisées pour analyser la contribution d’une      fracture à l’écoulement et également son 

interaction avec le milieu dans le temps. La contribution de l'écoulement de fracture au cours du temps 

peut être révélatrice du mélange qui peut se produire à l'échelle du forage. Il convient également de 

rappeler que FO-DTS est opérationnellement plus pratique que les autres méthodes de mesure en raison 

de la taille étroite des câbles FO et du matériau de revêtement dur, ce qui le rend approprié pour une 

invasion minimale à l'intérieur du support et également pour des conditions difficiles.  
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Résumé : L’hétérogénéité des milieux 
souterrains et la variabilité de conductivité 
hydraulique contrôlent l’écoulement des eaux 
souterraines et le transport de contaminants      
dans les aquifères. Ici, plusieurs approches 
complémentaires sont développées pour utiliser 
la chaleur pour mieux contraindre les flux 
souterrains et reconstruire l’hétérogénéité du 
sous-sol. Une approche typique pour 
reconstruire les valeurs de conductivité 
hydraulique et leur distribution spatiale est la 
tomographie hydraulique qui repose en général 
sur une l'inversion de données de charge 
hydraulique. 
Dans ce travail, une première approche a 
consisté à évaluer sur des cas synthétiques, 
l’intérêt des données de flux d’écoulement 
(déduites en utilisant des mesures distribuées 
de température par fibre optique active (A-FO 
DTS))  pour des expériences de tomographie 
hydraulique. Nous concevons ensuite et 
mettons en œuvre la première expérience de 

tomographie hydraulique mesurant à la fois les 
charges hydrauliques et les flux dans un      
aquifère granulaire peu profond du site de 
Saint-Lambert au Québec, Canada. Les 
résultats des études numériques révèlent que 
les données de flux sont plus contraignantes 
que les données de charge hydraulique pour 
un petit nombre d'observations, tandis que 
pour un nombre élevé d'observations, 
l'hétérogénéité reconstruite est indépendante 
du type de données. Les résultats de 
l'expérience de tomographie hydraulique 
montrent l'intérêt d'inclure un nombre élevé de 
mesures de flux, obtenues par A-FO DTS 
conduisant à une réduction de l'incertitude des 
estimations.  
Enfin, le DTS passif est utilisé pour surveiller 
l'écoulement des eaux souterraines dans un 
forage fracturé artésien sur le site de Ploemeur 
en Bretagne. Les résultats révèlent le potentiel 
du DTS passif pour capturer la dynamique des 
eaux souterraines dans les milieux fracturés. 

 

Title : The use of heat for subsurface flow quantification and understanding the subsurface heterogeneity  
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Abstract :  The heterogeneity of subsurface 
media and variability of hydraulic conductivity 
controls groundwater flow and contamination 
transport in aquifers. Here, several 
complementary approaches are developed to 
used heat to better constrain subsurface flow 
and reconstruct the subsurface heterogeneity. A 
typical approach for reconstruction of hydraulic 
conductivity values and their spatial distribution 
is hydraulic tomography relying on the inversion 
of hydraulic head data.  
In this work, we first assess the advantages of 
groundwater flux data (inferred by using Active 
Fiber Optic Distributed Temperature Sensors 
(A-FO DTS)) in a synthetic hydraulic 
tomography test. Next, we design and 
implement the first hydraulic tomography 
experiment measuring groundwater head and 
 
  

flux data simultaneously in a shallow granular 
aquifer at Saint-Lambert site close to Québec 
city, Canada. The results from numerical 
studies reveal that flux data outperforms the 
head data for a small number of observations 
while for the high number of observations, the 
reconstructed heterogeneity is independent of 
the data type. The results from the hydraulic 
tomography experiment show the advantage of 
including a high number of measured flux 
obtained by A-FO DTS leads to a reduction of 
estimation uncertainty.  
Finally, the passive DTS is used to monitor 
groundwater flow in an artesian fractured 
borehole at  Ploemeur site in Brittany. The 
results unveil the potential of passive DTS for 
capturing the groundwater dynamics in 
fractured media. 
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